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Abstract. 19 
 20 
In this study, we investigate the impact of riming on the deuterium excess (d-excess = δ2H – 8·δ18O) of 21 
precipitation. In mixed-phase clouds, precipitation forms by vapor deposition — where supercooled liquid 22 
droplets do not come in contact with ice particles — and by riming, where droplets freeze directly on particle 23 
surfaces. While vapor deposited ice generally has higher d-excess than liquid, riming is assumed to occur 24 
without isotopic fractionation. We correlated mean Doppler velocity (MDV), an independent indicator of 25 
riming, with precipitation d-excess (–23 to +45‰) at polar (Summit, Greenland; Ny-Ålesund and Andenes, 26 
Norway, Dumont d’Urville, Antarctica), mid-latitude (Cazadero, California) and tropical (Rio Claro, Brazil) 27 
sites. The d-excess decreases with increasing MDV (or riming intensity) at all locations, except for winter 28 
precipitation at Summit. The low d-excess of rimed ice is consistent with the evaporation of accreted liquid on 29 
particle surface before freezing is complete. For Summit winter, cold temperatures and low δ18O of vapor 30 
suppress d-excess independently of riming. Calculations show that mixtures of ice growing by riming and vapor 31 
deposition (including diamond dust) can produce the observed range of precipitation d-excess in this study. We 32 
conclude that riming-driven lowering of d-excess can explain, at least in part, the spatial gradients in surface 33 
snow d-excess across Greenland and Antarctica previously attributed to changes in source moisture origin, and 34 
the very low d-excess of rainfall attributed solely to sub-cloud evaporation. Precipitation d-excess can be used to 35 
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estimate the rimed mass fraction, providing observational constraints for improving microphysics schemes in 36 
climate models. 37 
 38 
1. Introduction 39 
Polar ice cores have long been known to record temperature changes in past climates based on their oxygen 40 
(δ18O) and hydrogen (δ2H) isotope compositions (e.g., Dansgaard et al., 1969; Jouzel et al., 2013). The relative 41 
composition of these isotopes, namely d-excess (defined as δ2H – 8·δ18O), is believed to provide insights into 42 
the climatic conditions (temperature, relative humidity, windspeed) of source moisture origin (Dansgaard, 1964; 43 
Masson-Delmotte et al., 2005; Jouzel et al., 2013). Lower d-excess of Greenland and Antarctic ice cores from 44 
the Last Glacial Maximum (LGM) compared to the Holocene, or in the warming phase compared to the cooling 45 
phase of abrupt climate change events in Greenland (Jouzel et al., 2007), has been suggested to indicate 46 
substantial and rapid reorganization of the high-latitude hydrological cycles that changed the geographical 47 
region of source moisture origin (Johnsen et al., 1989; Jouzel et al., 2007). In addition to temporal differences, 48 
the northward increase in d-excess of surface snow across Greenland is attributed to differences in source 49 
moisture origin (Johnsen et al., 1989; Masson-Delmotte et al., 2005). 50 
 51 
The interpretation of the d-excess of precipitation and ice cores is guided by two primary constraints (Fig. S1, 52 
Supplementary Material). The first constraint is that d-excess is inherited from the oceanic evaporation source 53 
moisture. The global average precipitation d-excess of ~+10‰ (Dansgaard, 1964) reflects the differential kinetic 54 
fractionation of 2H relative to 18O under mean oceanic evaporation conditions (Merlivat and Jouzel, 1979). 55 
During evaporation, H₂O diffuses faster than both H₂¹⁸O and HDO across the vapor–liquid interface, so the 56 
vapor is depleted in ¹⁸O and ²H relative to the liquid. However, because HDO diffuses faster than H₂¹⁸O 57 
(Merlivat, 1978), the resulting d-excess of the vapor is higher than that of the liquid. The kinetic increase in 58 
vapor d-excess is greater when evaporation occurs at lower relative humidity or warmer sea surface 59 
temperatures (Dansgaard, 1964; Merlivat and Jouzel, 1979). In the current climate, oceanic vapor is estimated to 60 
have a d-excess range of ~+8 to +13‰ (northern hemisphere) and ~+9 to +12‰ (southern hemisphere), 61 
suggesting a seasonal d-excess variability of ~3 to 5‰ (Pfahl and Sodemann, 2014). Ocean evaporation in dry 62 
conditions (~30% relative humidity) may result in vapor with d-excess of about +25‰ (Pfahl and Sodemann, 63 
2014). However, precipitation d-excess in the adjacent land areas generally does not correspond to such higher 64 
d-excess values because precipitation results from a mixture of moisture sources with different evaporation 65 
histories (Pfahl and Sodemann, 2014). 66 
 67 
The second constraint is related to ice growth in mixed phase clouds, where a supercooled liquid phase co-exists 68 
with ice and vapor at temperatures above approximately –38°C (Pruppacher and Klett, 2010; Houze, 2014); 69 
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there, when ice crystals grow by vapor deposition (i.e. the Wegener-Bergeron-Findeisen [WBF] process), the d-70 
excess of ice is higher than the co-existing liquid or vapor. In the WBF process, liquid droplets do not come in 71 
direct contact with the ice particles, but instead evaporate owing to a higher saturation vapor pressure over 72 
liquid than ice. The vapor then diffuses and is deposited on ice particles (Houze, 2014; Pruppacher and Klett, 73 
2010). As HDO diffuses faster than H218O, the d-excess of ice may be ~30‰ higher than that of the liquid, 74 
depending upon the level of supersaturation in the vapor with respect to ice (Jouzel and Merlivat, 1984; Uemura 75 
et al., 2005; Casado et al., 2016). 76 
 77 
Because of this large fractionation during ice growth by vapor deposition, source moisture d-excess may be 78 
more directly reflected in “warm rain” that does not involve an ice phase. However, precipitation over land and 79 
oceans forms dominantly by ice-phase processes (Mülmenstädt et al., 2015). Even in the tropics where warm 80 
rain is most prevalent, clouds producing only warm rain are largely confined to shallow isolated oceanic 81 
convective cells and onshore tropical flow over land (Schumacher and Houze, 2003; Mülmenstädt et al., 2015). 82 
This implies that the lower d-excess commonly observed in precipitation cannot be explained by source 83 
moisture conditions alone and must reflect an additional in-cloud process that reduces d-excess. 84 
 85 
In addition to the WBF process, ice growth in mixed phase clouds can occur by riming. Unlike the WBF 86 
process, riming involves the collision of ice particles and liquid droplets, leading to the direct freezing of 87 
droplets on particle surfaces (Pruppacher and Klett, 2010; Houze, 2014). Collisions between ice particles form 88 
aggregates or snow-flakes (Pruppacher and Klett, 2010); the colliding ice particles themselves may have formed 89 
by the WBF or riming process. 90 
 91 
A fundamental assumption in existing interpretations of precipitation d-excess is that riming occurs without an 92 
isotopic fractionation (Federer et al., 1982; Jouzel and Merlivat, 1984; Ciais and Jouzel, 1994; Bailey et al., 93 
2025). That is, the rimed ice has the same isotopic composition and d-excess as the liquid. To the best of our 94 
knowledge, this assumption has not been thoroughly explored in the literature.  95 
 96 
Evidence from several field, laboratory and modeling studies suggests that isotopic fractionation may indeed be 97 
involved in riming. For example, Warburton and deFelice (1986) and Demoz et al. (1991) analyzed freshly 98 
fallen snow in the Sierra Nevada mountains and observed that the δ18O of snow was lower when ice crystal 99 
habits were typical of vapor deposition (dendrites, columns and plates) compared to graupel and other rimed 100 
particles. Lowenthal et al. (2011) used sulfate concentrations in cloud water and Rocky Mountain snow to 101 
estimate the fraction of ice that formed by riming and observed that the δ18O of snow increased as the rimed 102 
fraction increased.  103 
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 104 
Bailey et al. (1969) conducted laboratory experiments in an icing tunnel (air temperature = –20°C) to study 105 
isotopic fractionation during the freezing of supercooled droplets on a cold surface (riming). The experiments 106 
were conducted at liquid water concentrations (LWC) of 1 or 5 g m-3. At the lower water content, the droplets 107 
froze completely and rapidly, while at the higher water content, the supercooled liquid droplets were considered 108 
to have partially evaporated before freezing was complete. In both experiments, the δ18O and δ2H values of the 109 
frozen material were slightly higher than those of the supercooled liquid. A modeling study by Jouzel et al. 110 
(1985) corroborated the laboratory results of Bailey et al. (1969) and suggested that the higher δ values of the 111 
rimed ice likely result from the evaporation of the accreted liquid and/or its partial freezing. (1969). At lower 112 
LWC, the droplets froze completely and rapidly (“dry-growth” regime), while at higher LWC, the supercooled 113 
liquid was considered to have partially evaporated before freezing was complete (“wet-growth” regime). These 114 
studies were conducted in the context of the hailstone growth. Hailstones are an extreme case of riming 115 
distinguished by their larger size (>5 mm) compared to rimed particles (Pruppacher and Klett, 2010). A 116 
continuum of ice particles from unrimed to graupel and hail has been shown based on their mass-size 117 
relationships (Lin and Colle, 2011) and the physics of isotopic fractionation in hailstones is equally applicable to 118 
the riming of smaller particles in mixed phase clouds. 119 
 120 
More significantly than the slightly higher δ values, the d-excess of rimed ice in the laboratory and modeling 121 
studies was lower than that of the supercooled liquid. Natural hailstones analyzed by Jouzel et al. (1985) had 122 
low (<+10‰) d-excess values. Increased riming of snow from the Rocky Mountains (Lowenthal et al., 2011) 123 
also appears to correspond to lower d-excess values reported in Lowenthal et al. (2016). 124 
 125 
Studies of the mechanism of riming (e.g., Macklin and Payne, 1967; Pruppacher and Klett, 2010, Korolev et al., 126 
2017, and references therein) suggest that when a liquid droplet collides with an ice particle, it may lose some 127 
water by splashing, depending on the impact velocity. The drop initially freezes with a thin frozen shell as the 128 
latent heat of fusion released in the process warms the inner part of the droplet. The colliding droplet may also 129 
spread to form a thin film on the particle surface. Heat dissipation then occurs by conduction — raising the 130 
particle surface temperature above that of the surrounding air — and by evaporation when the air is subsaturated 131 
with water vapor. If the latent heat is dissipated fast enough to keep the particle surface temperature (Ts) a few 132 
degrees below 0°C, the accreted water freezes in the dry-growth regime, with or without the loss of some 133 
accreted water by shedding. Conversely, if heat dissipation is slower — for example, due to high droplet 134 
concentration or increased frequency of droplet-particle collisions — the Ts rises and the accreted water spreads 135 
to form a thin film on the particle surface temperature may rise to 0°C.. In that case, the accreted water freezes 136 
in the wet-growth regime where the liquid film may be partially and some water may be lost by evaporatedion  137 
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before freezing is complete. The water lossThis evaporation is driven by the vapor pressure difference between 138 
the warmer particle surface and the ambient air. splashing, shedding, and evaporation may be as much as 30% or 139 
higher, depending upon the size and structure of the ice crystals, the impact velocity of droplets, the liquid water 140 
content, and other physical parameters (Pruppacher and Klett, 2010  141 
 142 
More significantly than the slightly higher δ values, the d-excess of rimed ice in the laboratory and modeling 143 
studies was lower than that of the supercooled liquid. Natural hailstones analyzed by Jouzel et al. (1985) had 144 
low (<+10‰) d-excess values. Increased riming of snow from the Rocky Mountains (Lowenthal et al., 2011) 145 
also appears to correspond to lower d-excess values reported in Lowenthal et al. (2016). Studies of isotope 146 
fractionation 147 
The liquid film during riming were conducted in the context of the growth of hailstones, which are an extreme 148 
case of riming distinguished only by their much larger size (>5 mm) compared to rimed particleswet-growth 149 
may be persistent (Ts = 0°C) or transient, depending on the particle size, LWC, and ambient air temperature 150 
(Ta). The minimum LWC required to sustain a persistent liquid film is the Schumann-Ludlam limit (Pruppacher 151 
and Klett, 2010). A continuum of ice particles from unrimed to graupel and hail has been shown based on their 152 
mass-size relationships (Lin and Colle, 2011) and the results of hailstone studies are equally applicable to the 153 
riming of smaller particles in mixed phase clouds. Wet-growth (particle surface temperature, Ts = 0°C) with 154 
partial evaporation of the accreted liquid requires that the supercooled water collection rate exceed the rate at 155 
which it can be frozen. Calculations using a heat balance equation (Pruppacher and Klett, 2010) show that for 156 
small particles of ~2 mm or less, and the relatively low liquid water contents (LWC) that are generally observed, 157 
this limit may be reached in stratiform clouds, wet-growth may occur at Ta > –10 to –5 °C, particularly when 158 
LWC increases due to embedded convection or enhanced turbulence. Even below this limit, Mossop (1976) 159 
showed that a transient liquid film is sufficient for wet-growth (with evaporation of the liquid) on small particles 160 
(0.5 to 2 mm) at Ta = –5°C when Ts rises above the ambient by more than 0.6°C. Wet growth — whether from a 161 
persistent or transient liquid film — is therefore expected in stratiform clouds at air temperatures greater than 162 
warmer than approximately −10°C, consistent with the Hallett-Mossop riming zone (~ –8 to –3°C) within which 163 
supercooled liquid water is most abundant (Mossop, 1976). Below about –10 to –15 °C. Below that 164 
temperature°C, riming would occur predominantly by a dry-growth process. 165 
 166 
Ice growth by riming frequently occurs in precipitation at all latitudes and across various meteorological 167 
conditions (Korolev et al., 2017). It is estimated that in mixed phase regions, the riming process is active in 168 
about half of the stratiform clouds and almost all of the convective clouds. (Korolev et al., 2017). For example, 169 
riming is estimated to contribute about 30 to 50% of the surface snowfall mass in the Sierra Nevada Mountains 170 
(Mitchell et al., 1990; Lowenthal et al., 2011) and near Sapporo, Japan (Harimaya and Sato, 19891992). Arctic 171 
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precipitation at Hyytiälä, Finland and Ny-Ålesund, Svalbard and Hyytiälä, Finland includes up to 40% of the 172 
snow mass from riming (Moisseev et al., 2017; Chellini and Kneifel, 2024). At Oliktok Point, Alaska, USA, 173 
about two thirds of the Arctic precipitation forms by riming (Fitch and Garrett, 2022). Riming has been 174 
observed in snowfall onat the South Pole (Ohtake, 1978). In eastern Antarctic coastal precipitation at Dumont 175 
d’Urvilled'Urville, a mean riming growth of about 30% was estimated with ~11% of the rimed particles being 176 
fully developed graupel (Grazioli et al., 2017). 177 
 178 
Riming increases the particle mass and density and the particle becomes more rounded in shape (Pruppacher and 179 
Klett, 2010; Houze, 2014). These changes result in a generally higher terminal fall velocity of rimed particles 180 
compared to unrimed particles, which grow by vapor deposition (Locatelli and Hobbs, 1974; Weiss et al., 1977; 181 
Heymsfield and Kajikawa, 1987; Pruppacher and Klett, 2010; Heymsfield et al., 2013; Garrett and Yuter, 2014; 182 
Houze, 2014; Kneifel and Moisseev, 2020; Matrosov, 2023). A lightly rimed snowflake might fall at 0.5–1 m s-1 183 
while a dense graupel particle falls at >1.5 m s-1 (Locatelli and Hobbs, 1974). So, terminal velocity is essentially 184 
a proxy for the degree of riming. 185 
 186 
While the fall velocity of rimed or unrimed particles is dependent on physical characteristics (size, shape, mass 187 
and density), the d-excess would respond to the microphysical process (WBF or riming) responsible for the 188 
phase change from vapor or liquid to ice. Consequently, it may be possible to distinguish d-excess change 189 
resulting from ice growth purely by the WBF process (unrimed) from that by riming based on the higher fall 190 
velocities (> ~1 m s-1) of rimed particles. 191 
 192 
In this study, we use the terminal fall velocity as an independent parameter to explore the impact of riming on d-193 
excess in polar to tropical precipitation (observed d-excess range ~ –23 to +45‰). We have also used 194 
photographic images of precipitating snowflakes to document riming and vertical profiles of temperature and 195 
humidity derived from radiosonde soundings to characterize cloud processes at the polar locations in our study. 196 
Our findings reveal that precipitation d-excess values decrease with an increasing terminal fall velocity or the 197 
fraction of particle mass attributed to riming. We conclude that d-excess is a powerful indicator of riming or 198 
vapor deposition growth during precipitation formation and may be used to characterize changes in cloud 199 
microphysical processes at a variety of spatial or temporal scales, with implications for the interpretation of d-200 
excess records in ice cores and other high-resolution paleoclimate archives. 201 
 202 
 203 
 204 
 205 
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2 Data and Methods  206 

2.1 Study Locations 207 
To test our hypothesis that d-excess values in precipitation reflect microphysical processes associated with 208 
riming, it is important to consider concurrent data for isotope compositions and terminal fall velocities on a 209 
daily or shorter time scale; this approach minimizes data averaging much beyond the precipitation events where 210 
isotope compositions are acquired. Likewise, because the nature of cloud processes is essentially the same on 211 
the global scale (Pruppacher and Klett, 2010; Houze, 2014), data from the polar to the tropical regions would be 212 
important. Table 1 lists the coordinates and Fig. 1 shows the locations where we have successfully compiled 213 
concurrent isotope and terminal fall velocity data. In addition, vertical profiles of temperature and relative 214 
humidity were obtained for the polar locations to characterize the cloud microphysical processes. 215 
 216 
Table 1. Coordinates and surface elevations (meters above sea level) of study locations. 217 
 218 

Location Latitude Longitude Elevation (masl) 
Polar    
Summit, Greenland 72° 36' N 38° 30' W 3250 
Ny-Ålesund, Svalbard, Norway 78° 55' N 11° 56' E 11 
Andenes, Norway 69° 14' N 15° 41' E 10 
Dumont d’Urville, Antarctica 66° 39' S 140° 0' E 41 
    
Mid-latitudes    
Cazadero, California 38° 36' N 123° 13' W 475 
    
Tropics    
Rio Claro, Brazil 22° 39' S 47° 54' W 670 

 219 
 220 

 221 
Figure 1. Map showing the study locations (base map downloaded from 222 
https://www.freeworldmaps.net/printable/hammer-worldmap-hd.jpg). 223 

  224 
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2.2 Terminal Fall Velocity 225 

The terminal fall velocity of ice particles is commonly determined using vertically-pointing ground-based 226 
Doppler radars (Houze, 2014) or particle imaging devices such as a multi-angle snowflake camera, MASC 227 
(Garrett and Yuter, 2014; Praz et al., 2017). Doppler velocities from profiling radars have been reported at each 228 
of the study locations for all or part of the same time period as the isotope samples. In addition, a limited amount 229 
of concurrent terminal fall velocity data acquired with a MASC were retrieved for Summit, Greenland. 230 
 231 
2.2.1 Doppler velocity and terminal fall speed in stratiform clouds 232 
 233 
The use of Doppler radars for measuring the terminal fall velocities of hydrometeors has been extensively 234 
described in the literature (e.g., Weiss and Hobbs, 1975; Orr and Kropfli, 1999; Protat and Williams, 2011; 235 
Houze, 2014). Briefly, Doppler radars used for cloud and precipitation studies emit microwave radiation that is 236 
reflected by various hydrometeors (snow, ice or rain drops) and the travel time, strength, and phase of the 237 
returned signal are used to determine the altitude (or range), reflectivity, and Doppler velocity of the reflecting 238 
objects (Houze, 2014). The reflectivity values are reported as the “effective reflectivity” (Ze) in units of mm6 m-3 239 
(or in decibels, dBZ = 10 log10 Ze). The Doppler velocity is denoted as the mean Doppler velocity (MDV) with 240 
units of m s-1 and is the reflectivity-weighted mean of the measured Doppler spectrum. An altitude correction is 241 
applied to Doppler velocities owing to the lower air density (pressure) at higher elevations (Heymsfield et al., 242 

2013): MDVo = MDVh !!!!""
"#.%

 ≈ MDVh !&###'"
"
"#.%

. Here, ρ is air density, P is atmospheric pressure in hPa, 243 

and the subscripts o and h, respectively, are mean sea level or the height where the measurement is made. Note 244 
that we are using the convention that positive MDV is towards the radar such that lower MDV values indicate 245 
weaker downward motion. 246 
 247 
The mean Doppler velocity consists of two components: the terminal fall velocity of the hydrometeor (Vt) and 248 
the vertical air motion (Va): MDV = Vt + Va (Orr and Kropfli, 1999; Houze, 2014). In stratiform clouds, small-249 
scale vertical air motions are both upwards and downwards (Orr and Kropfli, 1999; Houze, 2014). It has been 250 
shown that these small-scale air motions cancel out when MDV is averaged over a period of at least 20–30 min 251 
in stratiform or anvil cloud regions (Mosimann, 1995; Orr and Kropfli, 1999; Protat and Williams, 2011). Then, 252 
MDV ≈ Vt. The assumption of cancelling vertical air motions is not valid for convective clouds where 253 
downdrafts and updrafts are significantly higher and persistent, such that the use of MDV for characterizing the 254 
rimed nature of snow particles is only feasible for stratiform precipitation (Mosimann, 1995; Orr and Kropfli, 255 
1999). 256 
 257 
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Terminal velocities and particle size distributions from field campaigns conducted over a wide temperature 258 
range (–86° to 0°C) were evaluated by Heymsfield et al. (2013). All else being equal (e.g., particle shape, degree 259 
of riming), the MDV (and reflectivity) is lower when precipitation consists of smaller particles, which in general 260 
are produced in colder clouds. As a result, seasonal differences in particle size may potentially mask the increase 261 
in MDV due to riming (Heymsfield et al., 2013; Chellini and Kneifel, 2024). 262 
 263 
2.2.2 Doppler velocity and precipitation phase 264 
While d-excess is measured in precipitation samples collected on the ground, the altitude at which the MDV 265 
values can be used to characterize riming depends on the phase (snow or rain) of precipitation. For snowfall, 266 
MDV close to the ground at a height free of ground interference can be used (Weiss and Hobbs, 1975; Orr and 267 
Kropfli, 1999). In the case of rainfall, however, the MDV aloft in the snow region above the melting level is 268 
used (Fig. S2).  269 
 270 
Stratiform rain results from the melting of snow particles in an ~500 m thick layer called the melting layer (Fig. 271 
S2; Pruppacher and Klett, 2010; Houze, 2014). The height of the melting layer above ground is typically less 272 
than about 3 km in mid- to high-latitudes and between 4 and 5 km in the tropics. Within the melting layer, the 273 
snowflakes generally melt without further growth or breaking into smaller drops (Ohtake, 1969; Karrer et al., 274 
2022). Weiss et al. (1977) investigated the use of MDV during rainfall to determine the rimed nature of snow 275 
particles above the melting layer. They used the fall velocity of rimed and unrimed snow particles of known 276 
mass measured in situ by Locatelli and Hobbs (1974) as the fall velocity of snow (Vs) above the melting layer. 277 
The relationship between raindrop mass and fall velocity (Atlas et al., 1973) was used to obtain the fall velocity 278 
of raindrops just below the melting layer (Vr). Based on a correlation of Vs versus Vr, graupel and heavily rimed 279 
particles could be differentiated from unrimed or lightly rimed aggregates, as validated against field 280 
measurements (Weiss et al., 1977). Mosimann (1995) and Zawadzki et al. (2005) have also suggested that 281 
riming during rainfall can be characterized using particle fall velocities in the snow region. 282 
 283 
The melting layer is identified by a distinct peak in the profile of radar reflectivity or “bright band” (Fig. S2; 284 
Pruppacher and Klett, 2010; Houze, 2014), which occurs when ice particles become coated in water and appear 285 
brighter to the radar because of the dielectric difference between water and ice. Following White et al. (2002), 286 
the top of the melting layer is identified at the inflection point in the MDV vertical gradient just above the bright 287 
band, where the profile transitions from a nearly constant MDV in the snow region above to a rapidly increasing 288 
MDV within the melting layer (Fig. S2). The bottom of the melting layer is similarly identified at the inflection 289 
point just below the bright band, when all the ice particles have fully melted into smaller rain drops, and the 290 
MDV transitions from its maximum within the melting layer to the more gradual increase characteristic of the 291 
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rain region below. We used this approach to retrieve the MDV above the melting layer at Cazadero, California 292 
and Rio Claro, Brazil where all surface precipitation was in the form of rainfall. The same approach was used 293 
for Ny-Ålesund and Andenes, Norway when rainfall at the surface was indicated by a bright band aloft in the 294 
reflectivity profiles. 295 
 296 
2.2.3 MASC fall velocity and snowflake photographs at Summit 297 
Particle fall velocities for some of the days of isotope sampling at Summit were available from a Multi-Angle 298 
Snowflake Camera (MASC). A MASC captures photographs of snow particles in free fall from multiple angles 299 
while simultaneously measuring their fall velocity (Garrett and Yuter, 2014). The cameras are automatically 300 
triggered by near-infrared detectors that are vertically offset by 3.2 cm. The minimum particle size detected by 301 
the MASC is 0.1 mm. The fall velocity is calculated by the time difference when the upper and lower detectors 302 
are triggered successively within 1 s, equivalent to a minimum fall speed of 0.03 m s-1.  303 
 304 
In addition to the photographs captured by the MASC, an ice particle imaging camera (IcePIC), which consisted 305 
of a manually operated camera attached to a microscope, is a part of the instrument cluster of the ICECAPS 306 
observatory at Summit (Shupe et al., 2013). The device is housed in a wooden shed that prevents contamination 307 
from blowing snow during the collection of images. Falling snow was collected on glass slides that were 308 
cleaned with isopropyl/glycol mixture, dried, and placed on a wooden table. This table, however, was in an open 309 
area where blowing snow contamination on the slide was possible. To minimize this effect, the slides were 310 
placed on either side of a vertical barrier to be differentiated as upwind or downwind locations. Sample 311 
accumulation times ranged from a few minutes to several hours depending upon precipitation rate. The slides 312 
were then observed with the IcePIC system. The microscope stage and air around the device were at or near 313 
ambient temperature. The IcePIC photographs and accompanying notes from the microscopic examination were 314 
retrieved from the ICECAPS database (https://downloads.psl.noaa.gov/psd3/arctic/summit/icepic) on 31 July 315 
2023. The photographs may be used to qualitatively characterize riming on ice crystals during precipitation 316 
events, but may not be representative of particle habits in daily precipitation. 317 
 318 

2.3 Doppler velocity and isotope data at the study locations 319 

Table 2 shows the details of the vertically-pointing Doppler radars deployed at the locations in this study along 320 
with the sources of isotope and radar data. Isotopic compositions of precipitation were obtained from published 321 
studies. The oxygen and hydrogen isotope analyses were conducted by standard methods using mass-322 
spectrometers or laser analyzers and the analytical details are available in the original publications. As noted 323 
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previously, d-excess is defined as: d (‰) = d2H – 8·d18O, where d = (Rsample / Rstandard – 1) ·1000, and R is the 324 
isotope ratio (18O/16O) or (2H/H) in a sample or the VSMOW (Vienna Standard Mean Ocean Water) isotope 325 
standard. 326 
 327 
The dates and times of data averaging for reflectivity and MDV are provided in Table S1. At the polar locations, 328 
precipitation samples were collected on a daily (~24 hr) time scale while those at the mid-latitude and tropical 329 
locations were collected at a higher frequency (~30 min or less). We note that daily isotope sampling at the 330 
polar locations includes parts of two calendar days. To be precise, we would average the MDV over the same 331 
24-hr period. However, radar data were not always available for two consecutive days and in some cases, there 332 
was no or little precipitation on the first day. Sensitivity testing with available data for 24-hr average MDV over 333 
consecutive days of precipitation indicated a negligible difference from the daily average for one calendar day. 334 
 335 
Table 2. Characteristics of Doppler radar and sources of isotope or radar data at the study locations 336 
 337 
Location Frequency Resolution Range Data Sources 

 (GHz) Vertical (m) Time (s) (m)  
Summit 35 45 2 6000 Kopec et al., 2019; ARM, 2010 

      
Ny-Ålesund 24.1 30 60 930/1500 Mellat et al., 2021; Leroy-Dos Santos et 

al., 2020; Seidl et al., 2024; Ebell et al., 
2023; NCPOR, 2026 

      
Andenes 35 30 2 6000 Seidl et al., 2024; ARM, 2019 

      
Dumont d’Urville 24.1 100 60 3100 Leroy-Dos Santos et al., 2023; Wiener et 

al. (2024) 
      

Cazadero 2.875 60 30 10162 Coplen et al., 2015 
      

Rio Claro 24.1 150/300 60 4650/9300 Santos et al., 2024 
 338 
 339 
2.3.1 Summit 340 
Kopec et al. (2019) reported the isotopic compositions of daily precipitation between July 2011 – September 341 
2014. The d-excess values range from +6.4 to +34.9‰ in the summer (June, July, August or JJA) and from –342 
10.6 to +15.9‰ in the winter (December, January, February or DJF). During the other seasons, d-excess values 343 
range from –9.3 to +25.4‰.  344 
 345 
Snowfall at Summit is generally weak (Shupe et al., 2013) and average daily values of reflectivity and MDV 346 
were calculated for the days concurrent with isotope sampling. The reflectivity and terminal fall velocity at 347 
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Summit increase as snow particles fall toward the ground surface, indicating continuous particle growth 348 
(Castellani et al., 2015; Pettersen et al., 2018). Therefore, the lowest radar level (~200 m) was used that is free 349 
of ground clutter (Shupe et al., 2013; Castellani et al., 2015). An air density correction was applied to MDV 350 
values as the ground elevation at Summit station is 3250 m. 351 
 352 
2.3.2 Ny-Ålesund and Andenes 353 
Leroy-Dos Santos et al. (2020) reported the isotopic compositions of daily precipitation during 2014 – 2018 354 
from Ny-Ålesund, located on the west coast of Svalbard, Norway. The samples consisted of snow, rain and 355 
‘melt’, likely referring to a mixture of rain and snow. Smaller datasets of rain and snow samples were reported 356 
for July-August 2018 (Mellat et al., 2021) and February – March 2020 (Seidl et al., 2024). Isotopic composition 357 
of Andenes precipitation (rain and snow) for February – March 2020 also was reported by Seidl et al. (2024). 358 
The 2020 dataset from Ny-Ålesund and Andenes included a limited number of sub-daily samples. The d-excess 359 
values for the entire Ny-Ålesund dataset ranged from –55.8 to +37.6‰. The lowest values were measured for 360 
snow samples collected on 2016-12-12 (–55.8‰) and 2018-04-14 (–51.7‰) at Ny-Ålesund. Samples selected 361 
for this study (based on radar data availability) have a d-excess range from –8.2 to +45.2‰ at Ny-Ålesund and 362 
from –1.0 to +30.2‰ at Andenes. 363 
 364 
Doppler radar data at Ny-Ålesund were obtained from two co-located MRR-2 instruments deployed by research 365 
groups from Germany (for 2017-2020) and India (2014-2017). The results from the two instruments were 366 
compared on overlapping measurement days; the inter-instrument mean MDV difference (0.023 m s-1) was 367 
negligible and no offset correction was applied. Daily or sub-daily averages of reflectivity and MDV were 368 
obtained for the days concurrent with isotope sampling. The precipitation phase was identified from the 369 
presence or absence of a bright band in vertical profiles of reflectivity. When present, the top of the bright band 370 
generally was at about 600 – 900 m above ground. As both snow and rain at Ny-Ålesund and Andenes may 371 
occur within a single day, we also evaluated sub-daily vertical profiles of reflectivity and Doppler velocity in the 372 
0 – 12 hr and 12 – 24 hr time intervals. In many cases, the bright band occurred only in one interval and the 373 
radar reflectivity and MDV profiles generally were not usable for correlation with the daily values of d-excess, 374 
except for some of the 2020 samples that were collected at sub-daily intervals (Table S1). These constraints on 375 
radar data did not allow for the use of the lowest d-excess samples (< –10‰) in this study. For snow 376 
precipitation, the 150-m level above ground was used to avoid ground interference with the radar measurements 377 
at lower levels. 378 
 379 
 380 
 381 
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2.3.3 Dumont d’Urville 382 
The isotopic compositions of daily precipitation from January – July 2019 and January – December 2020 were 383 
reported by Leroy-Dos Santos et al. (2023). Wiener et al. (2024) reported the corresponding radar reflectivity 384 
and Doppler velocity. As precipitation at Dumont d’Urville is stratiform (Wiener et al., 2024), daily averages of 385 
reflectivity and MDV were calculated. These values increase with decreasing altitude up to about 1 km above 386 
ground, consistent with snow particles growing as they fall towards the ground surface. At lower heights, 387 
subSub-cloud sublimation of snow may be significant in the lower most ~1 km due to strong katabatic winds 388 
blowing off of the Antarctic continent (Grazioli et al., 2017; Wiener et al., 2024). 389 
 390 
Sublimation decreases the reflectivity of snow at lower altitudes (Duran-Alarcon et al., 2019). Katabatic winds 391 
may consistently increase the Doppler velocity (Wiener et al., 2024) and it may no longer be equated with the 392 
terminal fall velocity. We used the vertical profiles of reflectivity below 2.5 km to identify and exclude 393 
sublimation-affected data (Duran-Alarcon et al., 2019). The profiles could be classified into two groups. One 394 
group — which is excluded from the analysis — shows a substantial decrease below ~1 km that indicates 395 
sublimation (Fig. S3). In the second group, reflectivity below ~1 km did not change significantly and the MDV 396 
values were retrieved for the 300-m level, which is the lowest level at this location free of ground interference 397 
with radar measurements (Wiener et al., 2024), and avoids the katabatic layer that affects the lowest ~200–500m 398 
at this location (Vignon et al., 2019). The d-excess of the selected samples of daily precipitation ranges from –399 
5.1 to +14.0‰. 400 
 401 
2.3.4 Cazadero 402 
Coplen et al. (2015) provided the isotopic compositions of precipitation from multiple events between January 403 
to March over the 2005 – 2010 period and radar reflectivity and Doppler velocity data for several of these events 404 
were available. The precipitation samples were collected with an automated sampling device at ~30-min 405 
intervals. We selected the time intervals where a bright band in radar reflectivity was clearly present and 406 
estimated the top of the melting layer using the vertical gradients of MDV and reflectivity (White et al., 2002). 407 
Average MDV values just above this height were calculated for 30-min intervals concurrent with isotope 408 
samples. The top of the melting layer for periods of interest in this study was ~2 to 3 km above ground and the 409 
MDV values were adjusted for air density at that altitude. The d-excess of samples selected for this study ranged 410 
from –22.9 to +20.5‰. 411 
 412 
2.3.5 Rio Claro   413 
The isotopic composition of tropical rainfall at Rio Claro, Brazil was reported by Santos et al. (2024). Rainfall 414 
was sampled at 5-10 min intervals during precipitation events lasting for about an hour to several hours. Three 415 
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events (8 October 2019, 10 December 2019 and 5 January 2020) had a sufficiently long stratiform period to 416 
allow averaging over 25- to 30-minute intervals. The top of the melting layer, determined using the same 417 
approach outlined above for Cazadero, ranged from ~4 to 4.5 km and an altitude correction was applied to 418 
average MDV values. The d-excess values of samples from the selected events ranged from +4.5 to +21.9‰. 419 
 420 
2.4 TemperatureRadiosonde profiles of temperature and Relative Humidityrelative humidity 421 
Vertical profiles of temperature (T) and relative humidity (RH) from radiosonde soundings were retrieved for 422 
Summit (Shupe et al., 2013), Ny-Ålesund (Maturilli and Kayser, 2016, 2017; Maturilli and Dünschede, 2023) 423 
and Dumont d'Urville (Météo-France: https://donneespubliques.meteofrance.fr/; accessed on 12 June 2026). 424 
Height-resolved ice supersaturation index (SI) profiles were computed from daily radiosonde soundings 425 
interpolated to a uniform 100 m vertical grid and matched to precipitation isotope sample dates. SI was defined 426 
as (eactual/eice(T) − 1) · 100, where eactual = (RH/100) · ew(T) is the vapor pressure of water vapor in the air 427 
computed from the radiosonde-measured RH and temperature, eice(T) and ew(T) are, respectively, the saturation 428 
vapor pressure over ice and over liquid water at the given temperature, both computed following Murphy and 429 
Koop (2005).  430 
 431 
Ice supersaturation is expressed in two equivalent forms in this paper: as a percentage (SI) for radiosonde profile 432 
analysis, and as a dimensionless ratio Si = 1 + SI/100 in the isotope fractionation equations (Jouzel and Merlivat, 433 
1984). We also define SIw as the value of SI at liquid water saturation: SIw = (ew(T)/eice(T) − 1) · 100. Because 434 
eactual = (RH/100) · ew(T), it follows that SI/SIw = RH/100 — that is, the ratio SI/SIw is numerically equal to the 435 
fractional relative humidity with respect to liquid water, reaching a value of 1.0 when RH = 100%. As SI/SIw 436 
approaches 1, supercooled liquid droplets can coexist with ice crystals and riming growth would be enabled 437 
(Korolev and Mazin, 2003). When SI > 0 but SI/SIw ≪ 1, the air is supersaturated with ice but well below 438 
saturation with liquid water and ice growth occurs predominantly by vapor deposition. 439 
 440 

3 Results 441 

We first examine the correlation of d-excess with riming intensity at Summit, Greenland using photographs, fall 442 
velocity from the Multi-Angle Snowflake Camera (MASC), and MDV from vertically pointing radar, followed 443 
by an examination of cloud microphysical conditions using radiosonde soundings. We then present d-excess–444 
MDV correlations at the remaining sites and radiosonde-derived cloud profiles at Ny-Ålesund and Dumont 445 
d’Urville. Finally, we examine the effects of sub-cloud rain evaporation and in-cloud processes on d-excess 446 
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variability, including a process-weighted calculation of d-excess based on the vapor deposition and riming 447 
growth frameworks of Jouzel and Merlivat (1984) and Jouzel et al. (1985). 448 
 449 
3.1 Riming and d-excess at Summit 450 
3.1.1 Snow particle photographs 451 
We reviewed hundreds of IcePIC photos for the 2011-2014 period that were concurrent with the isotope 452 
samples. Selected images corresponding to a range of d-excess values in daily precipitation are shown in Table 453 
3. High d-excess (~+22‰) occurs in the summer (JJA) when snowfall contains unrimed single crystals or 454 
aggregates of various shapes, including columns, bullets, stellar plates or dendrites. Lower summer d-excess 455 
(~+14‰) is associated with snow particles showing heavier riming. The original crystal shapes of stellar plates 456 
and dendrites are preserved but riming growth covers almost the entire particle surface. 457 
 458 
Lowest d-excess of –2.5 to +3.8‰ corresponds to winter snowfall (DJF) with relatively small particles of ~20 to 459 
~700 µm. As the IcePic photographs show snow particles collected on a slide kept in open air, blowing snow 460 
may have been captured and all of the small particles may not have fallen directly as precipitation.Photographs 461 
of snow particles on which the fall velocity was measured provide visual evidence of the degree of riming 462 
corresponding to measured particle fall velocity.  463 
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Table 3. Photographs of snowflakes during precipitation events at Summit, Greenland captured with the IcePIC 464 
system. The scale bar in each photograph is ~500 µm (black) or ~100 µm (red). Photographs may not be 465 
representative of daily precipitation for which the d-excess values are listed here. 466 
 467 

   Date/Collector Notes d-excess (‰) 

A  

 

2012-07-03 
Small columns, bullets and plates (not visibly 
rimed). 

+22.4 

B 

  

2012-07-24 
Stellar crystals, small plates, dendrites (not visibly 
rimed).  

+22.7 

C 

  

2012-06-25 
Mostly aggregates. Stellar crystals, sectored 
plates (not visibly rimed). 

+21.4 

D 

  

2012-08-06 
Moderately to heavily rimed stellar plates and 
dendrites. 

+13.8 

E 

  

2012-05-27 
Stellar dendrites and plates. Much riming, some 
very heavy. Unrimed particles (right) observed in 
the afternoon. 

+13.5 

F 

  

2014-01-06 
Very small particles, columns, bullets and 
rosettes. (possible blowing snow contamination) 

+3.8 

G 

  

2014-02-05 
Small needles, prisms, rime clumps, few plates 
with rime. 
(scale graduations: 0.01mm) 

+3.0 

H 

  

2014-01-29 
Small columns, needles, prisms, large amount of 
rime pellets. (possible blowing snow 
contamination) 
(scale graduations: 0.01mm) 

–2.0 

I 

  

2014-02-28 
Rimed crystals and smaller irregular crystals. 
Rime clump on right is magnified from a portion 
of the image on left. 

–2.5 

 468 
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3.1.2 MASC fall velocity 469 
The MASC at Summit operated periodically during 2014 and measurements of fall velocity for several days in 470 
June, July and August 2014 were concurrent with isotope samples. The MASC-measured averageAverage fall 471 
velocity of snow particles and the d-excess of corresponding daily samples of summer precipitation (JJA) are 472 
shown in Fig. 2. Representative photographs of snow particles, on which the fall velocity was measured, are also 473 
shown. Note that precipitation samples for d-excess were collected over a ~24 hr period while the MASC fall 474 
velocities were measured for shorter durations so that the MASC measurements may not be representative of 475 
daily precipitation2. The average fall velocity was calculated from 3 to 93 measurements on individual particles 476 
(Table S2), except for one day that had a single measurement. Note that precipitation samples for d-excess were 477 
collected over a ~24 hr period while the fall velocities were measured for shorter durations so that the MASC 478 
measurements may not be representative of daily precipitation. Representative photographs of snow particles, on 479 
which the fall velocity was measured, are also shown in Fig. 2. 480 
 481 
Although the MASC data are for the summer months (June – August), they correspond with a significant range 482 
of d-excess from +6.4 to +19.3‰. A strong, inverse correlation is seen between the d-excess of daily 483 
precipitation and the average fall velocity of snow particles (r = 0.65; p<0.05). The particle shapes and riming in 484 
MASC photographs are consistent with those from the IcePIC photographs (Table 3). MASC photographs from 485 
two events in July (red triangles with d-excess of ~18‰; Fig. 2) show snow particles that are lightly rimed and 486 
the ice crystal shape is clearly evident. Following Locatelli and Hobbs (1974), these particles would be 487 
classified as lightly rimed assemblages of dendrites. The higher fall velocities (~1 m s-1) and lower d-excess 488 
(~+10‰) correspond to June events (blue circles) where heavily rimed particles have a more rounded shape 489 
with the underlying ice crystal outline no longer apparent. These particles would be classified as lump graupel 490 
or graupel-like snow (Locatelli and Hobbs, 1974). For intermediate d-excess and fall velocities in July and 491 
August events, the particles are similar to lightly rimed aggregates of dendrites (Locatelli and Hobbs, 1974). 492 
 493 
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 494 
Figure 2. d-excess versus MASC-measured average fall velocity at Summit. Selected photographs of particles 495 
for whichcorresponding to the measured fall velocity was measured are also shown. The dotted blue line is the 496 
best fit linear regression line. 497 
 498 
 499 
3.1.3 Doppler velocity 500 
Fig. 3 shows a scatter plot of d-excess versus MDV in daily precipitation at Summit. The data are categorized as 501 
summer (JJA) and winter (DJF). For clarity, Summit data for the other seasons are not shown as they lie within 502 
the bounds of the summer and winter categories (Fig. S4).  503 
 504 
The variation of d-excess with MDV for the summer precipitation (brown circles in Fig. 3) shows essentially the 505 
same inverse relationship as that indicated by the MASC fall velocities (Fig. 2) also obtained in the summer. 506 
Samples with higher d-excess (>+20‰) have a range of MDV values that are mostly less than ~1.0 m s-1, 507 
indicating unrimed to moderately rimed particles (Locatelli and Hobbs, 1974). Lower d-excess of ~12 to 14‰ is 508 
associated with higher MDV (>1 m s-1) that is indicative of heavier riming (Kneifel and Moisseev, 2020; 509 
Matrosov, 2023). Table 3 shows a moderate to heavily rimed particle collected on 2012-08-06, consistent with a 510 
relatively lower d-excess of daily precipitation (+13.8‰) on that day.  511 
 512 
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 513 
Figure 3. d-excess and MDV in daily precipitation at Summit. The best fit line for linear regression of summer 514 
data is shown (solid black). 515 
 516 
 517 
Winter precipitation at Summit (blue circles in Fig. 3) mostly has lower d-excess than the summer but with 518 
comparable MDVs, albeit with a slightly narrower MDV range than in the summer. Notably, the maximum 519 
MDV value in the winter is <1 m s-1 and an inverse correlation with d-excess is absent. The winter MDV values 520 
likely reflect a smaller particle size at colder temperatures (Takahashi and Fukuta, 1988; Heymsfield et al., 521 
2013) while the lower d-excess may result from an alternative mechanism than riming as discussed below. 522 
 523 
Summit precipitation is attributed to deep (~4-6 km above ground level [AGL]) or shallow (<~3 km AGL) 524 
clouds with varying proportions in different months (Shupe et al., 2013; Miller et al., 2015; Pettersen et al., 525 
2018). Pettersen et al. (2018) used differences in the microwave absorption and scattering properties of cloud 526 
liquid water and ice to separate the majority of the precipitation events (both by accumulation and occurrence 527 
frequency) into three categories: snow originating from fully glaciated ice clouds (IC), snow where cloud liquid 528 
water was measurable in the column (CLW), and where the IC or CLW cloud types could not be differentiated 529 
based on their microwave signals (indeterminate). The CLW type clouds were single- or multi-layer, Arctic 530 
mixed-phase clouds while the IC type were similar to deep, nimbostratus-like clouds. Snowfall mass 531 
accumulating at Summit from IC and CLW events was seasonally variable with CLW events more prevalent in 532 
the summer and the IC events in winter (Pettersen et al., 2018). Back-trajectory analysis indicated that CLW 533 
clouds frequently originated from the west-southwest of Greenland and IC clouds primarily from the southeast, 534 
but with no seasonal differences in air mass trajectory for each cloud type, suggesting that moisture source 535 
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origin alone cannot explain the seasonal d-excess variability. A further study (Kopec et al., 2019) suggested that 536 
summer precipitation originated from vapor sublimated from surface snow, resulting in higher d-excess; 537 
however, this is inconsistent with the back-trajectory analysis of Pettersen et al. (2018). The lower d-excess in 538 
winter at Summit compared to summer is therefore unlikely to reflect seasonal differences in the origin of 539 
source moisture. Alternatively, riming may be important only in the summer while ice growth in the colder and 540 
drier winter conditions may occur mostly by vapor deposition, but with lower d-excess.  541 
 542 
3.1.4 Radiosonde profiles at Summit 543 
To investigate this further, profiles of temperature (T), relative humidity (RH), and ice supersaturation (SI) 544 
derived from radiosonde soundings at Summit were evaluated for the winter (blue curves in Fig. 4) and summer 545 
(brown curves in Fig. 4). Mean temperatures at the surface (Fig. 4A) are 18°C colder in winter (−30.9°C) than in 546 
summer (−12.5°C). With increasing height, the seasonal difference in mean temperature remains nearly the 547 
same throughout the column. The RH at the surface is lower in the winter (~73%) than in the summer (~85%) 548 
and decreases with height such that the RH is nearly the same (~50%) at ~3500 m AGL in both seasons (Fig. 549 
4B). At higher altitudes, the RH is slightly higher in the winter than in the summer. Most of the precipitating 550 
column in the winter is beyond the mixed-phase regime (T <−38°C above ~2400 m AGL) where ice growth 551 
would occur by vapor deposition as diamond dust. In the summer, T <−38°C is above ~4600 m AGL, indicating 552 
that riming can occur at lower levels if RH approaches liquid saturation. 553 

RH in the summer approaches liquid water saturation at some levels near the column base at temperatures 554 
between −4 and −15°C (Fig. 4A–B), where near-zero SI (Fig. 4C) indicates conditions favorable for riming 555 
growth. Higher in the column, SI is positive and RH is below liquid saturation, favoring ice growth by vapor 556 
deposition. About 20% of summer soundings show near-liquid-saturation conditions at the column base, 557 
consistent with the mixed-phase CLW cloud type identified by Pettersen et al. (2018) as more prevalent in 558 
summer, and with the higher MDV values (~1 to 1.2 m s⁻¹; Fig. 3) indicating riming contribution to some lower 559 
d-excess summer events. The contrasting roles of vapor deposition and riming in controlling summer d-excess 560 
are illustrated by the two case studies discussed below. 561 

In the winter, RH never approaches liquid water saturation at any level throughout the precipitating column 562 
(Fig. 4B). At the low temperatures characteristic of the Summit winter column (−30 to −65°C), liquid water 563 
cannot be sustained even when ice supersaturation is high (Korolev and Mazin, 2003; Murphy and Koop, 2005). 564 
Ice-supersaturated conditions (SI > 0) occur in 60–68% of winter soundings near the surface, declining to ~25% 565 
at 4000–6000 m AGL (Fig. 4D), confirming that vapor deposition prevails throughout on most winter isotope 566 
sampling days. When SI > 0, the mean SI is ~10% throughout the column in both seasons (not shown). Despite 567 
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the ice-supersaturated conditions, the lower d-excess of winter precipitation (−6.8 to +13.8‰) is counterintuitive 568 
because vapor deposition at higher SI is generally thought to produce higher d-excess at a given temperature 569 
(Jouzel and Merlivat, 1984). However, vapor deposition at very low temperatures from low d18O vapor can 570 
produce condensate with low or even negative d-excess (Dütsch et al., 2019; their Fig. 1). The roles of SI, 571 
temperature and vapor δ¹⁸O in reconciling the low winter d-excess at Summit are explored further in Sect. 3.5. 572 

 573 

 574 
Figure 4. Mean vertical profiles of air temperature (A), relative humidity (B), and in-cloud ice supersaturation 575 
(C) from radiosonde measurements at Summit during summer (brown) and winter (blue). Panel D shows 576 
percentage of soundings when SI>0 for at least one radiosonde level. 577 
 578 
 579 
To illustrate the influence of vapor deposition and riming growth on d-excess variability in summer 580 
precipitation, we examine radiosonde profiles from two contrasting events on 2 July 2012 (d-excess = +23.6‰; 581 
MDV = 0.89 m s-1) and 26 July 2013 (d-excess = +14.7‰; MDV = 1.14 m s-1). We use the ratio SI/SIw (Sect. 582 
2.4) as a diagnostic of proximity to liquid water saturation where wet- or dry-growth riming would be favored 583 
depending upon the ambient temperature.  584 

The precipitation column on 2 July 2012 (green curves in Fig. 5) was cold and deep, with temperatures ranging 585 
from −16°C near the surface to −30°C at ~3000 m AGL (Fig. 5a). Relative humidity exceeded 80% through a 586 
deep cloud layer from near the surface to ~2500 m AGL, within which SI rose from near zero at cloud base to 587 
~18% (Figs. 5b–c). Throughout this layer, SI/SIw remained well below 1.0 (Fig. 5d), indicating that the air was 588 
substantially undersaturated with respect to liquid water despite the high ice supersaturation. Under these 589 
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conditions, which are characteristic of cold ice clouds well below the mixed-phase temperature range, ice 590 
growth would occur entirely by vapor deposition at variable ice supersaturation, consistent with the high d-591 
excess of +23.6‰. 592 

A contrasting two-layer cloud structure existed on 26 July 2013 (orange curves in Fig. 5). In the lower layer 593 
(surface to ~1000 m AGL, T = −5 to −11°C), RH approached liquid water saturation and SI was near zero or 594 
slightly negative (Figs. 5a–c), with SI/SIw approaching 1.0 (Fig. 5d). These conditions are favorable for riming 595 
growth, with wet-growth more likely given the warmer temperatures and near-liquid-saturation environment. An 596 
upper cloud layer was present from ~1600 to 2300 m AGL (T = −15 to −19°C) where SI was positive and SI/SIw 597 
was lower, indicating ice supersaturation but less proximity to liquid saturation. At these lower temperatures, 598 
any riming would occur by the dry-growth process where accreted liquid freezes on contact rather than 599 
sustaining a liquid film, producing only a modest d-excess reduction (~3‰; Sect. 3.5). The combination of near-600 
liquid-saturation conditions in the lower layer, vapor deposition in the upper layer, and the transition between 601 
the two growth regimes is consistent with the intermediate d-excess of +14.7‰, which is lower than that during 602 
the depositional 2 July event. 603 

 604 

 605 
 606 
Figure 5 Height-resolved profiles of T, RH, SI and SI/SIw during Summit precipitation events on 2 Jul 2012 607 
(green curves; d-excess/MDV = +23.6‰ / 0.89 m s-1) and 26 Jul 2013 (orange curves; +14.7‰ / 1.14 m s-1).  608 
 609 

3.2 Riming and d-excess at other study locations 610 

We now discuss the correlation of d-excess and MDV at the remaining polar and non-polar locations in this 611 
study, as well as cloud profiles derived from radiosonde soundings at Ny-Ålesund and Dumont d’Urville in 612 
order to characterize the effect of cloud processes on d-excess. 613 
 614 
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3.2.1 MDV and d-excess correlation 615 
 616 
The d-excess and MDV at Ny-Ålesund, Andenes, Dumont d’Urville, Cazadero and Rio Claro (Fig. 6) are 617 
inversely correlated. This correlation was quantified using total least squares (TLS) regression across all 618 
locations (n=211), which accounts for uncertainties in both variables. The regression yielded a slope of –59.7 619 
and intercept of 83.4 with r = −0.67 (p<0.001). The slope is negative at each individual site (range: −45 to −78), 620 
but the correlation is weaker at Dumont d’Urville (slope = –45, r = –0.43). The two best-sampled sites 621 
(Cazadero, n=57; Ny-Ålesund, n=112) show tightly constrained, statistically robust slopes (−62.4 and −63.5, 622 
respectively, both p < 0.001). This consistency across sites, spanning mid-latitude, polar, and tropical climates, 623 
supports a common physical mechanism — riming-driven lowering of d-excess — rather than a coincidental 624 
cross-site correlation. 625 
 626 
Ny-Ålesund precipitation has a wide range of d-excess from –8.2 to +45.2‰ (green circles in Fig. 6). Rain has 627 
lower values (–8.2 to +14.9‰; median = +3.1‰) compared to snow (+3.9 to 45.2‰; median = +19.2‰). 628 
Correspondingly, the MDV is higher on rain days (0.8 to 1.9 m s-1; median = 1.2 m s-1) compared to snow days 629 
(0.6 to 1.7 m s-1; median = 1.0 m s-1). Andenes precipitation (dark grey circles in Fig. 6), consisting mostly of 630 
snow samples, has a d-excess range of –1 to +33.4‰ (median = +28.2‰) with MDV ranging from 0.4 to 1.1 m 631 
s-1 (median = 0.7 m s-1). 632 
 633 
Precipitation at Ny-Ålesund and Andenes is produced in low-level mixed-phase clouds within cyclonic, 634 
atmospheric river and frontal systems (Lauer et al., 2023; Chellini and Kneifel, 2024; Ebell et al., 2024). 635 
Heavily rimed particles with higher MDVs are commonly observed at Ny-Ålesund (Chellini and Kneifel, 2024; 636 
Maherndl et al., 2024). Riming is attributed to increased turbulence, indicated by a higher eddy dissipation rate 637 
(EDR), which also is higher at cloud top temperatures warmer than about –10°C (Chellini and Kneifel, 2024), 638 
consistent with the generally higher MDV and lower d-excess of rain compared to snow in our study. 639 
 640 
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 641 
Figure 6. d-excess versus MDV in polar and non-polar precipitation at all study locations except Summit. The 642 
total least squares best-fit line is shown (r = –0.67; p < 0.001). 643 
 644 
 645 
Daily average MDV at Dumont d’Urville ranges from ~1 to 1.9 m s-1, indicating significant riming growth, with 646 
the corresponding d-excess of –5 to +14‰ (brown triangles in Fig. 6). Antarctic precipitation at this coastal 647 
location is produced mostly in warm fronts of extratropical cyclones (Jullien et al., 2020) with frequent riming 648 
and graupel formation (Grazioli et al., 2017). A strong katabatic layer at ~200 to 500m AGL results in extremely 649 
dry conditions near the surface such that over one-third of the time when it is precipitating, snowfall is fully 650 
sublimated (virga) before reaching the ground surface (Jullien et al., 2020). For several samples in our limited 651 
dataset of 20 samples, MDV values of 1.5 to 1.9 m s-1 are higher than the maximum monthly average (~1.5 m s-652 
1) in a much larger, seven-year dataset of MDVs with 5500 measurements per month (Wiener et al., 2024). The 653 
higher MDV of our samples may be an artefact of stronger turbulence in low-level katabatic winds so that the 654 
upward and downward air motions did not completely cancel out for all samples in our dataset (Sect. 2.3.3). 655 
 656 
At Cazadero and Rio Claro, precipitation was sampled only as rainfall. Average MDVs were obtained over ~30 657 
min intervals during stratiform events characterized by the presence of a reflectivity bright band. The top of the 658 
melting layer was at a height of ~2 km at Cazadero and ~4 km at Rio Claro. In the snow region above the 659 
melting layer, the average MDV and d-excess values, respectively, ranged from 0.9 to 1.9 m s-1 and –22.9 to 660 
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+20.6‰ at Cazadero (open squares in Fig. 6) and from 1.2 to 1.6 m s-1 and +4.5 to +21.9‰ at Rio Claro (blue 661 
squares in Fig. 6). 662 
 663 
Stratiform precipitation at Cazadero is produced mostly in landfalling, extra-tropical cyclones and atmospheric 664 
rivers (White et al., 2003). Precipitation d-excess is nearly the same in both regimes (Coplen et al., 2015). 665 
Orographically forced, relatively deeper clouds at Cazadero seed the ice particles that fall through the lower, 666 
feeder clouds where supercooled water droplets are accreted and ice grows by riming (White et al., 2003). At 667 
Rio Claro, precipitation is associated with mesoscale convective systems (Santos et al., 2024) where the seeder–668 
feeder process is commonly observed during stratiform events (Houze, 2014). 669 
 670 
 671 
3.2.2 Radiosonde profiles 672 
3.2.2.1 Ny-Ålesund 673 
Height-resolved profiles of T, RH and in-cloud SI (RH > 90%) on rain days (brown curves) and snow days (blue 674 
curves) are shown in Fig. 7. Mean temperature decreases from ~5°C near the surface to about −15°C at 4000 m 675 
on rain days (Fig. 7A), and from −5°C near the surface to about −25°C at 4000 m on snow days. Mean RH 676 
profiles are nearly the same on rain and snow days (Fig. 7B), increasing from near-surface values of ~80% to 677 
near or above 90% between ~800 and 1500 m, and then decreasing to ~65–70% at 4000 m. 678 
 679 
The 0°C isotherm on rain days ranged widely from near the surface to ~3150 m AGL, with a mean of 914 ± 688 680 
m and median of 700 m, reflecting the large variability in synoptic conditions across the 2014–2018 sampling 681 
period. The majority of rain events (59%) had freezing levels between 500 and 1500 m, with 25% below 500 m 682 
and 11% above 2000 m. This variability in freezing level height directly determines the depth of the ice-phase 683 
column available for riming and vapor deposition growth, contributing to the wide range of d-excess values 684 
observed in surface rainfall. 685 
 686 
The fraction of radiosonde levels within clouds (RH > 90%) increased from ~10% near the surface to a 687 
maximum of 74% at 800–1050 m (Fig. 7B). Within this cloud layer, RH approached liquid water saturation 688 
(mean RH = 91–97%), indicating mixed-phase conditions where riming would be the dominant growth process 689 
at warmer temperatures near the base of the ice column.  690 
 691 
Mean in-cloud SI on rain days is negative (−8%) near the surface and becomes positive above ~1000 m (near 692 
the mean 0°C level), increasing to ~10% at 4000 m (Fig. 7C). These vertical transitions in T and RH define a 693 
two-layer growth structure above the 0°C level on rain days: a lower mixed-phase riming layer from ~1000 – 694 
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2750 m AGL where SI is weakly positive (0 to 5%) but the cloud is near water saturation, and an upper 695 
depositional layer (~2750–4000 m) where SI increases from 5 to 10% as temperatures decrease from −8 to 696 
−13°C. Ice crystals nucleate and grow by deposition in the upper layer before falling into the riming zone below, 697 
so the isotopic composition of surface precipitation integrates contributions from both growth regimes. This is 698 
consistent with the mixed-phase cloud structure described by Korolev et al. (2017). 699 
 700 

 701 
Figure 7. Mean vertical profiles of (A) air temperature, (B) relative humidity, (C) in-cloud SI, and (D) Pearson 702 
correlation coefficient (r) for the linear regression of d-excess and height-resolved mean in-cloud SI from 703 
radiosonde measurements at Ny-Ålesund during rain (red) or snow (blue) precipitation days. Open symbols in D 704 
indicate p >0.05 (statistically insignificant) and solid symbols indicate p < 0.05 (statistically significant). 705 
 706 

Snow days show positive SI throughout the column, increasing from near zero at ~300 m to ~20% at 4000 m 707 
(Fig. 7C), reflecting consistently colder temperatures at all levels and the absence of liquid saturation conditions. 708 
Under these conditions vapor deposition is the dominant growth process, with riming occurring episodically 709 
where turbulent vertical motions activate supercooled liquid water (Korolev et al., 2017; Chellini and Kneifel, 710 
2024). 711 

A significant positive correlation exists between d-excess and height-resolved in-cloud SI across most of the ice-712 
phase column on rain days (brown curve in Fig. 7D), with r values ranging from 0.18 to 0.50 (p < 0.05) between 713 
400 and ~3500 m and showing considerable variability with height. The correlation extending below the mean 714 
0°C isotherm to ~400 m likely reflects variability in freezing level height across rain events, such that on days 715 
with lower freezing levels the ice-phase column extends to those lower altitudes and the SI–d-excess 716 
relationship is maintained. Precipitation events with higher SI in the upper depositional layer are associated with 717 
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relatively higher d-excess in surface rainfall, consistent with the seeder-feeder growth model in which stronger 718 
vapor deposition aloft partially offsets the d-excess reduction from riming below. 719 

On snow days, the SI – d-excess correlation (blue curve in Fig. 7D) is significant between 1050 to ~2000 m 720 
(r=0.32 to 0.56, p<0.001), consistent with vapor deposition being the dominant growth process in that layer and 721 
indicating that it represents the primary zone of isotopically significant crystal growth on snow days. The 722 
radiosonde profiles therefore characterize the vapor deposition component of snow day growth, while the MDV 723 
independently captures the riming component — the two measurements being complementary rather than 724 
redundant. In contrast to rain days, where the melting layer thermodynamically anchors the riming zone as a 725 
persistent day-scale feature, transient mixed-phase conditions on snow days may not be captured in a once-daily 726 
radiosonde profile but are evident in higher MDV values (up to 1.7 m s⁻¹) that directly reflect riming intensity 727 
regardless of when and where in the column it occurred. 728 
 729 
Three radiosonde profiles for 12 February 2016 (d-excess = +34.5‰; MDV = 0.71 m s-1), 31 August 2014 (d-730 
excess = +13.9‰; MDV = 0.99 m s-1) and 19 July 2014 (d-excess = –4.6‰; MDV = 1.31 m s-1) illustrate the 731 
effect of ice growth regimes on d-excess variability at Ny-Ålesund.  732 
 733 
On 12 February 2016 (green curves in Fig. 8), surface temperature was −10.5°C, decreasing to −20°C at 1000 m 734 
AGL and to still lower values at higher levels (Fig. 8a). A deep cloud layer (RH>90%, SI > 0) extended from 735 
~600 to 3400 m AGL (Fig. 8b), within which three distinct zones of ice crystal growth are apparent. Vapor 736 
deposition would be favored at cloud top (~3000 to 3200 m AGL; T = ~−24 to −26°C) and at cloud base (600 to 737 
1250 m AGL), where the cloud was mildly supersaturated with ice (SI = ~0 to 8%; Fig. 8c) but substantially 738 
undersaturated with respect to liquid water (SI/SIw < 0.5; Fig. 8d). A middle cloud layer between ~1250 and 739 
2400 m AGL had higher SI values of 17–26% with SI/SIw exceeding 0.6 and briefly approaching 1.0 at several 740 
levels, where riming would be favored. However, at the colder temperatures in this layer (−20 to −23°C), riming 741 
would occur by the dry-growth process with only a modest lowering of d-excess (Sect. 3.5). As a result, 742 
precipitation d-excess would be determined predominantly by the vapor-deposition signal, consistent with the 743 
observed high d-excess of +34.5‰. 744 
 745 
 746 
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 747 
 748 

Figure 8 Height-resolved profiles of T, RH, SI and SI/SIw during Ny-Ålesund precipitation events on 12 Feb 749 
2016 (green curves; d-excess/MDV = +34.5‰ / 0.71 m s-1), 31 Aug 2014 (orange curves; +13.9‰ / 0.99 m s-1) 750 
and 19 Jul 2014 (red curves; –4.6‰ / 1.31 m s-1).  751 
 752 
 753 
On 19 July 2014 (red curves in Fig. 8), surface temperature was +6.7°C, with the freezing level at ~1000 m 754 
AGL (Fig. 8a). An unusually deep isothermal melting layer extended from ~1000 to ~1400 m AGL where 755 
temperatures remained at or within a fraction of a degree of 0°C. Immediately above, from ~1400 to 1800 m 756 
AGL, SI was slightly negative despite high RH of 95–99% (Fig. 8b), reflecting the near-zero temperatures in 757 
this transitional layer where air approaches but does not reach ice saturation. The primary ice-forming cloud 758 
extended from ~1800 to 3300 m AGL, where RH was ~100% and SI ranged from near zero to ~9% (Fig. 8c). At 759 
the relatively warm temperatures in this layer (T = −2 to −11°C), SI/SIw reached water saturation intermittently 760 
(Fig. 8d), indicating conditions favorable for wet-growth riming as the dominant growth process. A brief drier 761 
intrusion at 3300–3500 m AGL, where RH dropped to 88–91% and SI briefly became negative, separated the 762 
riming zone from an upper cloud layer at 3500–4000 m AGL (T = −12 to −16°C). In this upper layer, SI 763 
increased from ~2 to ~19% with RH ~100% near the top, and SI/SIw of ~0.74 on average indicates 764 
predominantly depositional growth with near-saturated conditions developing at the uppermost levels. The 765 
strongly rimed character of this event, with wet-growth conditions dominating most of the ice-phase column at 766 
relatively warm temperatures, is consistent with the low d-excess of −4.6‰ observed at the surface. 767 
 768 
Surface temperature on 31 August 2014 was +1.0°C, with the 0°C isotherm at ~200 m AGL (orange curve in 769 
Fig. 8a). RH was 88% near the surface and rose sharply to ~98% by ~200 m, and then remained consistently 770 
high (97–99%) through ~1700 m AGL (Fig. 8b). Ice supersaturation was intermittently positive from ~300 m 771 
upward and became consistently positive from ~900 m to ~1800 m AGL (Fig. 8c), with temperatures ranging 772 
from −0.6°C near the lower cloud margin to −9.8°C near the cloud top. SI/SIw increased steadily with height 773 
through the cloud, approaching but not reaching water saturation (0.84 to 0.88) between ~1300 and 1700 m 774 
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AGL (Fig. 8d), before declining sharply toward the cloud top. Vapor deposition would be favored near cloud 775 
top, while the near-water-saturation state in the 1300–1700 m layer at temperatures of −7.3 to −9.5°C indicate 776 
wet-growth riming. The intermediate d-excess of +13.9‰ — lower than the vapor deposition event on 12 777 
February 2016 but higher than the more strongly rimed 19 July 2014 rainfall — is consistent with a combination 778 
of vapor deposition near cloud top and wet-growth riming in the lower cloud layer, where riming remained 779 
intermittent rather than fully established at water saturation. 780 
 781 
3.2.2.2 Dumont d’Urville 782 
Height-resolved profiles of T, RH and in-cloud SI (RH>90%) at Dumont d’Urville on isotope sampling days in 783 
the summer (DJF; brown curves) and the winter (JJA; blue curves) are shown in Fig. 9. Although acceptable 784 
MDV values were available for 20 of the 85 isotope sampling days, the radiosonde data are available for all 785 
days and this analysis is based on the full dataset. Mean temperatures decrease from ~ −2°C near the surface to 786 
−20°C at 4000m AGL in the summer (Fig. 9A) and from −13°C to −26°C in the winter (Fig. 9A). Unlike 787 
Summit, temperatures throughout the 0–4000m column remain above −38°C in both seasons, indicating that the 788 
entire precipitation-forming layer is within the mixed-phase regime where ice growth can occur both by riming 789 
and vapor deposition. 790 
 791 
Mean RH near the surface is 65–70% in both seasons, decreases to about 55% between ~200 to 500m AGL, and 792 
shows a slight increase at higher levels before decreasing again above 2500m (Fig. 9B). In-cloud conditions 793 
(RH > 90%) occur on 35–40% of isotope sampling days in summer and winter respectively (not shown), 794 
confirming that the RH > 90% criterion is appropriate for identifying cloud layers at this coastal Antarctic site. 795 
Mean in-cloud SI is ~8% in summer and ~6% in winter, with winter clouds shallower on average (~2400m vs 796 
~3400m AGL cloud top in summer) and fewer in-cloud levels per day (4.5 in winter vs 8.6 in summer). 797 
Individual precipitation events frequently show a two-layer vertical structure — a lower cloud layer near water 798 
saturation where riming would be favored and an upper layer with SI > 0 but below water saturation where 799 
vapor deposition would dominate — as illustrated by the case studies below. 800 
 801 
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 802 
Figure 9. Mean vertical profiles of (A) air temperature, (B) relative humidity, and (C) in-cloud SI at Dumont 803 
d’Urville during summer (brown) or winter (blue) precipitation days. 804 
 805 
 806 
The influence of vapor deposition and riming on d-excess can be illustrated with the radiosonde profiles for two 807 
events on 29 May 2019 (d-excess = +14.0‰; MDV = 1.05 m s-1) and 23 July 2019 (d-excess = +4.8‰; MDV = 808 
1.54 m s-1). 809 
 810 
On 29 May 2019, near surface temperature was approximately −16.4°C and decreased to about −33°C at 3300 811 
m AGL (Fig. 10a). RH remained below 90% through most of the column, except for a narrow sub-layer (900–812 
1300 m AGL, T = −21 to −22°C) with RH ≥ 90%. Ice-supersaturated conditions (SI > 0) extended from ~100 to 813 
3300 m AGL, reaching up to ~15% at 3100 m AGL despite RH < 90% through most of this depth (Fig. 10b-c). 814 
The SI/SIw ratio peaked at 0.64 within the higher-humidity sub-layer and was 0.4–0.5 through the deeper ice 815 
supersaturated layer above (Fig. 10d), placing the profile within the vapor deposition regime. This is consistent 816 
with the higher d-excess of +14.0‰ in surface precipitation. 817 
 818 
The 23 July 2019 event corresponds to an intense synoptic scale intrusion of warm and moist air identified by 819 
Leroy-Dos Santos et al. (2023) as representative of the synoptic events that dominate precipitation variability at 820 
Dumont d’Urville. Surface temperature was −1.4°C (Fig. 10a) and a deep saturated column extended from the 821 
surface to ~3900 m AGL (Fig. 10b) with cloud top temperature of approximately −26°C (Fig. 10a). From the 822 
surface to ~1800 m AGL, RH was 100% and SI was near zero or slightly negativeto 10% (Fig. 10c), with SI/SIw 823 
at or very close to 1.0 (Fig. 10d), indicating conditions at or near liquid water saturation. As the temperature was 824 
above –10°C in this layer, ice growth would occur predominantly by wet-growth riming. FromAbove 1800 m 825 
AGL, SI increased gradually to ~20% at 3900 m AGL, SI became positive and increased to ~10% (Fig. 10c) 826 
while the SI/SIw ratio decreased gradually to ~0.7, indicating a transition to ice-supersaturated but water-827 
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undersaturated conditions where vapor deposition would be the dominant growth process. The combination of 828 
wet-growth riming in the lower column and vapor deposition aloft is consistent with the lower d-excess of 829 
+4.8‰ compared to the deposition-dominated event on 29 May 2019. 830 
 831 

 832 
 833 

Figure 10. Height-resolved profiles of T, RH, SI and SI/SIw during Dumont d’Urville precipitation events on 29 834 
May 2019 (green curves; d-excess/MDV = +14.0‰ / 1.05 m s-1) and 23 Jul 2019 (red curves; +4.8‰ / 1.54 m s-835 
1). 836 
 837 
 838 

3.3 Sub-cloud evaporation and d-excess 839 

Sub-cloud evaporation of rain results in lower d-excess (Dansgaard, 1964) and could be responsible for the low 840 
d-excess observed at Cazadero, Rio Claro and Ny-Ålesund (Fig. 6). The sub-cloud layers at Cazadero (~1 km) 841 
and Rio Claro (~3 km) were sufficiently deep so that rainfall may be partially evaporated. Evaporation decreases 842 
the drop size across the particle size spectrum although smaller raindrops evaporate faster (Kumjian and 843 
Ryzhkov, 2010; Xie et al., 2016). The decreased particle size would result in a decreasing reflectivity profile in 844 
the sub-cloud region and could be used as an indicator of rainfall evaporation. For most of the precipitation 845 
events at Cazadero, the vertical profiles of reflectivity below the melting layer either did not decrease or 846 
decreased only for a brief interval at the beginning or the end of precipitation when rain rates generally were 847 
minimal. In those cases, we discarded the d-excess and MDV data for ~30 min at the start or the end of each 848 
event to avoid the potential effect of sub-cloud evaporation on our analysis. This approach of partially 849 
discarding the early or late portions of an event was also used for Rio Claro. A decreasing reflectivity profile 850 
was not observed for rain events at Ny-Ålesund where the sub-cloud layer generally is less than about 500 m 851 
deep. 852 
 853 
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However, decreasing reflectivity profiles in the sub-cloud region were present for several hours during one 854 
Cazadero precipitation event on 1 March 2009 (Fig. S5). The time-height profiles of reflectivity and MDV for 855 
this event are shown in Fig. S6. Precipitation began at about 03:00 UTC and continued through 24:00 UTC with 856 
several breaks in between. Lowest d-excess values at Cazadero, ranging from –22.9 to –13.9‰ (Fig. 6), were 857 
measured in the first three hours (05:45 to 08:45 UTC) of this event when the rain rate mostly was <1 mm hr–1 858 
(Coplen et al., 2015). Surface air temperature and RH averaged 11°C and 63%, respectively, between 05:00 and 859 
09:00 UTC. Later in the day, the average temperature was slightly lower (9°C) with high RH (91%), consistent 860 
with a lack of sub-cloud evaporation in reflectivity profiles. We examined the effect of sub-cloud evaporation of 861 
rain on d-excess in our study by using calculations based on Stewart (1975) and by comparing the fall velocities 862 
above and below the melting layer based on Weiss et al. (1977). 863 
 864 
3.3.1 Calculation of d-excess change at study locations 865 
We estimated the magnitude of d-excess by sub-cloud evaporation using the Stewart (1975) model, which 866 
calculates isotopic fractionation during raindrop evaporation as a function of drop size, fall distance, ambient 867 
temperature and RH. For the 1 March 2009 Cazadero event, with a sub-cloud region of about 1 km and particle 868 
size mostly greater than 0.5 mm recorded with a disdrometer (Fig. S7), our Stewart model calculations using the 869 
observed surface conditions (T = 11°C, RH = 63%) show a d-excess decrease of ~2‰. 870 
 871 
Graf et al. (2019) applied a similar approach for characterizing below cloud changes in isotopic composition. 872 
They assumed a cloud bottom at 1 km and a surface RH and temperature of 75% and 12°C, respectively, and 873 
calculated isotopic changes resulting from evaporation and below cloud rain–vapor interaction. In this scenario, 874 
a small raindrop (0.5 mm) may lose ~28% of its mass by sub-cloud evaporation, which would lower its d-excess 875 
by ~10‰. For a larger drop (1 mm), ~7% of the mass may be lost with a 5‰ decrease in d-excess. 876 
 877 
We therefore consider a maximum of 5‰ lowering of d-excess by sub-cloud evaporation at Cazadero on 1 878 
March 2009. Sub-cloud evaporation, therefore, would not be the primary factor responsible for the low d-excess 879 
(about –22 to –13‰) of Cazadero rain event on 1 March 2009 and its inverse correlation with MDV. Adjusting 880 
for this change would increase the d-excess, but would not affect the MDV values that were obtained for the 881 
snow region above the melting layer, strengthening the inverse correlation of d-excess with MDV in Fig. 6. 882 
 883 
Surface RH at Rio Claro exceeded 90% during the portions of the stratiform precipitation events used in this 884 
study (Santos et al., 2024), indicating near-saturation conditions and consistent with the absence of decreasing 885 
reflectivity profiles in the relatively deep (~3 km) sub-cloud region. Calculations with the Stewart model 886 
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confirm that raindrop evaporation with a surface RH>90% would result in a d-excess change of less than 1‰ 887 
regardless of drop size. 888 
 889 
At Ny-Ålesund, the sub-cloud layer was typically less than ~500 m deep where rain drop evaporation potentially 890 
could occur. However, the relatively colder temperatures and higher RH documented in the radiosonde profiles 891 
(mean near-surface values of 5°C and 80%, respectively) further limit any evaporative loss in the shallow sub-892 
cloud region. 893 
 894 
3.3.2 Fall velocity above and below the melting layer 895 
Independent confirmation that sub-cloud evaporation is not responsible for the low d-excess values comes from 896 
the relationship between fall velocities in the snow region above the melting layer (Vs) and in the rain region 897 
immediately below (Vr), following the classification of). Following Weiss et al. (1977). The proposed ), fields in 898 
the Vs – Vr categories forspace corresponding to graupel, heavily rimed dendrites and aggregates of dendrites, as 899 
well as lightly rimed or unrimed particles are shown in Fig. 11. The variability of fall velocities within each 900 
category is quite large because of a range of particle size and density of the rimed and unrimed particles. If 901 
 902 
Because Vr is measured immediately below the melting layer, before rain has fallen far enough to be subjected 903 
to sub-cloud evaporation were responsible for the lower, the Vs – Vr classification reflects in-cloud microphysics 904 
rather than sub-cloud processes. Consequently, if the low d-excess of raina sample was caused by sub-cloud 905 
evaporation rather than riming, we would expect lower d-excess samples that sample to lie in the unrimed or 906 
lightly rimed fields. 907 
 908 
The Vs – Vr relationships for rainfall samples from Cazadero, Rio Claro and Ny-Ålesund are shown on Fig. 11. 909 
Cazadero samples for which the reflectivity profiles indicate potential sub-cloud evaporation lie in the graupel 910 
or ‘heavily rimed’ aggregates fields (red triangles). This is consistent with their low d-excess (–22.9 to –13.9‰) 911 
and the effect of sub-cloud evaporation, if any, would not have been significant. The rest of the Cazadero 912 
samples (brown, blue and green triangles) lie in the heavily- or moderately-rimed aggregates fields, consistent 913 
with their progressively higher d-excess.  914 
 915 
Two of the Rio Claro samples with low d-excess of +4.5 toand +5.6‰ lie in the graupel field (blue squares in 916 
Fig. 11). Other Rio Claro samples have much higher d-excess (green squares), consistent with their location in 917 
the light to moderately rimed aggregates fields.categories. This again indicates that d-excess was not 918 
significantly affected by sub-cloud evaporation. 919 
 920 
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The d-excess of Ny-Ålesund samples is similarly consistent with their Vs – Vr classification (Fig. 11). Lower d-921 
excess samples (brown circles) lie in the graupel and heavily-rimed fields, which aligns with a lack of sub-cloud 922 
evaporation as the melting layer occurs within a few hundred meters above ground. 923 
 924 
 925 

 926 
Figure 11. Classification of rimed and unrimed particles based on fall velocities above (Vs) and below (Vr) the 927 
melting layer. The boundaries for Categories I to V are as proposed by Weiss et al. (1977): I. Graupel (lump and 928 
conical, hexagonal) and graupel-like snow; II. Graupel, graupel-like snow, moderately to densely rimed 929 
dendrites, assemblages of dendrites, and columns, aggregates of unrimed side planes, bullets and columns; III. 930 
Moderately rimed to unrimed aggregates of dendrites; unrimed aggregates of bullets, side planes and columns; 931 
IV. Moderately rimed to unrimed aggregates and radiating assemblages of dendrites; V. Unrimed dendrites. 932 
Graupel with varying density plots in multiple fields (highest density in category I). For categories II, III and IV, 933 
unrimed particles plot towards the bottom and densely rimed towards the top. Also plotted are the rainfall 934 
samples from Cazadero (CZD; triangles), Rio Claro (squares) and Ny-Ålesund (circles). Symbol colors 935 
correspond to the range of d-excess values (red < –10‰, pink = –9 to 0‰; blue = >0 to +9‰; green > +10‰) as 936 
shown in the legend. 937 
 938 
 939 
The Vs – Vr relationships in rainfall samples from Cazadero, Rio Claro and Ny-Ålesund also are shown on Fig. 940 
11. Cazadero samples, for which the reflectivity profiles indicate potential sub-cloud evaporation, lie in the 941 
graupel or ‘heavily rimed’ aggregates fields (red triangles). This is consistent with their low d-excess (–22.9 to –942 
13.9‰) and the effect of sub-cloud evaporation, if any, would not have been significant. The rest of the 943 
Cazadero samples lie in the heavily- or moderately-rimed aggregates fields, consistent with their increasingly 944 
higher d-excess (brown, blue and green triangles). 945 
 946 
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The d-excess of Ny-Ålesund samples is also consistent with their classification based on snow and rain region 947 
MDVs (Fig. 11). Lower d-excess samples (brown circles) lie in the graupel and heavily-rimed fields, consistent 948 
with a lack of sub-cloud evaporation as the bottom of the melting layer occurs within about 200 m above 949 
ground. 950 
 951 
 952 
3.4 Rimed mass fraction 953 
The MDV has been directly related to the rimed mass fraction (RMF), the ratio of particle mass acquired by 954 
riming to the total mass (Mosimann, 1995; Kneifel and Moisseev, 2020). This relationship was parameterized 955 
by using a large dataset of particle size and MDV in Hyytiälä, Finland precipitation (Kneifel and Moisseev, 956 
2020): RMF = –0.0528 MDV4 + 0.2927 MDV3 – 0.6125 MDV2 + 1.0560 MDV – 0.4691.  957 
 958 
We used the Kneifel and Moisseev coefficients to calculate the RMF from MDV. Because RMF is derived from 959 
MDV via a non-linear equation, a separate total least squares regression with d-excess (excluding Summit) was 960 
conducted, yielding the following relationship: d-excess = 46.5 − 124.2 · RMF (r = –0.67). The regression 961 
equation indicates a low d-excess of about –78‰ for fully rimed particles (graupel at RMF = 1) and a high d-962 
excess of +46.5‰ for unrimed particles growing by vapor deposition (RMF = 0). 963 
 964 
Calculated RMF for Summit was excluded from the regression because riming at Summit may occur 965 
infrequently only in the summer (Sect. 3.1.3). Two Andenes samples result in negative RMF values. This arises 966 
because the generalized fall velocity–size relationship for unrimed particles in Kneifel and Moisseev (2020), 967 
derived from Hyytiälä precipitation, is not fully applicable to the unrimed particle population at Andenes, likely 968 
reflecting regional differences in particle size distributions. These two samples were also excluded from the 969 
regression. 970 
 971 
The inverse correlation of d-excess with RMF was essentially the same as that for MDV (Fig. S8), but RMF is 972 
used here because it has a direct physical interpretation as the fraction of particle mass attributable to riming, 973 
allowing process-weighted d-excess calculations to be directly linked to observable microphysical quantities 974 
(Sect. 3.5). 975 
 976 

3.5 In-cloud processes and precipitation d-excess 977 

The site-independent correlation of d-excess with MDV (Fig. 6) and the influence of vapor deposition versus 978 
riming growth on d-excess of daily precipitation at Summit, Ny-Ålesund and Dumont d’Urville (Sect. 3.2) all 979 
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indicate that variable in-cloud processes modulate the d-excess of surface precipitation. The dynamic forcing 980 
controlling these processes changes rapidly and frequently during a precipitation event (Korolev et al., 2017), 981 
such that precipitation collected for even a short interval of 10–20 minutes would contain hydrometeors that 982 
grew by vapor deposition at variable SI or by both vapor deposition and riming. In addition, the lower d-excess 983 
of winter Summit precipitation without riming contributions indicates that vapor deposition itself may result in 984 
variable d-excess. Isotopic analysis of precipitation therefore provides a process-weighted d-excess value 985 
reflecting the integrated history of all growth modes experienced by the hydrometeor population. We now 986 
explore the role of in-cloud processes in precipitation d-excess variability by calculating the d-excess of end-987 
members forming by vapor deposition (including diamond dust) and riming (wet and dry-growth) to evaluate a 988 
process-weighted interpretation of observed d-excess at our study locations. A sensitivity analysis was 989 
conducted to evaluate the influence of various input parameters on calculated d-excess. Finally, the end-member 990 
compositions were combined in different fractions to show that the observed d-excess variations can be 991 
produced by in-cloud processes. 992 
 993 
 994 
3.5.1 Calculation of end-member d-excess 995 
The d-excess of vapor deposition and riming end-members in mixed-phase clouds were calculated following 996 
established isotope fractionation frameworks (Jouzel and Merlivat, 1984; Jouzel et al., 1985). Calculations for 997 
diamond dust, which is pure ice-phase precipitation forming at temperatures below −38°C, use the same kinetic 998 
fractionation as vapor deposition. 999 
 1000 
3.5.1.1 Vapor deposition and diamond dust 1001 
The isotope ratio during vapor deposition of ice, including diamond dust, is given as (Jouzel and Merlivat, 1002 
1984): 1003 
 1004 

Rice = αsv · αk · Rv  (1) 1005 
 1006 
where Rice and Rv are the isotope ratios (18O/16O or 2H/H), respectively, of vapor deposited ice and ambient 1007 
vapor, αsv is the equilibrium solid-vapor fractionation factor (Majoube, 1971 for 18O; Merlivat and Nief, 1967 1008 
for 2H), and αk is the kinetic fractionation factor (Jouzel and Merlivat, 1984): 1009 

αk = Si / [αsv · (D/Diso) · f · (Si − 1) + 1]  (2) 1010 
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where Si is the ice supersaturation ratio, D/Diso is the ratio of diffusivities of the light to heavy isotopologue 1011 
(1.0285 for H218O; 1.0251 for HDO; Merlivat, 1978) reflecting the faster diffusion of the lighter molecule, and f 1012 
is the ventilation factor. Jouzel et al. (1984) defined Si as the effective ice supersaturation that accounts for the 1013 
thermodynamic effects of latent heat at the particle surface. The effective Si is equivalent to the ambient 1014 
supersaturation ratio at temperatures below –35°C, and is lower at higher temperatures. The difference becomes 1015 
most significant at temperatures near zero. Within the temperature range –35 to –20°C that we have used for 1016 
calculations here, the effective Si is only 1–5% lower than the ambient ratio. Therefore, we have simplified the 1017 
calculation of vapor deposition and diamond dust d-excess (Table 4) by defining Si as the ambient 1018 
supersaturation ratio. As noted previously (Sect. 2.4), Si =1 + SI/100 and is parameterized as Si = a + b · T with 1019 
a = 1 and b generally in the range of –0.002 to –0.006 (Dütsch et al., 2019).  1020 
 1021 
 1022 
3.5.1.2 Wet- and dry-growth riming 1023 
 1024 
Wet-growth occurs when the latent heat of fusion released by the freezing of the supercooled droplets raises the 1025 
particle surface temperature to 0°C and the droplets spread to form a liquid film. This liquid film may partially 1026 
evaporate before freezing is complete. 1027 
 1028 
The isotopic composition of a persistent liquid film on the growing particle evolves as follows (Jouzel et al., 1029 
1985): 1030 
 1031 

dRL/dt = [(Rc − RL) · (dμc) + RL · (1 − αls) · dμf + Rv · dμe − F] / μL  (3) 1032 
 1033 
where RL is the isotope ratio of the liquid film, Rc is the cloud water isotope ratio, dμc is the total collection rate 1034 
of supercooled liquid (= dμf + dμe),, dμf is the freezing rate, dμe is the evaporation rate from the film surface, αls 1035 
is the equilibrium liquid-solid fractionation factor, F is the isotope flux to the vapor phase, and μL is the film 1036 
thickness (assumed constant).. The freezing rate of the liquid is  Note that dμf is determined by mass balance 1037 
(dμf = dμc − dμe) rather than the heat budget directly, because both constraints are simultaneously satisfied in 1038 
wet-growth; the heat budget determines the minimum LWC required, and once that threshold is exceeded, Ts is 1039 
maintained at 0°C and the mass balance governs the freeze rate. 1040 
 1041 
dμfThe collection rate of the liquid is  1042 
 1043 

dμc = π·r²·V·LWC·E  (4) 1044 
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 1045 
where r is the particle radius, V is the relative fall speed of the particle with respect to air motion, LWC is the 1046 
liquid water content, and E is the collection efficiency. The evaporation rate from the liquid film is governed by 1047 
diffusive vapor transport away from the particle surface: 1048 

dμe = 2π · r · DH₂O · Sh · (ρs − ρe)   (5) 1049 

where DH₂O is the molecular diffusivity of water vapor (= 2.4×10⁻⁵ m² s⁻¹; Pruppacher and Klett, 2010), Sh is the 1050 
Sherwood number (Sh = 2 + 0.6·Sc1/3·Re1/2, computed from the same particle radius and fall speed as the 1051 
freezing rate in Eq. 4), Sc is the Schmidt number, Re is the Reynolds number, ρs is the saturation vapor density 1052 
at the particle surface temperature, and ρe is the ambient vapor density. 1053 

We note that evaporation of the liquid film on the particle surface is driven by the temperature (or vapor 1054 
pressure) difference between the particle surface and ambient air. On the particle surface, the temperature (Ts) is 1055 
0°C regardless of the ambient air temperature (Ta). Because Ta is less than Ts in any mixed-phase cloud, the 1056 
saturation vapor pressure at the particle surface always exceeds the ambient vapor pressure, driving continuous 1057 
evaporation of the liquid film even when the surrounding air is at liquid water saturation.  1058 
 1059 

The isotope flux F in Eq. 3 is the species-specific form of Eq. 5: 1060 

F = 2π·r·Di·Shi·(ρs·RL/αlv − ρe·Rv)  (6) 1061 

where Di is the absolute isotopologue-specific diffusivity (Di = DH₂O·Diso/D), and αlv is the liquid-vapor 1062 
equilibrium fractionation factor at the particle surface temperature (0°C for wet-growth).  1063 

The isotope ratio of rimed ice from wet-growth at each time step is αls · RL and the integration of Eq. 3 proceeds 1064 
until the film composition reaches an asymptotic value at a prescribed film thickness (Jouzel et al., 1985).  1065 
 1066 

Dry-growth occurs when the latent heat of fusion is dissipated without the particle surface warming to 0°C. In 1067 
that case, a persistent liquid film does not form and the accreted liquid freezes almost instantaneously. The 1068 
isotope ratio of the rimed ice is then. The accreted droplets freeze rapidly, with heat conducted primarily into the 1069 
ice particle rather than to the ambient air. A small fraction of each droplet may evaporate before complete 1070 
freezing, but that would produce an isotopic correction of the order of 0.1‰ (following Jouzel et al. 1985, 1071 
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Appendix B). Therefore, the isotope ratio of the rimed ice is assumed to reflect only the equilibrium liquid-solid 1072 
fractionation: 1073 

Rice = αls · Rc   (7) 1074 
 1075 

This fractionation results in the d-excess of dry-growth rimed ice being ~2–3‰ lower than the cloud water 1076 
depending on the ambient temperature. 1077 
 1078 

3.5.2 Sensitivity calculations 1079 

Equations 1 through 7 employ multiple parameters to determine the d-excess resulting from vapor deposition or 1080 
riming processes. Table S3 summarizes the various input parameters and their significance in the process-based 1081 
isotope calculations. To assess the relative impact of these parameters on calculated d-excess, we conducted 1082 
sensitivity calculations across a range of parameter values. Figure 12 illustrates the calculated sensitivity, 1083 
focusing solely on one dominant parameter for each process. Detailed results for other parameters are provided 1084 
in Figs. S9-S11. 1085 

 1086 

Figure 12. Dominant parameters and their effect on the calculated d-excess of end-members. Input parameters 1087 
were: for vapor deposition (d18Ov = –30‰, dv = 10‰, Tc = –20°C, f=0.997); for diamond dust (d18Ov = –50‰, dv 1088 
= 15‰, Tc = –40°C); for wet-growth riming (d18Ov = –20‰, dv = 10‰, LWC = 0.5 g m–3, E = 0.8, R = 3 mm, V 1089 
= 1 m s–1).  1090 

 1091 

For vapor deposition, the sensitivity analysis identifies ice supersaturation as the dominant control on the d-1092 
excess of ice at temperatures greater than about –20°C (Fig. 12). The d-excess increases approximately linearly 1093 
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from near 0‰ at Si = 1.00 to +50‰ at Si = 1.40 — driven by the faster diffusion of HDO relative to H218O. At 1094 
lower temperatures, the low δ¹⁸O of ambient vapor is an equally important secondary control: d-excess of 1095 
deposited ice increases by about 47‰ as δ¹⁸Ovapor varies from −60 to −20‰, because αsv(¹⁸O) has a stronger 1096 
temperature dependence than αsv(D) at T < −20°C, depressing the d-excess of ice and potentially driving it 1097 
negative. The ambient vapor d-excess has a comparatively minor impact as a given change in vapor d-excess 1098 
produces an almost equally sized change in ice d-excess, rather than being amplified or damped by the 1099 
fractionation in the deposition process. 1100 

Winter precipitation at Summit forms by vapor deposition throughout a cold column (~ −60 to −30°C) with 1101 
positive SI (up to ~23%), and atmospheric vapor with very low d18O (average winter precipitation d18O of 1102 
approximately –38‰). The combination of cold temperatures and strongly depleted atmospheric vapor resulted 1103 
in low d-excess of deposited ice. This was consistent with results from an isotope-enabled GCM by Dütsch et al. 1104 
(2019), who showed that in iCAM5, the ice supersaturation parameterization strongly controls simulated polar 1105 
precipitation d-excess. The dimensionless ice supersaturation ratio Si (=1 + SI/100) is parameterized as a linear 1106 
function of temperature (Si = a + b·T) with a = 1 and b = –0.002 to –0.006 (Jouzel and Merlivat, 1984; Dütsch et 1107 
al., 2019). A parameter value of b = –0.002 is commonly used to reproduce d-excess values of ~+20‰ observed 1108 
in ice cores (Dütsch et al., 2019). However, with b = –0.006, the condensate has a d-excess of −10‰ (Fig. 1 of 1109 
Dütsch et al.) when δ2Hvapor ≈ −460‰ and d-excessvapor ≈ –5 (equivalent δ18Ovapor ≈ –57‰). The parameter value 1110 
of b = –0.006 at T = –50°C yields Si = 1.3 (SI = 30%), and at T = –30°C yields Si = 1.18 (SI = 18%). For these 1111 
parameters, our calculations give an average d-excess of –12‰ (compared to –8‰ by Dütsch et al.) and provide 1112 
an explanation for the low d-excess (and low MDV) of Summit winter precipitation. The variability in winter d-1113 
excess at Summit would reflect variations in both vapor δ¹⁸O and SI rather than a riming influence, consistent 1114 
with the absence of mixed-phase conditions at the low winter temperatures. Conversely, higher summer SI 1115 
values at warmer growth temperatures — where ambient vapor would be less depleted — result in higher d-1116 
excess through the kinetic fractionation mechanism in vapor deposition (Jouzel and Merlivat, 1984). The 1117 
variability in summer d-excess at Summit would be modulated by variability in SI and riming under favorable 1118 
conditions. 1119 

In the case of riming by wet-growth, the sensitivity analysis identifies ambient temperature as the dominant 1120 
control on rimed ice d-excess (~18‰ range across −15 to −5°C), followed by liquid water content (~25‰ range 1121 
across 0.05 to 3.0 g m–3) and particle size (~16‰ range across 0.5 to 5mm), while cloud water d-excess 1122 
contributes a moderate effect (~6‰ range). At T = −5°C, typical of the riming zone below ~700 m at Ny-1123 
Ålesund and of ice-phase growth above the melting layer at tropical and mid-latitude sites, we estimate d-excess 1124 
values of 0 to +5‰ for cloud water d-excess of +7 to +10‰ — substantially lower than the +15 to +20‰ 1125 
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produced by vapor deposition under the same source vapor conditions. The boundary for wet or dry-growth 1126 
riming — defined by whether the supercooled water collection rate exceeds the freeze rate — is temperature and 1127 
LWC dependent, with wet-growth becoming increasingly restricted to temperatures warmer than −10 to −15°C 1128 
at low LWC values typical of stratiform clouds. In turbulent cloud conditions, both the droplet collection rate 1129 
(through enhanced relative fall velocity) and the available LWC (through adiabatic updraft condensation) 1130 
increase, lowering the minimum LWC threshold for wet-growth by ~10–15%. This potentially shifts riming 1131 
from the dry to wet-growth regime even in predominantly stratiform environments, consistent with the findings 1132 
of Chellini and Kneifel (2024) that riming intensity at Ny-Ålesund correlates with turbulence. 1133 

Dry-growth riming, which operates at temperatures below approximately −15°C and low LWC where collected 1134 
droplets freeze immediately without forming a persistent film, applies only the equilibrium liquid-ice 1135 
fractionation without the kinetic film evaporation term. Our calculations show that dry-growth rimed ice has d-1136 
excess approximately 2–3‰ lower than the collected cloud water at −15°C, declining toward zero difference at 1137 
−30°C as the equilibrium fractionation factors for deuterium and 18O converge. 1138 

3.5.3 Process weighted d-excess 1139 

We used a range of vapor and cloud water isotope compositions and riming growth parameters that were 1140 
reasonable for the study locations to calculate end-member isotopic compositions (Table 4). Process-weighted 1141 
d-excess of surface precipitation (dsurface) was calculated as the mass-weighted sum of the four end-member 1142 
contributions (Table 5): 1143 

dsurface = fdep· d depddep + fdust · ddust + frim-wet · drim-wet + frim-dry · drim-dry  (8) 1144 

where fdep, fdust, frim-wet and frim-dry are the fractional contributions of each growth process summing to unity. 1145 

For the maritime polar, mid-latitude and tropical sites (Ny-Ålesund, Dumont d’Urville, Cazadero and Rio 1146 
Claro), rimed ice fractions ranged from 0.2 to 0.6, consistent with estimated RMF (Fig. S8), with the rest being 1147 
vapor deposition. Diamond-dust was not included for these polar sites as the temperature and SI profiles during 1148 
the isotope sampling days indicated mixed-phase conditions at all heights (Sect. 3.2). Process-weighted mixtures 1149 
spanning 40–80% vapor deposition with the remainder as wet and/or dry riming produced d-excess values of 1150 
−5.8 to +29.3‰, consistent with the observed precipitation d-excess range at these sites. The mixture with 40% 1151 
vapor deposition and 60% wet-growth riming produces d-excess ≈ 0‰, consistent with heavily rimed events 1152 
approaching the graupel end-member. Vapor deposition events (100% dep) reach d-excess = +44.2‰ (Table 4), 1153 
consistent with the highest observed values at Ny-Ålesund. 1154 
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For Summit summer, vapor deposition at Tc = −25°C and Si = 1.20 (SI = 20%) yields d-excess = +29.4‰ (Table 1155 
4). Mixtures of 80% vapor deposition with 20% dry-growth riming or 20% wet-growth riming produce d-excess 1156 
of +24.4‰ and +17.6‰, respectively, and 30% wet-growth riming with 10% dry-growth results in a d-excess of 1157 
+9.3‰, consistent with the observed summer d-excess range of approximately +10 to +30‰. 1158 

For Summit winter, the vapor deposition end-member at Tc = −35°C and Si = 1.20 produces d-excess = +13.9‰ 1159 
while the diamond dust end-member at Tc = −50°C and Si = 1.20 yields d-excess = −1.1‰. Mixtures of vapor 1160 
deposition and diamond dust spanning 20–80% diamond dust fraction produce d-excess of −7.5 to +8.5‰, 1161 
consistent with the observed winter d-excess range of approximately 0 to +15‰ at Summit. The strongly 1162 
negative d-excess of the diamond dust end-member — forming at very cold temperatures from strongly depleted 1163 
source vapor — drives the mixture d-excess well below the vapor deposition end-member even at modest 1164 
diamond dust fractions.Table 4. Calculated isotope compositions of end-members from different growth 1165 
processes* 1166 

Table 4. Calculated isotope compositions of end-members from different growth processes* 1167 

 Vapor T Si or Ice  
End Member δ¹⁸Ov (‰) dv (‰) (°C) LWC δ¹⁸O (‰) d2H (‰) d (‰) Additional parameters 

Vapor Deposition 
       

 
A -25 10 -20 1.30 -16.9 -91 44.2  
B –30 10 -25 1.20 –18.4 -118 29.4  
C –40 20 -25 1.15 –26.9 -192 23.4  
D –40 10 -30 1.10 –24.8 –194 4.8  
E –50 15 -35 1.20 –37.0 –282 13.9  
F –50 5 -35 1.20 –37.1 -294 2.2  

Diamond dust 
       

 
G –65 10 -50 1.20 -49.6 -410 –1.1  

Wet-growth 
Riming 

        
H -30 10 -10 0.5 -11.4 -120 -31 δ¹⁸Ocw=−19; dcw=19; R=3; 

V=1.0; E=0.8 
I -20.0 10 -10 0.5 –6.2 –76 –26.6 -same- 
J -20.0 20 -5 0.5 –7.5 –68 –7.4 -same- 
K -25.0 10 -10 0.5 –4.3 –65 –30.3 δ¹⁸Ocw=−10; dcw=10; R=3; 

V=1.0; E=0.8 
L -30.0 20 -10 0.3 –9.5 –105 –1.0 δ¹⁸Ocw=−17; dcw=21; R=2; 

V=0.8; E=0.8 
Dry-growth 

Riming 

       
 

M -30 20 -20 
 

-14.4 -111 5.4 δ¹⁸Ocw=−17; dcw=10 
*Input isotope values: the subscripts v and cw refer to ambient vapor and cloud water; T = growth temperature; 1168 
Si = ice supersaturation ratio; LWC = liquid water content (g m⁻³); R = particle radius (mm); V = relative fall 1169 
speed (m s⁻¹); E = collection efficiency. 1170 
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 1171 
 1172 
Table 5. Precipitation isotope compositions based on process-weighted mixtures of end-member components 1173 
from Table 4. 1174 
 1175  

End-member fractions 
   

Components fdep fdust  fwet fdry  δ¹⁸O (‰) d2H (‰) d (‰) 
A + K 0.8   0.2   -14.2 -86 29.3 
A + K 0.4  0.6   -9.3 -75 –0.5 
B + K 0.4  0.6   -13 -110 –5.8 

A + J + M  0.4  0.5 0.1  -10.3 -83 3.0 
B + J 0.8  0.2   –16.6 –115 17.6 

B + J+M 0.6  0.3 0.1  –15.7 –114 11.8 
B + M 0.8   0.2  –17.6 –116.0 24.4 
F + G 0.8 0.2    –39.5 –308 8.5 
F + G 0.2 0.8    –47.1 –384 –7.5 

 1176 
 1177 

4 Discussion 1178 

The inverse correlation of d-excess with MDV (or rimed mass fraction) and the process-weighted framework 1179 
developed here have broader implications for the interpretation of d-excess in ice core records and modern 1180 
precipitation. 1181 
 1182 
4.1 d-excess–RMF parameterization 1183 
The total least squares regression of d-excess and RMF across all sites (except Summit) yields a slope of 1184 
approximately −124‰ per unit RMF (Fig. S8), providing a simple, observationally constrained 1185 
parameterization: Each 0.1 unit (10%) increase in RMF corresponds to a d-excess decrease of ~12‰. The 1186 
convergence of this slope across sites ranging from tropical Rio Claro to polar Ny-Ålesund and Dumont 1187 
d'Urville, spanningwith a wide range of cloud temperatures, LWC, and atmospheric conditions, suggests that it 1188 
reflects a robust microphysical relationship rather than a site-specific artifact. This parameterization offers a 1189 
practical diagnostic for isotope-enabled climate models such as iCAM5 (Nusbaumer et al., 2017), which 1190 
currently treat riming as isotopically neutral. Where Doppler radar observations are available alongside modeled 1191 
precipitation fields, the predicted lowering of d-excess from simulated riming intensity could be compared 1192 
against observed precipitation d-excess to evaluate whether model microphysics schemes produce physically 1193 
realistic riming rates. Conversely, where isotope observations exist but radar data do not, the parameterization 1194 
allows rimed mass fraction to be estimated directly from measured d-excess, providing a microphysical 1195 
constraint that is otherwise difficult to obtain from surface observations alone. 1196 
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 1197 
4.2 Paleoclimate implications 1198 
The lower d-excess of ice cores from the Last Glacial Maximum (LGM) compared to the Holocene, and the d-1199 
excess changes associated with abrupt stadial-interstadial transitions in Greenland (Jouzel et al., 2007; Johnsen 1200 
et al., 1989), have been interpreted as evidence for major reorganization of moisture source regions. The results 1201 
of this study suggest an alternative or complementary interpretation that does not require source region changes. 1202 
The Summit winter case demonstrates that vapor deposition at very low temperatures (−30 to −65°C), from 1203 
vapor strongly depleted vaporin d18O under high ice supersaturation, suppresses precipitation d-excess to low or 1204 
negative values entirely through in-cloud fractionation physics, without any riming contribution. Glacial 1205 
conditions at high-latitude ice core sites were characterized by temperatures substantially colder than present, 1206 
more isotopically depleted atmospheric vapor, and likely higher ice supersaturation during precipitation events 1207 
(Jouzel and Merlivat, 1984; Dütsch et al., 2019). These are precisely the conditions that the we identify in our 1208 
process-weighted framework identifies as producing low d-excess through vapor deposition, independent of 1209 
evaporative conditions at the moisture source. The glacial-to-Holocene increase in d-excess at Greenland or 1210 
Antarctic ice core sites may therefore reflect, at least in part, the warming of the precipitating column and the 1211 
associated increase in vapor δ¹⁸O and reduction in ice supersaturation — shifting ice growth conditions away 1212 
from the cold, high-SI regime that characterizes Summit winter today —, rather than, or in addition to, a 1213 
northward shift in moisture source origin. This interpretation is consistent with the back-trajectory analysis of 1214 
Pettersen et al. (2018), which found no systematic difference in moisture source between Summit precipitation 1215 
types despite large differences in d-excess, and with GCM sensitivity experiments showing that the choice of ice 1216 
supersaturation parameterization strongly controls simulated polar d-excess (Dütsch et al., 2019). Distinguishing 1217 
the in-cloud fractionation signal from the source moisture signal in ice core records will require isotope-enabled 1218 
models that explicitly represent both the temperature and SI dependence of vapor deposition fractionation and 1219 
the riming contribution documented here. 1220 
 1221 
4.3 Spatial variations in d-excess of polar surface snow 1222 
In Greenland (Fig. S12a), surface snow d-excess decreases from north to south — from approximately +14‰ in 1223 
the northwest (near Camp Century; Osterberg et al., 2015), through +9.5‰ at GRIP (Summit), to +8‰ at Dye 3 1224 
(Johnsen et al., 1989) — a gradient traditionally attributed to different moisture sourcessource origins (Johnsen 1225 
et al., 1989; Masson-Delmotte et al., 2005). However, the same gradient would be consistent with a systematic 1226 
change in d-excess resulting from vapor deposition at different ice supersaturation and temperature conditions 1227 
along the north-south transect. Compared to GRIP (Summit), Camp Century has a lower surface elevation and is 1228 
located closer to the coast (~200 km inland). These differences likely would result in ice growth at Camp 1229 
Century to occur atby vapor deposition at relatively higher temperatures and different ice supersaturation 1230 
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conditions than at GRIP. This would likely exclude the very low d-excess of Summit winter precipitation and 1231 
result in a higher d-excess at Camp Century. Similarly, lower d-excess from riming contribution would be 1232 
important at Dye 3 in southcentral Greenland, where proximity to the coast (~120 km inland) and warmer cloud 1233 
temperatures favor frequent mixed-phase conditions and riming (Borys et al., 1993). Distinguishing between 1234 
these controls requires simultaneous Doppler radar observations and isotope sampling of daily precipitation at 1235 
multiple Greenland sites. 1236 
 1237 
In Antarctica (Fig. S12b), coastal precipitation has consistently lower d-excess than interior plateau precipitation 1238 
(Wang et al., 2022) — a contrast attributed to the closer proximity of coastal sites to marine moisture sources 1239 
with higher relative humidity (Masson-Delmotte et al., 2008). However, the coastal Antarctic environment is 1240 
characterized by frequent frontal precipitation with vigorous dynamics, high LWC in mixed-phase clouds, and 1241 
extensive riming as documented for Dumont d'Urville in our and previous studies (Grazioli et al., 2017). 1242 
Moderate to heavy riming has been noted at McMurdo (Tridon et al., 2022) and the Mario Zucchelli station 1243 
(Scarchilli et al., 2020). At both of these locations, snow particle fall velocities are frequently greater than ~1 m 1244 
s⁻¹ near the surface, consistent with the low d-excess values resulting from more frequent and heavier riming. 1245 
Warburton (1978) noted that rimed ice crystals were dominant in falling snow near McMurdo station and that 1246 
their proportion decreased with distance from the coast as growth by vapor deposition became dominant in 1247 
inland precipitation. Different in-cloud processes may therefore sufficiently explain the spatial d-excess 1248 
variations across Antarctica rather than, or in addition to, source moisture differences. Distinguishing between 1249 
these two controls may be possible with more detailed analysis using simultaneous Doppler radar observations 1250 
and isotope sampling of daily precipitation. 1251 
 1252 
4.4 Tropical precipitation and the amount effect 1253 
The inverse d-excess–MDV correlation at Rio Claro extends the riming interpretation into the tropics, where 1254 
stratiform precipitation in mesoscale convective systems is responsible for a large fraction of total rainfall. Low 1255 
d-excess values in tropical rainfall are commonly attributed to the "amount effect" — the observed depletion of 1256 
heavy isotopes in high-intensity rainfall — or to sub-cloud evaporation (Dansgaard, 1964; Moerman et al., 1257 
2013). However, the results here show that stratiform tropical rainfall with a well-defined melting layer and 1258 
rimed particles above it carries a low d-excess signal that originates in the ice-phase region, entirely above the 1259 
sub-cloud layer. In convective mesoscale systems, the seeder-feeder process is well documented during 1260 
stratiform episodes (Houze, 2014): ice particles grown by vapor deposition in the upper anvil fall into a lower 1261 
feeder region where supercooled liquid water content is higher and riming occurs. The temporal progression 1262 
from convective to stratiform precipitation within a single mesoscale event would therefore produce a 1263 
systematic evolution from very low d-excess — driven by vigorous wet-growth riming in the convective stage 1264 
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— toward higher d-excess as the stratiform stage becomes vapor-deposition dominated. Riming may therefore 1265 
contribute to the amount effect signal in tropical precipitation, and its role warrants further investigation 1266 
alongside sub-cloud evaporation and convective intensity. 1267 
 1268 
4.5 Mid-latitude frontal precipitation 1269 
The systematic temporal evolution of d-excess during mid-latitude frontal precipitation events may also be 1270 
better understood through the process-based interpretation developed here. At Cazadero, the lowest d-excess 1271 
values (−22.9 to −13.9‰) occurred in the early hours of the 1 March 2009 event (Fig. 6 and Sect. 3.3) followed 1272 
by progressively higher d-excess and lower δ¹⁸O (Fig. S13). Low d-excess values in rainfall have commonly 1273 
been attributed to sub-cloud evaporation, which we have shown may have had only a minor influence on the 1274 
Cazadero d-excess values (Sect. 3.3). The presence of a melting layer throughout the event (Fig. S6) confirms 1275 
that precipitation was stratiform during both the early low d-excess and later higher d-excess periods. The 1276 
temporal evolution of d-excess is physically consistent with the known evolution of riming intensity within 1277 
frontal precipitation systems: in the early stage, embedded convective cells and turbulent motions within the 1278 
stratiform region generate higher LWC and more vigorous riming — conditions identified in the sensitivity 1279 
analysis as producing the lowest d-excess — while the mature stratiform stage has weaker vertical motions, 1280 
lower LWC, and vapor-deposition-dominated growth producing higher d-excess (Matejka et al., 1980; Houze, 1281 
2014). The temporal MDV–d-excess correlation within the Cazadero event is therefore consistent with the 1282 
expected evolution of riming intensity within a single frontal precipitation event, and mirrors the tropical case in 1283 
reflecting the convective-to-stratiform transition. 1284 
 1285 

5 Conclusions 1286 

We investigated the effect of riming on the d-excess of precipitation at six locations spanning the tropics to the 1287 
polar regions: Summit, Greenland; Ny-Ålesund and Andenes, Norway; Dumont d'Urville, Antarctica; Cazadero, 1288 
California; and Rio Claro, Brazil. The mean Doppler velocity (MDV) of precipitating hydrometeors was used as 1289 
an independent, physically based indicator of riming intensity. Riming increases both particle density — 1290 
replacing low-density dendritic ice with dense accreted ice — and effective diameter, both of which raise 1291 
terminal fall speed substantially. MDV is therefore a direct proxy for the degree of riming that is entirely 1292 
independent of the isotopic measurements. 1293 
 1294 
Daily or sub-daily precipitation d-excess was correlated with concurrent MDV measured near the surface (150–1295 
300 m AGL) during snowfall and above the melting layer (~2–4.5 km AGL) during rainfall. An inverse 1296 



 

47 

correlation between d-excess and MDV was found at all locations except Summit winter, spanning a wide range 1297 
of temperatures, moisture sources, and atmospheric conditions. Because the MDV values used for rainfall were 1298 
extracted from the ice-phase region above the melting layer, they are unaffected by sub-cloud evaporation. Sub-1299 
cloud evaporation may slightly lower the d-excess of individual rain samples at the surface, but it cannot 1300 
produce the systematic, multi-site inverse correlation of d-excess and MDV shown here. 1301 
 1302 
Vertical profiles of temperature, relative humidity, and ice supersaturation index (SI) derived from radiosonde 1303 
soundings at Summit, Ny-Ålesund, and Dumont d'Urville, provide independent atmospheric context that 1304 
corroborates the microphysical interpretation. At Summit, these profiles show that the low winter temperatures 1305 
(<−38°C) in the entire precipitating column preclude mixed-phase conditions and riming while summer profiles 1306 
reveal the occurrence of near-liquid-saturation conditions at temperatures between −4 and −15°C, consistent 1307 
with wet-growth riming. The low d-excess of winter Summit precipitation was showncan be explained to result 1308 
from ice growth by vapor deposition at very low temperatures (−30 to −65°C) and ice supersaturated conditions 1309 
from vapor depleted in d18O, consistent with published isotope-enabled GCM simulations (Dütsch et al., 2019). 1310 
At Ny-Ålesund and Dumont d’Urville, the T and SI profiles reveal a two-layer growth structure in which vapor 1311 
deposition dominates in the upper, ice-supersaturated column while riming occurs in the lower, near-liquid-1312 
saturated layer, consistent with the seeder-feeder cloud structure documented at those sites. 1313 
 1314 
The physical mechanism responsible for the lower d-excess of rimed ice operates through evaporation of the 1315 
accreted liquid film during wet-growth riming. When the rate of supercooled droplet collection exceeds the rate 1316 
at which latent heat of fusion can be conducted away, the particle surface temperature rises to 0°C while 1317 
ambient air remains at temperatures below freezing. This temperature (and corresponding vapor pressure) 1318 
differential drives evaporation of water from the liquid film into the subsaturated ambient air. Liquid film 1319 
evaporation on small particles may also occur even when the particle surface remains below 0°C, due to low 1320 
water contents, as long as the latent heat release warms the particle surface to temperatures > 0.6 °C compared 1321 
to the ambient. Because HDO diffuses more slowly than H218O in air, evaporation preferentially removes 18O 1322 
relative to D from the accreted liquid, lowering the d-excess of the liquid that ultimately freezes. Sensitivity 1323 
calculations show that this mechanism produces rimed ice with substantially lower d-excess than the liquid (by 1324 
as much as 20–30‰) while dry-growth riming at temperatures below approximately −1510°C produces only a 1325 
modest d-excess reduction of 2–3‰ through equilibrium liquid-ice fractionation. 1326 
 1327 
A process-weighted framework was developed to quantify the d-excess of precipitation as a mass-weighted 1328 
mixture of four end-member growth modes: vapor deposition, diamond dust, wet-growth riming, and dry-1329 
growth riming. Process mixtures spanning 20–80% vapor deposition (or 100% for Summit winter) with the 1330 
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remainder as riming reproduce the observed d-excess range across all study sites. These calculations 1331 
demonstrate that in-cloud microphysical processes alone can account for the observed spatial and temporal d-1332 
excess variability from tropical to polar precipitation regimes. 1333 
 1334 
Our findings suggest that low d-excess in precipitation and ice cores, traditionally attributed to changes in 1335 
source moisture origin or sub-cloud evaporation, warrants reexamination. This does not imply that vapor 1336 
composition is irrelevant: the d18O and d-excess of ambient vapor are explicit inputs to the fractionation 1337 
calculations, and their seasonal and spatial variability contributes meaningfully to d-excess variability. Rather, 1338 
we argue that the in-cloud fractionation component — controlled by growth temperature, ice supersaturation, 1339 
and riming intensity — is of comparable or greater magnitude than the vapor signal across many precipitation 1340 
regimes. Separating these two contributions requires independent constraints on in-cloud conditions, such as 1341 
those provided by the radar-based riming proxy introduced here. The conventional attribution of d-excess 1342 
variability solely to oceanic evaporation conditions (sea surface temperature and relative humidity) requires 1343 
additional caution: the source evaporation signal is substantially modified by Rayleigh distillation and vapor 1344 
mixing during atmospheric transport and during ice growth by vapor deposition and riming. 1345 
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