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Abstract. Despite their profound consequences for the global carbon cycle, multi-centennial ocean biogeochemical responses
to anthropogenic greenhouse gas forcing remain poorly constrained. Here we investigate long-term oceanic responses to atmo-
spheric CO4 forcing using the Model for Interdisciplinary Research on Climate, Earth System version 2 for Long-term sim-
ulations (MIROC-ES2L) Earth system model driven by extended Shared Socio-economic Pathway (SSP) scenarios through
to the year 2500. Ocean—atmosphere pCQO- disequilibrium exhibits strong scenario dependence. Under the low-emission
scenario SSP1-2.6, oceanic CO2 undersaturation gradually weakens and approaches near equilibrium by 2100. a-By con-
trast, under the high-emission scenario SSP5-8.5, rapid increase in atmospheric pCO5 results in increasing undersaturation

of COs in the ocean over the 21st century. Thereafter,

surface-ocean
COg supersaturation expanding-progressively expand into the equatorial and subtropical oceans between the mid—23rd and
the-late 25th century. The Southern Ocean remains persistently undersaturated throughout the simulations, consistent with

sustained influence from deep waters that are weakly affected by anthropogenic perturbations. Under SSP5-8.5, oceanic CO

uptake continues to increase until the late 21st century. Thereafter, it gradually weakens as surface-ocean pCQO- approaches
atmospheric levels, whereas the Southern Ocean remains a persistent carbon sink throughout the simulation. Across all scenar-

ios, early oceanic pCOq changes are primarily driven by increases in dissolved inorganic carbon, whereas alkalinity becomes
an increasingly important control from the mid—22nd century onward under SSP5-8.5. A progressive decline in the oceanic
COx, buffering capacity, driven by cumulative CO, uptake, increases the sensitivity of surface-surface-ocean pCO to addi-
tional carbon ;-with-the-buffering-capacity-approaching-uptake. The buffering capacity approaches its effective minimum levels
by the late 22nd century. In parallel, areduction-in-surfaceatkalinity-enhanced upper-ocean stratification and a slowdown of
the deep overturning circulation reduce the upward transport of high alkalinity waters to the surface. This results in a decline
in surface-ocean alkalinity that further enhances the influence of alkalinity on surface-surface-ocean pCO, during this period.
Notably,-thermat-Marine biological productivity and export vary significantly as a function of atmospheric CO> trajectory.
It increases under low-emission scenarios but declines under sustained high-emission scenarios. The transition between the
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two behaviors occurs when pCO5*™ reaches approximately 3 times the preindustrial level and is closely associated with the

weakening of the Atlantic Meridional Overturning Circulation and the resulting nutrient redistribution. Thermal stress and
nutrient limitation persist in regions such as the Arctic Ocean until the late 25th century even under SSP1-2.6, indicating a

centennial-scale lagged response of marine ecosystems to atmospheric CO4 forcing. In the surface ocean, marine ecosystem
stress (integrating thermal and biogeochemical stressors) continues to intensify through the late 22nd century under SSP5-8.5,
despite the stabilization of atmospheric pCO-, highlighting the long memory and limited reversibility of oceanic ecosystem

stress.

Copyright statement. TEXT

1 Introduction

The ocean is a major sink for anthropogenic carbon dioxide (CO;), currently absorbing about 25% of annual global emis-
sions; thus it plays a critical role in mitigating ongoing global warming (Friedlingstein et al., 2025). Because carbon—climate
feedbacks strongly influence the climate system (Friedlingstein et al., 2006), reliable climate projections require an accurate
understanding of how ocean carbon uptake responds to global warming.

Substantial progress has been made in understanding physical and biogeochemical responses of the ocean to climate change
up to 2100, particularly through the Coupled Model Intercomparison Project (CMIP). According to CMIP5 multi-model
means, marine ecosystems would face concurrent stressors—higher sea surface temperature (SST; +2.7°C), lower surface pH
(—0.33), reduced dissolved oxygen (—3-45%—3.45 %), and declining net primary production (NPP; —8.6 %)—by the 2090s
under Representative Concentration Pathway (RCP) 8.5 (Bopp et al., 2013).

Relative to CMIPS, CMIP6 models generally exhibit higher climate sensitivity (Forster et al., 2019). As a result, the mag-
nitudes of warming, acidification, and nutrient and oxygen declines are higher in CMIP6 than in CMIP5 (Kwiatkowski et al.,
2020). Yetin-In CMIP6, however, despite stronger physical-chemical forcing, projected changes in NPP are smaller in mag-
nitude than those in CMIPS, and are highly uncertain in sign. The variations among models are partly due to differences in the
parameterizations of key processes such as nitrogen fixation and associated nutrient limitations; these factors alter the response
of NPP even under the same scenario (Bopp et al., 2022). The increase in NPP is also driven by variability in the C:N uptake
ratio of phytoplankton (Kwon et al., 2022).

Low-latitude productivity is crucial for the global carbon cycle. However, robust prejections-projection of this key variable
remains a major challenge because of substantial inter-model spread (Rodgers et al., 2024). A major source of uncertainty
lies in the ongoing debate over whether remote nutrient supply or local recycling processes are the dominant mechanism that
sustains low-latitude productivity. Moore et al. (2018) argued that a reduction of nutrient supply from the Southern Ocean
can strongly suppress low-latitude productivity. fa-By contrast, Rodgers et al. (2024) highlighted that temperature-dependent

remineralization enhances local mesopelagic nutrient recycling, together with water mass ventilation, thereby sustaining pro-
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ductivity under high-emission scenarios on centennial timescales. On longer timescales, however, Lee et al. (2025) showed
that nutrient depletion within local mesopelagic layers can ultimately drive substantial declines in low-latitude production by
2500. Taken together, current evidence indicates that the drivers and timescales of biogeochemical responses remain uncertain
and strongly model-dependent.

Recognizing this uncertainty, studies have emphasized the importance of regional processes. For example, Nakamura and
Oka (2019) demonstrated that dominant controls of phytoplankton growth vary by region, underscoring the need for spatially
explicit analyses. This spatial heterogeneity also characterizes air—sea CO, fluxes and ocean acidification: low- and high-
latitude regions respond to distinct drivers. In the Southern Ocean, intensifying westerlies and freshening alter circulation in
ways that both enhance surface CO uptake and promote deep-ocean carbon storage (Ito et al., 2015). In addition, future ocean
carbon sink-eapacity-uptake is projected to rely on a hybrid of solubility-driven winter uptake and biologically mediated summer
uptake (Mongwe et al., 2024). By contrast, the Arctic Ocean is experiencing rapid acidification. Sea-ice retreat enhances
CO; uptake (Bates et al., 2006), with models projecting a reversal of seasonal cycles of oceanic partial pressure of COq
(pCO2°™) and intensified summer acidification (Orr et al., 2022). Overall, polar oceans are shaped by freshwater input and
sea-ice dynamics, whereas low-latitude responses are governed primarily by stratification and nutrient supply.

Analyses using CMIP models have also advanced our understanding of present-day oceanic uptake of anthropogenic COq
and its controls. Tjiputra et al. (2014) identified rising dissolved inorganic carbon (DIC) as the dominant contributor to higher

ocn

surface pCO2°“"" over the 21st century. This is primarily due to anthropogenic CO- uptake, while-whereas SST increase plays
a secondary role. However, projections beyond 2100 remain scarce. For example, RCP8.5 simulations of the Community Earth

System Model version 1 (CESM1) indicate that global oceanic CO2 uptake peaks around the 2080s but remains substantial

through 2300 (Chikamoto and DiNezio, 2021). Subsequent-More recent work shows that declining-surface-alkalinity-dueto
stratification-and-reduced-buffering-eapaeityslows-enhanced upper-ocean stratification reduces the upward transport of high

alkalinity waters. This leads to declining surface-ocean alkalinity and subsequent reduction in carbonate-system bufferin
capacity, thereby slowing CO uptake in later centuries (Chikamoto et al., 2023). Furthermore, while shoaling of CaCOs3

dissolution depths weakens the carbonate pump (Planchat et al., 2024).

Given that the deep ocean carbon reservoir is much larger than the atmospheric reservoir of carbon, the long-term adjust-
ment of the ocean carbon reservoir is central to climate trajectories. Yet-mest-studiesMost studies, however, do not go be-
yond 2100 s-and-because multi-centennial simulations with comprehensive Earth system models (ESMs) are computationally
expensive. Therefore, the mechanisms shaping centennial-to-millennial responses (2100-2500) remain poorly constrained.
Although Earth system models of intermediate complexity (EMICs) have enabled simulations over these long timescales
(M. etal., 2002; Weber, 2010). the multi-centennial mechanisms of ocean carbon uptake have been much less explored using

comprehensive ESMs because of their substantially greater computational cost. Recent work has demonstrated that the mechanisms

overning the climate—carbon cycle feedback differ between low- and high-emission scenarios on multi-centennial timescales
highlighting the need for long-term mechanistic analyses of marine carbon uptake (Khatiwala et al., 2026). Nevertheless, few
studies have focused on such analyses using comprehensive ESMs.



Improving the representation of ocean biogeochemical processes in ESMs is important not only for constraining future
carbon-cycle feedbacks but also for increasing confidence in projections of marine ecosystem responses. This is because ESMs
,2021)

- Forexample, the Fisheries and Marine Ecosystem Model Intercomparison Project (FishMIP) is based on CMIP6 ESM outputs.

Its results indicate that substantial declines in global marine animal biomass and major regional shifts in marine ecosystems

are likely to occur in response to climate change (Tittensor et al., 2021). These applications of ESM output demonstrate that

uncertainties in simulated ocean biogeochemistry propagate into downstream impact assessments, influencing estimates of
95  ecosystem change and fisheries impacts.

This study addresses this gapby-analyzing-aims to contribute towards improving the representation of ocean biogeochemical
processes in ESMs. We analyze extended simulations from the Model for Interdisciplinary Research on Climate, Earth System
version 2 for Long-term simulations (MIROC-ES2L) Earth-system-model—Fhree-to investigate the centennial-to-millennial
evolution of ocean biogeochemistry and the oceanic CO; uptake under contrasting atmospheric CO; trajectories by extending

100 three baseline Shared Socio-economic Pathways (SSPS%—SSH—%SSPI 2.6, SSP2-4.5, and SSP5-8. S—dr&e*teﬁded%erl
through the year 2500. i '
(O sink1 eul
We address three main questions: (1) How does ocean carbon uptake evolve after atmospheric pCO3 (pCO,"™") stabilizes?
(2) What processes govern the long-term evolution of ocean carbonate chemistry and buffering capacity? (3) How do biological
105 productivity and ecosystem stress evolve on multi-centennial timescales? To answer these questions, we contrast SSP1-2.6—in
Whteh—afmespheﬂe—pGQQWMCOgatm ¥peaks and declines e&ﬂy—w&%MSSPS —8.5—in, in which pCO, "™
continues to rise until 2250.
We further examine the redistribution of biogeochemical tracers across depth horizons (epipelagicand-mesepelagiczones-and
the-, mesopelagic, and deep ocean) and climate zones (tropical, subtropical, subpolar, and polarzenes)-) to distinguish rapid
110 responses that emerge during the 21st century from slower adjustment processes that continue for centuries thereafter. Using a
single comprehensive ESM and multiple emission pathways allows us to investigate the relationships between the trajectory of
anthropogenic forcing and long-term adjustments of ocean carbon storage, carbonate chemistry, and marine biogeochemistry.

90 provide the physical and biogeochemical forcing for a wide range of marine ecosystem studies (e.g., Masson-Delmotte et al.

2  Methods
2.1 Model description of the Earth-system-medel-MIROC-ES2L and its ocean biogeochemical component

115 In this study, we use the MIROC-ES2L, which is an Earth system model that participated in CMIP6 (Hajima et al., 2020a). The
physical core of MIROC-ES2L is MIROC 5.2, which interactively couples the Center for Climate System Research—National
Institute for Environmental Studies atmospheric general circulation model (CCSR-NIES AGCM) (Numaguti et al., 1997),
an online aerosol model (Spectral Radiation-Transport Model for Aerosol Species—SPRINTARS) (Takemura et al., 2000;
Takemura, 2005), a coupled sea-ice—ocean general circulation model (CCSR Ocean Component—COCO) (Hasumi, 2006),

120 and a land surface physical model (Minimal Advanced Treatments of Surface Interaction and Runoff—MATSIRO) (Takata
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et al., 2003). The biogeochemical components of land and ocean are represented by the Vegetation Integrative SImulator for
Trace gases (VISIT-e) (Ito and Inatomi, 2012; Hajima et al., 2020a) and the Ocean ecosystem component embedded within
the ocean circulation model (OECO2) (Yoshikawa et al., 2008; Watanabe et al., 2011; Hajima et al., 2020a), respectively. The
atmospheric model has 40 vertical levels up to 3hPa and a cutoff wavenumber of T42. The ocean model is in a horizontal
tripolar coordinate system. A spherical coordinate system is used south of 63°N, with a longitude grid spacing of 1°, but
meridian spacing varies from about 0.5° near the equator to 1° at mid-latitudes. The hybrid o-z coordinate system has 62
vertical layers.

The marine-biogeochemieal-eomponent(OECO2 )-includes two types of phytoplankton (normal non-diazotrophic phyto-
plankton and diazotrophic phytoplankton), zooplankton, particulate detritus, nitrate, phosphate, dissolved iron, and dissolved
oxygen. Atmospheric nitrogen and iron deposition, inorganic nitrogen and phosphorus input from rivers, dissolved iron from
continental shelves and hydrothermal vents, and biological nitrogen fixation are considered as external nutrient inputs in
OECO?2. A land surface biogeochemical model is coupled with a river routine that can compute inorganic nitrogen trans-
port from soil to ocean. In addition to river discharge, fertilizer, atmospheric nitrogen deposition, and land use changes, which
are prescribed in the forcing data, alse-affect riverine nitrogen fluxes. Riverine phosphorus flux from land to ocean is diagnosed
from nitrogen fluxes using the Redfield ratio (C:N:P:O = 106:16:1:138). Nitrogen deposition to land and ocean is prescribed in
forcing data. Atmospheric iron deposition is predicted on the basis of dust simulated by SPRINTARS and data from biomass,
fossil fuel, and biofuel combustion emissions datasets.

The equilibrium climate sensitivity (ECS) of this version of the model is2-66¥-has been diagnosed using Gregory”’s

method (Gregory et al., 2004) and previeushy—reported-by—Ohgaito-et-al(202—Relative-to-theE ange-of-is_reported

F

to be 2.66 K (Tsutsui, 2020; Ohgaito et al., 2021). The transient climate response to cumulative carbon emissions (TCRE

of MIROC-ES2L is 1.3°C per 1000 PgC (MacDougall et al., 2020; Hajima et al., 2020a), which lies within the likely range

estimated by the Intergovernmental Panel on Climate Change (IPCC). Within the range of ECS values of the CMIP6 models,
the ECS of MIROC-ES2L is relatively modest.

2.2 Extended SSP-Shared Socioeconomic Pathways scenarios and model experimental design

Anthropogenic greenhouse gas emissions, quantified under the Shared Socioeconomic Pathways (SSP) scenarios, are the pri-
mary drivers of current and future climate change in climate model simulations, with earben-dioxide {CO4 )-being the dominant
contributor to radiative forcing. The SSPs harmenized-harmonize projections of pCOL*"™, whieh-range-ranging from approx-
imately 393 ppm in 2015 to over 2000 ppm by 2256;refleeting-2250. They reflect a range of possible futures based on varying
societal and policy choices (Fig. 2?11a and A1) (Meinshausen et al., 2020).

In this study, we use the extended SSPs, which contain projections of greenhouse gas concentrations up to 2500, to in-
vestigate the long-term response of the climate and carbon cycle. Eight extended scenarios are employed for concentration-
driven simulations of MIROC-ES2L: SSP+-1SSP1-1.9, SSP1-2.6, SSP2—4.5, SSP3-7.0, SSP4-3SSP4-3.4, SSP4-6SSP4-6.0,
SSP5-3S5SP5-3.4-0S-0S, and SSP5-8.5 (Fig. Al; Yokohata et al., in prep). This paper primarily focuses on three scenarios—
SSP1-2.6, SSP2-4.5, and SSP5-8.5—representing low, intermediate, and high emission pathways, respectively.
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By 2500, net-zero emissions will be achieved across all the extended scenarios; pCOQ“tm begins to decrease after 2250
even in the high-emission scenario. In the MIROC-ES2L experiment driven by these extended scenarios, global mean surface
temperatures (GMST) show a tendency to stabilize from around 2250. White-Whereas the decline in pCOL™™ initiates global
cooling, the continued warming of the deep ocean induces a gradual rise in surface air temperature, suggesting complex
transient behavior beyond simple radiative response(Yokehata-et-al—inprep-). The long-term evolution of the physical ocean
state is summarized in Appendix A2B.

Additionally, changes in GMST levels are associated with non-linear and potentially irreversible responses in the climate
system, such as tipping points in sea-ice extent, abrupt changes in El Nino—Southern Oscillation (ENSO) behavior, cloud
regimes, and polar climate dynamics, as well as irreversibility in the Atlantic Meridional Overturning Circulation (AMOC)

Lenton et al., 2008; Weijer et al., 2019; Armstrong McKay et al., 2022). Notably, using the same MIROC-ES2L extended SSP

simulations, Hayashi et al. (2026) demonstrated non-monotonic changes in ENSO characteristics with increasin

2.3 Isolation of factors that change oceanic partial pressure of CO,

The oceanic partial pressure of COs is determined by temperature, salinity, DIC, and total alkalinity (Sarmiento and Gruber,
2006). Accordingly, the tendency of pCO5%“" is governed by the tendencies of these four variables. The tendency of pCOy°"

can be decomposed as follows:

d[pCO2°™"]  9[pCOL°™] 9[T] J[pCOL”"] I[5]

ot o[ ot als] ot
O[pCO>*"] H[DIC] | 9[pCO,*"] H[ALK] 0
d[DIC] ot J[ALK] ot

The terms on the right-hand side of Eq. (1) represent the contributions from temperature, salinity, DIC, and alkalinity, re-
spectively. Contributions for each year are computed using annual mean values of pCO2°“". In this study, we apply this
decomposition to analyze the drivers of the temporal changes in pCO5°".

Further decomposition of the temperature and salinity terms is given by:
21pCO,*"] O]
[T ot

dln[pCO°"] O[T
O[T ot

— [pCOQOcn] .

2

OpC0y™") [S] _ 00| 9Infp0,”"] als]

als] ot [S] ol[S] ot

3)

The sensitivities are dIn[pCO2°"] /[T = 0.0423°C~! and dIn[pCO2°"]/dIn[S] = 1.0 s-asreported-by—(Sarmiento and
Gruber, 2006).

2.4 Revelefactor-and-the-buffering-capaecity-of seawater-
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3 Results

3.1 Seenarie-dependentreorganization-of-Centennial-scale changes in ocean biogeochemistry

3.1.1 Redistribution-ef-Anthropogenic carbon accumulation and dissolved inorganic carbon redistribution

Pepth-weighted-The temporal evolutions of depth-weighted time series of PICshow-anthropogenic carbon storage and DIC are
depth-dependent. They are characterized by a rapid, scenario-sensitive surface adjustment, a delayed yet sustained mesopelagic

response, and a monotonic deep-ocean eommitment-increase across all scenarios (Figs—??-Fig. 11b and A2). In the low-

emission (e.g., SSP1-1.9, SSP1-2.6) and overshoot (SSP5-3.4-0S) scenarios, surface DIC stabilizes around-2100mmetm—23;

eorresponding-to-earty 2tst-century levels—-at approximately historical levels once pCO2*"™ begins to decline;nevertheless;-,
whereas deep-ocean DIC continues to rise-graduallyincrease throughout the simulation, reflecting the long adjustment timescales
of ocean carbon uptake (Fig. A2).

In the surface-upper ocean (0-200m), DIC-elosely-tracks-anthropogenic carbon storage and DIC closely follow pCOo*™.
Surface-DIC-eoneentrationsrise-Both increase rapidly during the historical period and vary-widely-with-seenario-after~2100-
They-pealcin the-mid—24st eentury under projections vary according to scenario after approximately 2100, Under SSP1-2.6and
refax-onty stowly from-an-elevated plateau-under, surface DIC reaches a maximum during the 21st century before gradually
decreasing toward historical levels. Under SSP2-4.5, DIC remains elevated despite a slow decline. By contrast, under SSPS-
8.5, surface DICconcentration inereases rapidly-early-in-anthropogenic carbon storage and DIC increase rapidly throughout the
21st century ;-peaks;-and-then-deereases-onlyshightly; remaining-wel-and remain substantially above historical levels thereafter
(Fig. 2211b and A2).

Between 200 and +66611000m, DIC concentrations eventually flatten-or-decline-graduatly-under-stabilize or gradually

decline under the low-emission ¢including-the-overshoot)seenarios;-but-continue—to-rise-orlevel-o elevated-values-and
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overshoot scenarios, whereas they continue to increase or remain elevated under the high-emission scenario. This-behavior
Partitioning anthropogenic carbon storage into preformed and regenerated components using apparent oxygen utilization shows
that the long-term increase is dominated by the preformed component. Nevertheless, the regenerated component also increases
under all scenarios (Fig. 11b). This delayed response is consistent with slow ventilation and the long residence times —Below
10005 the signal remains-monotonie-of intermediate waters (see Appendix B and Fig. A3).

Below 1000m, both anthropogenic carbon storage and DIC continue to increase monotonically through 2500, with no indi-
cation of reversal ;-again-elearly-separated-from-foreing,pointing-to-in any scenario. This persistent deep-ocean accumulation

despite stabilization or decline of pCO,*""™ reflects substantial oceanic inertia and the long-term-slow downward propagation
of anematies-anthropogenic carbon.

Taken together, these results demonstrate a pronounced vertical contrast +-in ocean carbon redistribution. Although emis-

sion mitigation can

halt or reverse

changes in the surface ocean, anthropogenic carbon continues to accumulate in the deep ocean over multi-centennial timescales
committing the ocean carbon reservoir to prolonged adjustment long after atmospheric forcing begins to stabilize.

3.1.2 Redistribution-ef nutrients-and-biologieal-Biological productivity and nutrient redistribution

The ameﬁﬁkef—eafbeﬂ%speﬁeérg&pgrvtvojvcvavr\bgg\from the euphotlc zone to-the-deep-ocean-is a key indicatorfor-assessing
component of the ocean carbon
cycle, influencing the transfer and storage of carbon in the deep ocean. Long-term responses of primary production and the
vertical export of detritus at a-depth-of 100 m vary with-seenarioaccording to scenario, with sustained increase in some scenarios
and pronounced declines in others (Fig. #2122 and b).

Under low-emission scenarios (SSP1-2.6 and SSP2—4.5), biological productivity increases approximately linearly between

the beginning of the 21st century and 2500. Ia-By contrast, under the high-emission scenario SSP5-8.5, biological productivity
is projected to decline by approximately 5 % by the early 22nd century, with only limited recovery thereafter.

The temporal evolution of detritus export is influenced by a complex interplay of environmental factors, including tempera-
ture, light availability, and nutrient concentrations, while-whereas the basin-scale distributions of these variables are reshaped

by changes in ocean circulation. In particular, s

rweakening of the AMOC (Fig. A3) reduces the upward transport
of nutrients to the North Atlantic surface ocean, leading to lower surface macronutrient concentrations (Fig. A4) —Fhis-deetine
leads—to-and a suppression of detritus export and-is-likely-caused-by—weakening-of-the- AMOC—(Fig. A312d). Meanwhile,
nutrients become increasingly trapped within the lower overturning cell associated with Antarctic Bottom Water (AABW).
This leads to a pronounced decline in surface and subsurface nutrient concentrations in the Pacific Ocean after 2250 under
SSP5-8.5.

The relationships between pCOo*™ . detritus export, and AMOC strength are consistent with the mechanisms described

above (Fig. 13). Increasing pCO-*"™ is associated with progressive weakening of the AMOC and reduction in detritus
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export. In particular, detritus export decreases below its preindustrial level when pCO,*™ reaches approximately 3 times
the preindustrial concentration (Fig. 13a).

3.2 Processes controlling the eentennial-evelution-of the-ocean carbon eyele sink
3.2.1 Surfaece-oeean-Eyolution of surface-ocean partial pressure of CO,

Across the different scenarios, pCO,*"" begins to decline under the prescribed forcing by 2250-2250 (Fig, 11a). Subsequently,

global mean temperature stabilizes (Fig. 22)—While-AS). Long-term projections indicate leveling off of both pCO,“"™ an
temperature are-projected-to-level-offinthelongterm;-but continued dynamic responses of the ocean carbon cycle eentintes
to-exhibit-dynamierespoenses-to the prescribed forcing. The oceanic pCOs in the surface ocean continues to vary over the long

term in response to the physical and biogeochemical changes in the ocean. Under the extended SSP scenarios, surface pCO2°“"

generally follows the trajectory of pCO,“™, with relatively small differences across latitudes (Figs—2?Fig. 11 and A6)

3.2.2 Air-sea difference in partial pressure of CO,

ocn atm

Changes in surface eeeanpGO->2pC 05" strongly affect the air—sea difference ef—GO«z—whieh—ls—fypieaHyﬂ&aﬂﬁﬁed—&%—me

WW&MHWWMWMW
Negative values indicate that the surface ocean is undersaturated with respect to the atmosphere and therefore favors oceanic
COy - . I . o .

Wwhereas positive values imply supersaturation and potential outgassing.

At the global mean-seale<(Figsscale (Fig. 14a and b), the temporal evolution of ApCO,, differs markedly between scenarios.
From the beginning of the 21st century to around 2100, ApCOs increases from areund—0ppm—te—approximatelyOppmr
approximately —10 ppm to nearly 0 ppm under SSP1-2.6—Thisreflects—arelatively-modest-inerease-inpCO, " such-that
oeeanie-COuptake-eontinues-to-dominate in-the 24st-eentury—tn-, reflecting the relatively slow increase in pCO>""". By
contrast, under SSP5-8.5, ApCO; decreases from approximately —10 ppm to about —+0ppm-te—i5ppm-by-—15 ppm by
around 2080, indicating that the rapid rise in pEO*"outpaces-oceanic- GO uptakeAfterpCO2”"™ outpaces the increase in
MLL@@MWOMWZOSO fhe«tfeﬂekef—érpGQTfHevef@ed»ApCOg begins to increase s-implying-that

Under-the low-emission-seenario-as surface pCO,°“" gradually catches up with atmospheric forcing.

The two scenarios also differ in terms of the evolution of the spatial distribution of ApCQ5 (Fig. 14¢ and d). Under SSP1-2.6,
positive ApCO» remains largely confined to the equatorial regions-Pacific throughout the simulationperied-(Figs—t4a-and-e)-

Ineontrast-. By contrast, under SSP5-8.5 posmve ApCO, progressively expands across the equatorial and subtropical oceans
ins-in-during the 21st centuryand-indicates-an-inereasing-potential-fornet
. By the end of the 22nd century, pesitive-ApCOs—values




-supersaturated
280 waters extend over much of the subtropical gyres and subsequently spread into the Northern Hemisphere subpolar oceans

waters—thatrematnrelatively—weaklyaffected-byanthropogenie—, This poleward expansion indicates that surface pCQO5%"

285 in increasingly large areas of the surface ocean approaches equilibrium with, or exceeds, pCQ»*™ under sustained high

323 Air-sea CO, flux

290 SSP5-8-5-flux broadly follows that of ApCOy (Fig. 22);-which-maypartly-moderate-the—rise—insurface pCO " "threugh

295

Under the low-emissionseenario-15). Under SSP5-8.5, oceanic CO, uptake increases throughout the 215t century, reaches a

300  maximum near the end of the century, and gradually decreases thereafter. This evolution is consistent with the temporal changes
in ApCO», indicating that changes in the air—sea pCO, gradient dominate the long-term evolution of the global ocean carbon
sink. By contrast, changes in the air—sea CO flux remain comparatively small under SSP1-2.6:>CO="has-apronounced

hom mum-that extend om-the-Southern-Oceanintothe North Pacif ntensifies overtime-andreache

305 The spatial distribution of the air—sea CO4 flux differs in several important aspects from that of ApCOQO- (Figs. +8a—)—TFhis

In-eontrast under the-high-emission seenario-uptake is maintained over much of the extratropical ocean, whereas outgassing.
remains largely confined to low latitudes. Under SSP5-8.5, PCO,*"shows-a-strong-vertical-contrast—with-elevated-values

810 in-positive ApCO, expands across much of the tropical and subtropical oceans, but this expansion is not accompanied by a
corresponding increase in air—sea CO; outgassing. Instead, the strongest outgassing is confined in the region near the equatorial

oceans.
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The Southern Ocean remains a particularly strong carbon sink throughout the SSP5-8.5 simulation. Although the spatial
distribution of the air—sea CO5 flux broadly follows that of ApCOs,, the %hefmeelﬂwbtt&pefﬁ%tem}y%ewva%ueﬁfrﬂaeﬁeep

evident+-Southern Ocean exhibits substantially stronger uptake than would be inferred from ApCQ, alone. This regional
enhancement is consistent with the persistently strong westerly winds over the Southern Ocean ‘whefefelraﬂvely—}ew—pGggﬂ

by-the2240s(Fig. A7), which may enhance air—sea gas exchange.
The persistence of oceanic carbon uptake under SSP5-8.5 afe%e*peetewespeﬁs&dﬂe—teﬂeﬁ%ﬁe&ﬁﬂeﬁﬁhe%uﬁefmg

m%&%%%ﬂﬂm%mlmmmw%@@wwg
that the global ocean remains a carbon sink under sustained high pCO,"" it transitions to a carbon source primarily under
concentration-driven overshoot scenarios with declining pCO2*"™. The sustained Southern Ocean carbon sink that is present
in our simulations is therefore consistent with this broader long-term behavior of the global ocean carbon cycle.

3.2.4 Changes-inthe-earbon-Carbonate buffering capacity of the surface ocean

The ocean plays a buffering role in the global carbon cycle by absorbing CO2 and, through seawater carbonate chemistry,

partially-neutralizing-inereasesin-buffers the increase in acidity associated with elevated DIC, thereby mitigating the accumu-
lation of CO3 in the atmosphere. However, ongoing ocean acidification leads-to-a-progressive-deeline-in-progressively weakens

this carbonate buffering capacity, resulting in increased temporal and spatial variability in the carbonate system’s-sensitivity

’s response to changes in COq

earben-system;-we-examine-the-(Orr et al., 2005; Egleston et al., 2010).
To characterize these long-term changes, we first examine the evolution of the Revelle factorté1apCO,~/HnbBIC) =

eoefficient(DIC/9pC O —whichprevides-amore-direet, which is the ratio of the relative change in pCOs to the relative
change in DIC and is the conventional measure of the ecean’s-eapacity-to-abserb-additional-CO-—This-choicereflects-thefaet
that-sensitivity of seawater pCQ5 to changes in DIC. Because the Revelle factor becomes less sensitive under high-CO5

-, we calculate the buffering

0DIC/9pCO2 %", which has been
adopted as a practical indicator of seawater buffering capacity (Riebesell et al., 2009). The buffering capacity is not equivalent
to the reciprocal of the Revelle factor, but we use it as a proxy that provides a direct measure of the increase in DIC associated
with a given increase in seawater pCOy.

‘The oceans buffering capacity Figure 16a and ¢ shows that the buffering capacity in the surface ocean is projected to decline

markedly during the 21st and 22nd centuries even under the low-emission scenario SSP1-2.6. However, gradual recovery is

capacity, w

expected to emerge by the end of the 22nd century and the buffering capacity is projected to increase again over multi-centennial
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timescalesFigs—6a-and-¢). This delayed recovery reflects the stabilization and subsequent decline of atmospheric and surface
ocean pCOy under SSP1-2.6; $60-pCO,%“" reaches levels that are close to those of the present day only after around
2200. The carbonate system re-equilibrates slowly and buffering capacity is partially restored.

By contrast, under the high-emission scenario SSP5-8.5, the buffering capacity continues to decline throughout the
simulation period and reaches its effective minimum values of approximately 0.05 across almost the entire global ocean by

around 2200 (Eg%Eg 16b and d). This indicates a state in which carbonate-system buffering is strongly diminished ;reflecting

s—as continued accumulation of anthropogenic carbon drives
buffering capacity toward its effective minimum across most of the global surface ocean. As buffering capacity approaches
this effective minimum, regional contrasts progressively diminish, resulting in a nearly homogeneous spatial distribution of
buffering capacity by around 2200.

When buffering capacity is high, increases in DIC lead to relatively moderate rises in pCO2. However, as buffering capacity

declines, the sensitivity of pCO to a given increase in DIC increases, amplifying the effects of other drivers such as temperature
rise and reductions in alkalinity (see Sect. 3.2:4.5). Changes in buffering capacity thus render the surface ocean more responsive
to atmospheric forcing, particularly to the continued uptake of anthropogenic COs. A reduced buffering capacity also implies a
diminished efficiency in oceanic carbon uptake, increasing the fraction of anthropogenic CO» that remains in the atmosphere.

This point is discussed in more detail in the Discussion (Sect. 4.3).

3.2.5 Drivers of temporal changes in 6ceanie surface-ocean partial pressure of CO,

ocn

Changes in pCO5°“"" are driven by variations in ocean temperature, salinity, DIC, and total alkalinity. We performed a decom-
position analysis of the temporal changes in surface pCO2°“" to identify the contributions of these factors (see Sect. 2.3 for
details) (Fig. 17 y-and A8).

Under the low-emission scenario SSP1-2.6, temporal variations in surface pCOz°=-pCQO2°“" are largely explained by
changes in DIC (Fig. 17a). Under this scenario, p6O-~“—surface pCO,°“" increases until around 2080 and subsequently
decreases. The positive trend becomes negative as p@@gmgwétabilizes. By around 2200, the change in $60->*
surface pCO4°“" approaches zero, indicating near equilibrium between the ocean and atmosphere.

In-eontrastSimilarly, from the beginning of the 21st century to around 2200, the rise in surface $6O-pCO2" under
the high-emission scenario SSP5-8.5 is primarily driven by increasing DIC concentrations, reflecting the rapid uptake of
anthropogenic ©Oz—carbon under strong air—sea disequilibrium (Fig. 17b). Before 2200, the contributions from temperature
and alkalinity changes remain secondary. After 2200, however, the influence of reductions in surface alkalinity, together with
thermal effects, becomes 1ncreasmg1y important in driving further increases in €O+ M This influence is

associated with enhanced ¥

upper-ocean

stratification and a-the subsequent weakening of the meridional overturning circulation thereafter—Thisshift(Fig. A9). Durin

this period, although calcium carbonate export decreases, the associated conservation of alkalinity is insufficient to offset the
effects of physical changes, resulting in an overall decline in surface-ocean alkalinity. This coincides with the approach of the

12



380 buffering capacity of the marine carbonate system toward its minimum, consistent with the interpretation of Chikamoto et al.
(2023).

3.2.6 Anthrepegenie-CO5uptake-and-Deep-ocean carbon storage in-the-deep-ecean-and remaining carbon uptake
capacity

Under both low- and high-emission scenarios, DIC concentrations in the deep ocean continue to increase even after pCOgatm

385 stabilizes or begins to decline (Fig. 2?11a, Al and A2). This sustained increase is consistent with the long residence time and
slow renewal of deep waters, which allow anthropogenic carbon to accumulate and persist in the ocean interior for centuries
once it is transported below the surface. Enhanced stratification and slow, multi-centennial adjustments of ocean biogeochem-
ical cycles further support this continued accumulation.

In particular, pronounced increases in DIC are evident along major deep-water formation and export pathways under SSP5—

390 8.5 (Fig. A10). Along AABW pathways, DIC increases extend into the abyssal and bottom ocean, whereas NADW-the North
Atlantic Deep Water (NADW) exhibits enhanced DIC accumulation primarily within the deep Atlantic basin. These spatial
patterns indicate the efficient transfer of anthropogenic carbon from the surface into the ocean interior along established deep-
water circulation pathways.

Changes in the formation and properties of deep waters, together with modifications of the circulation in the ocean interior,

395 regulate the depth at which carbon is stored and the residence time of deep waters. As-aresattConsequently, they are associated
with variations in the vertical distribution and accumulation of DIC. In addition, changes in biological export and remineraliza-

tion contribute to enhanced DIC accumulation in the ocean interior. Under SSP5-8.5, regenerated carbon increases despite the

general decrease in detritus export (Fig. #212d). This is because longer water-mass residence times enhance the accumulation
of remineralized carbon in the ocean interior, which is consistent with previous CMIP6 analyses of the future biological carbon
400 pump (Wilson et al., 2022). Interior DIC increase is dominated by preformed carbon, with regenerated carbon providing a
secondary but positive contribution (Fig. 11b).
To further examine the remaining capacity of the ocean interior to absorb anthropogenic CO3, we calculate potential
pCO”" (PCO,7"), defined as the surface-equivalent pCO3 of an interior seawater parcel (Broecker and Peng, 1982; Chen et al., 2022)
. The deviation of interior pC05°" from pCO>*™ (APCO
405 the ocean interior to absorb anthropogenic COg.
Under SSP1-2.6, elevated APCO, develops at intermediate depths and progressively extends into the deep ocean (Figs. 18a-d).
By the mid-23rd century, positive APCO, is evident even within the abyssal ocean, indicating that anthropogenic carbon has
penetrated efficiently into the ocean interior and progressively reduced the remaining capacity for additional carbon uptake.
By contrast, under SSP5-8.5, APCO, exhibits a pronounced vertical gradient, with elevated values in the thermocline
410 but persistently low values throughout much of the deep ocean (Figs. 18¢-h). This pattern indicates that the rapid increase
in pCO,""™" outpaces the ventilation of the deep ocean, leaving much of the ocean interior substantially undersaturated with
respect to anthropogenic CQO, despite continued increases in interior DIC. In the Southern Ocean, relatively low APCO;
extends to shallow waters further highlighting the important role of Southern Ocean ventilation in sustaining the long-term

is used as a diagnostic for the remaining chemical capacity of

13



415

420

425

430

435

440

445

carbon storage capacity of the deep ocean. By the 2240s, large positive APCQ, values develop within the mesopelagic
ocean. This is consistent with the nonlinear response of the marine carbonate system to anthropogenic carbon invasion and the
continued accumulation of remineralized DIC (Fassbender et al., 2023).

consequences of long-term biogeochemical change

As a result of ongoing global warming, marine ecosystems are experiencing-under increasingly complex and regionally
differentiated pressures from concurrent stressors—e.g., warming, acidification, and deoxygenation—that vary in magnitude
across time and spaceand-are-underinereasingly-complexandregionallydifferentiated-pressures. We evaluate ecosystem stress
using multiple indicators, including SST, nutrient concentrations, dissolved oxygen, pH, and aragonite and calcite saturation
state-states (Qarag and calc), following Kwiatkowski et al. (2020), over centennial timescales (FigsFig. 19, 110 and Al11).

Ecosystem stress under the low-emission scenario SSP1-2.6 remains relatively limited compared with that under the higher-
emission scenarios. Anomalies in temperature, ocean acidification, and deoxygenation persist over several centuries, primarily
in the polar and subpolar regions (Figs. 19a—c). Nevertheless, the return of multiple stress indicators toward modern-day levels
is slow across a wide range of marine ecosystems, including coastal seas, coral reefs, and kelp forests. Present-day conditions
are only reached in the late 22nd century (Fig. 110).

atm

pCO2"™ de-
clines under SSP1-2.6. Sea surface temperatures remain approximately 0.5 °C above present-day values after the 21st century.

Importantly, several key environmental variables do not fully return to present-day levels even after

Surface nutrient concentrations, dissolved oxygen, and alkalinity continue to decrease over multiple centuries (FigsFig. A12,
Al13, and A14). These residual anomalies are particularly pronounced in the Arctic, where changes in temperature and nu-
trient availability persist through to the end of the 25th century (Fig. 110). Together, these results indicate that even under a
low-emission pathway, key physical and biogeochemical stress indicators can take several centuries to return to present-day
levels.

Ia-By contrast, under SSP2—-4.5, combined ecosystem stress arising from surface warming and declining nutrient availability
expands beyond the polar regions into the subpolar and equatorial regions over multi-centennial timescales (Figs. 19d—f).
Notably, this expansion continues well beyond 2100, despite only modest increases in p@@gmggwafter the end of
the 21st century. On multi-centennial timescales, some stressors show partial relaxation; however, conditions do not return
to present-day levels and, at best, approach late—21st-century states (Fig. 110). This behavior indicates that ecosystem stress
under SSP2—4.5 is driven not only by contemporaneous atmospheric forcing, but also by delayed oceanic responses, including
the persistence of elevated surface temperatures and sustained reductions in upper-ocean nutrient supply. As a result, the
spatial extent of stressed marine ecosystems continues to grow over subsequent centuries, highlighting a cuamulative and lagged
response of the ocean—ecosystem system to the forcing under intermediate-emission scenarios.

This trend is further amplified under the high-emission scenario SSP5-8.5 (Figs. 19g—i). Up to around 2090, the evolution of
ecosystem stress is broadly consistent with previous assessments focusing on the 21st century (Kwiatkowski et al., 2020), with

stress primarily emerging in the tropical and high-latitude regions. Beyond-After 2100, however, ecosystem stress intensifies
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markedly, as the combined effects of surface warming and declining nutrient availability expand across nearly all ocean basins.
This intensification is accompanied by pronounced ecean-surface-ocean acidification on a global scale.

Under SSP5-8.5, nutrient-deelines-declining surface nutrient availability in coastal and kelp systems and strong reductions
in surface aragonite saturation in coral reef regions become increasingly pronounced on multi-centennial timescales (Fig. 110).
Together, these results highlight a substantial increase in ecosystem stress beyond the end of the 21st century due-te-because
of interactions between multiple stressors under sustained forcing in high-emission scenarios.

Spatial heterogeneity is also evident in the progression of ocean deoxygenation under SSP5-8.5 (FigsFig. A13 and Al5).
The oxygen minimum zones (OMZs) in the equatorial region exhibit relatively little change. However, there are pronounced
declines in dissolved oxygen concentrations in the deep North Pacific and Southern Ocean, associated with the weakening of
deep ocean ventilation and warming.

Regarding the aragonite saturation state, projections under the low-emission scenario SSP1-2.6 show that aragonite un-
dersaturation (Q,a < 1) emerges transiently in the polar regions around the end of the 21st century (FigsFig. Al6a and b).
Subsequently, much of the area experiencing undersaturated conditions recovers to Quag > 1 as €O pCO,*""" declines,
consistent with the partial recovery shown in Fig. 110. However, aragonite saturation in parts of the Arctic Ocean remains close
to unity on multi-centennial timescales, indicating a slow and incomplete return to present-day conditions.

In-By contrast, under the high-emission scenario SSP5-8.5, undersaturated conditions (€2.,ag < 1) emerge by 2100 across
most of the Southern Ocean south of 45°S, as well as over large areas of the Arctic Ocean and the subpolar North Pacific
(FigsFig. Al6e and f). These spatial patterns are broadly consistent with previous projections focusing on the 21st century;
however, the extended simulations reveal a continued and substantial expansion of undersaturated regions beyond 2100. After
2100, Qarag < 1 conditions expand further under SSP5-8.5, progressively encompassing more than half of the global ocean
by the mid—23rd century and continuing to grow through the late 25th century (FigsFig. A16g and h). By this time, the global
mean aragonite saturation state approaches, and in some periods falls below, unity, indicating a widespread transition toward
corrosive conditions for aragonite across much of the ocean.

Regarding the calcite saturation state, {)c.ic remains substantially higher than €2,,,, under most conditions, such that calcite
undersaturation provides a more stringent indicator of corrosive conditions for calcifying organisms. Under the low-emission
scenario SSP1-2.6, ..1. stays well above unity across most of the global ocean, generally exceeding values of about 1.5,
with near-unity conditions appearing only locally in limited coastal parts of the Arctic Ocean (Figs. A16i-1). This indicates
that, although aragonite may transiently become undersaturated in the polar regions, the carbonate system does not broadly
transition into conditions that are corrosive with respect to calcite under strong emission mitigation.

In-By contrast, under the high-emission scenario SSP5-8.5, calcite undersaturation (€lcaic < 1) emerges by the end of the
21st century over large portions of the Arctic Ocean and in coastal sectors of the Southern Ocean (Fig. A16n). The extended
simulations further reveal that these (.1 < 1 regions continue to expand beyond 2100, spreading into subpolar waters by the
mid-23rd century (FigsFig. A160 and p). This progression indicates that sustained high emissions drive the ocean not only
toward widespread aragonite corrosivity, but also toward a more extreme regime in which even calcite becomes thermodynam-

ically unstable over broad high-latitude and subpolar regions.
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4 Discussion

4.1 Variation-ef Mechanisms governing long-term ocean respense-with-emission-seenario-biogeochemical responses

485 This study examines ocean biogeochemical responses under low (SSP1-2.6), mediwm-intermediate (SSP2—4.5), and high

(SSP5-8.5) emission pathways extended to the year 2500, with the aim of constraining the magnitude, persistence, and re-

atm

versibility of
long-term ocean responses to different atmospheric CO trajectories. In this section, we focus on discussing the contrasting
responses between the end-member scenarios SSP1-2.6 and SSP5-8.5 --white-using-and use SSP2—4.5 to illustrate intermediate

490 and delayed respensesadjustments.
Previous studies and-assessments-have primarily focused on ocean changes up-te2100—Aececordingto-theseprojections;
ongeing-emissions-arelikely-toresultinthe-dechine-of-during the 21st century, highlighting reductions in carbonate buffering ca-

pacityand-emergenece-of-ecosystem-stress-, ocean acidification, and increasing ecosystem stress under continued anthropogenic
emissions (Kwiatkowski et al., 2020; Masson-Delmotte et al., 2021). Our extended-simulations-that-go-beyond-simulations of

495 ocean changes between the 21st century reveal-that-many-oceanie-responses-do-not-stabilize-after-the-decline-of-atmesphe

foreing—Instead; they-evolve-and 2500 demonstrate that many of these responses are likely to continue to evolve long after
atmospheric forcing has stabilized or begun to decline. Rather than approaching a steady state, the ocean is projected to
progressively shift toward distinct long-term regimes-on-multi-centennial-timesealesbiogeochemical regimes. Regime characteristics
depend strongly on the emission pathway. In particular, we-show-that-the-the high-emission scenario is characterized by a

500 progressive approach toward the minimum buffering capacity of the ecean-carbonate-systemapproaches-its-minimum-under
the-high-emission—seenario,—while-even-marine carbonate system, continued sequestration of anthropogenic carbon in the
deep ocean, and persistent changes in nutrient distributions and marine ecosystem stress. Even under strong emission mit-
igationleaves-a—persistent-legacy-on-ocean—chemistry—eirenlation;—and-ecesystem—stress, substantial perturbations to ocean
chemistry and the ocean interior are projected to remain for centuries.

505 In the following subsections, we examine-the-transient-controls-on-oceanie pCOz-discuss the mechanisms underlying these
long-term responses. First, we consider the transient evolution of surface pCO,"". This is followed by a discussion of the long-
term evolution of carbonate buffering capacity and carbonate mineral saturation;-the-sequestration-and-potential-re-emergence
of earbon-in-the-deep-ocean,. We then consider the mechanisms controlling deep-ocean carbon sequestration and storage
capacity, circulation-driven changes in nutrient supply and biological productivity, and the-resulting-multi-stressor-impacts-on

510 finally focus on the implications of multiple stressors and their interactions for marine ecosystems.

4.1.1 Ceontrols-oen-Mechanisms controlling the transient-temporal evolution of oceanie pGO--ocean carbon uptake
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anthropogenie-carbonate chemistry, and ocean circulation. These processes regulate the air—sea pCO; difference (Fig. 14) and
consequently the magnitude of air—sea CO; over timeexchange (Fig. 15).

Under SSP1-2.6, net oceanic CO4 uptake is maintained as-throughout the 21st century because pCO,
pCO2°" over most regions-during-the 2dsteenturyof the global ocean. As pCOg“tm NSEQ\SSSLQQ@\IX stabilizes and declines, the
negative-ocean—atmosphere-air—sea pCO, difference progressively
for-furtheruptakeby-2100—-1n-weakens, leading to a gradual reduction in ocean carbon uptake. By contrast, under SSP5-8.5,

sustained atmospheric forcmg maintains a pfedeﬁnﬂ&nf}yﬂega{weﬂeeaﬂ—a{me%phef& WPCOQ difference
well beyond

atm exceeds surface

te—2100. Consequentl
oceanic CQO, uptake continues to increase until the late 21st century before gradually decreasing as surface-ocean pCO
catches up with atmospheric forcing.

Although the temporal evolution of the
air=sea CO, flux closely follows that of the air—sea pCO,, difference, regional discrepancies remain. In particular, the Southern
Ocean maintains a stronger carbon sink than would be expected from the air—sea pCO, difference alone. This behavior is
consistent with the enhancement of air—sea gas exchange by persistently strong Southern Hemisphere westerlies (Fig. A7). It
is also in alignment with the multi-model analysis of Koven et al. (2022), which indicated that the Southern Ocean remains an
important carbon sink under sustained high-emission scenarios.

The long-term decline in carbonate buffering capacity provides an additional control on the temporal evolution of ocean
carbon uptake. As anthropogenic carbon accumulates, the Revelle factor )-indicating-heightened sensitivity-of-increases and
the buffering capacity decreases. indicating progressively larger increases in surface pCO,*" to-additional-inereases—for a
given increase in DIC. By the 22nd century under SSP5-8.5, the bufferlng capac1ty of lafge—pememﬂf—me—g}ebaﬂjnvuvcvhvgfvtv@

ocn,

surface ocean approaches its minimum.
substantially redueing-As a result, the efficiency of further oceanic CO uptake is substantially reduced (Fig. 16b).

The-This simulated slowdown in surface-pCO->“—inerease-ocean carbon uptake under SSP5-8.5 is consistent with the
late—21st-century saturation of oceanic carbon uptake reported by Chikamoto and DiNezio (2021) %ﬁ&fh&%@f&dybwho

attributed the slowdown primarily to reduced

mm%@%w%%mmmmm
and anthropogenic carbon accumulation, Furthermore, Chikamoto et al. (2023) identified declining surface-ocean alkalinity as
an additional feedback that operates on multi-centennial timescalestChikamoto-et-al;2023)—Building-on-these-findings;our
results-demonstrate-that alkalinity-changes-exert-astrong controb-on-. This is consistent with the results of our decomposition

analysis, which show reductions in surface alkalinity becoming an increasingly important driver of surface pCO5°“" evelution
by-after the mid—22nd century under SSP5-8.5

feedbacks—
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effeets-

There are, nevertheless, regional differences in terms of the timing and mechanisms of this feedback. Whereas Chikamoto et al. (2023
emphasized alkalinity reductions associated with Southern Ocean processes, our simulations indicate that alkalinity-driven
increases in surface-ocean pCQO- are likely to appear earlier in the Arctic and the subpelarregions-in-the NorthernHemisphere

555 eflectine—the-prominent-role-of-AMOC-driven—chaneesin—ven of—and e

Fig. A8b). These regional differences are consistent with changes in AMOC strength and associated tracer transport, suggestin
that circulation pathways exert an important control on the spatial expression of long-term ecean—earbon—uptake—However;

560 tempeoral-expressions-of-thisfeedbackalkalinity feedbacks. Our simulations indicate that the dominant mechanism underlyin,

these differences is the reduced upward transport of high alkalinity waters to the surface caused by enhanced upper-ocean

stratification and changes in overturning circulation, with possible contributions from reduced calcium carbonate export (Fig. A9).

4.1.2 Long-term evolution of ocean buffering capacity and carbonate mineral saturation

Anthropogenic uptake of atmospheric CO2 fundamentally alters the ocean carbonate system by reducing carbonate ion concen-
565 trations and weakening-the buffering capacity of seawater, which we use as a proxy of defined here as the inverse-reciprocal of
the Revelle factor. Consistent with earlier coupled climate—carbon cycle simulations (e.g. Orr et al., 2005), our results demon-
strate a pronounced decline in buffering capacity throughout the 21st and 22nd centuries, with strong spatial heterogeneity and
a clear dependence on emission pathway.
Across all scenarios, the loss of buffering capacity emerges earliest in the Arctic Ocean and the subpolar regions in the
570 Northern Hemisphere (Fig. 16). Low temperatures, relatively low alkalinity, and efficient air-sea gas exchange result in high
intrinsic sensitivity to carbon perturbations in these regions, which can, therefore, be considered as early-warning hotspots
of carbonate-system vulnerability. Under SSP1-2.6, buffering capacity declines substantially during the 21st and early 22nd
centuries, but returns gradually toward present-day values at the global scale as atmospheric and surface-ocean pCO4 values
stabilize and decline (Fig. 16a). Nevertheless, reduced buffering capacity persists at high latitudes. Recovery of buffering
575 capacity is incomplete even under strong emission mitigation.
Under SSP5-8.5, buffering capacity continues to decline throughout the simulation period and converges toward its effective
minimum values across almost the entire global ocean by the end of the 22nd century (Fig. 16b). This convergence marks a
transition toward a weakly buffered ;-CO5-dominated-carbonate-system regime, in which further increases in DIC generate

2" to additional

disproportionately large increases in surface pCO3°“". As buffering weakens, the sensitivity of surface pCO2
580 carbon uptake increases, amplifying the effects of ocean warming and alkalinity changes.
Changes in buffering capacity are closely mirrored by the evolution of the aragonite saturation state, {2,,,, highlighting the

causal link between carbonate-system sensitivity and the emergence of corrosive conditions for calcium carbonate minerals.
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Under SSP1-2.6, transient aragonite undersaturation develops in the polar regions toward the end of the 21st century, but much
of this area subsequently returns to supersaturated conditions —Ia-(Fig. Al6a and b). By contrast, under SSP5-8.5, aragonite
undersaturation expands beyond the high latitudes after 2100, eventually encompassing-extending over more than half of the
global ocean on multi-centennial timescales (Figs. Al6e-h).

Our simulations inelade-take into account prognostic alkalinity and dynamic air-sea CO2 exchange, but de-not-aceount

fer-not pH-dependent changes in CaCO3 production and dissolution. In addition, they do not include sediment carbonate

dissolution or associated benthic alkalinity feedbacks, which could partially offset surface-ocean alkalinity declines and modif’

the long-term evolution of ocean buffering capacity and carbon uptake on multi-centennial timescales. Recent work suggests
that such carbonate pump feedbacks may partially counteract acidification by increasing alkalinity (Planchat et al., 2024).

stConsequently, our simulation results may represent
overestimates of the long-term reduction in surface-ocean buffering capacity, particularly under sustained high-CO4 conditions.
Under these conditions, sedimentary alkalinity feedbacks are expected to become increasingly important.

4.1.3 Deep-ocean-Controls on deep-ocean carbon sequestration ;-eireulation-pathways;-and petential GO~
outgassinglong-term storage

atm geabilizes or declines,

Across all scenarios, DIC concentrations in the deep ocean continue to increase even after pCOq
reflecting the long residence times and slow renewal of deep waters. Once anthropogenic carbon is transported below the
surface, it is sequestered in the ocean interior for centuries to millennia and becomes a long-lived memory of past emissions in

the climate system.

The implications of this storage are clarified using petential-oceanie pCOPCO2 %" y-whichrepresents-the pCOa-water

would b adiaba v-transported-to-the surfa Broecker-andPeng 1982 Chen-et-al;2022). Potential oceanic

pCOs isolates the biogeochemical imprint on subsurface carbon and can be used as a diagnostic of the ocean interior’s potential
to absorb or release CO2 upon ventilation.

Under SSP1-2.6, PCO,°“" develops pronounced maxima at intermediate depths and exceeds pCO2“"" even in the deep
ocean by the mid-23rd century (Figs. 18a—d). This indicates that, although strong emission mitigation limits perturbations
in the surface ocean, much of the carbon stored in the ocean interior would have the potential to outgas if deep waters were
re-exposed to the surface, highlighting the delayed reversibility of oceanic carbon uptake.

Under SSP5-8.5, PCO2°“" exhibits strong vertical gradients (Figs. 18e-h). Elevated values are confined to the thermocline
and values in the deep ocean remain persistently low—This—refleets—, indicating that the rapid rise in pCOLM™ outpacing

deep-ocean—ventitation;—sueh—that-outpaces deep ocean ventilation. As a result, the deep ocean remains undersaturated—far
from chemical equilibrium with the atmosphere despite continued DIC accumulation. The-eeexistence-of severe-surface-ocean

Consequently, the deep ocean retains substantial capacity for further CO» uptake, highlighting that carbon storage and chemical
equilibration proceed on different timescales under sustained high emissions.

19



620

625

630

635

640

645

650

Examination of the preformed and regenerated components of deep-ocean carbon storage further highlights the complementary
roles of the physical and biological pumps in long-term carbon sequestration (Fig. 11b). Although detritus export declines
under the high-emission scenarios, regenerated carbon storage continues to increase. This contrasting behavior suggests that
long-term regenerated carbon storage is influenced not only by biological export but also by changes in ocean circulation
and water-mass residence time. Nevertheless, preformed carbon remains the dominant contributor to the long-term increase
in deep-ocean carbon storage. These results suggest that changes in ocean circulation remain a primary control on long-term
carbon sequestration, whereas biological processes continue to influence the redistribution and storage of carbon within the

The accumulation of DIC along AABW pathways further underscores the importance of deep-ocean circulation in reg-
ulating long-term carbon storage. Freshwater fercing;—which-has-net-been—includedin-this-stadyinput from ice-sheet melt,
which is not included in the present simulations, is expected to amplify the long-term impact of anthropogenic carbon stor-
age on seawater chemistry —This-is-because-enhaneed-melting-is-projected-to-reduee-by reducing AABW formation and deep

ventHation;-prolonging-theresidenee-time-ocean ventilation. The resulting increase in deep-water residence time would prolon
the isolation of carbon-rich waters and-from the atmosphere, reinforcing deep-ocean acidification (Lago and England, 2019;

Chen et al., 2023).
4.1.4 Nutrienttrapping-and-QOcean circulation controls on biological productivity

Simulation results for detritus export at the depth of 100 m vary with-seenariosubstantially across emission scenarios. Detritus
export has-a-long-term-positive-trend-s projected to increase over the long term under SSP1-2.6 and SSP2-4.5-Hewever,under
. but to decrease under SSP3—7.0 and SSP5-8.5 (as-well-as-SSP3—7.0);-it-declines-steadily-between-the-beginning-of Fig. 12a).

Most of this divergence develops during the 21st century and 2150-but-thentargelystabilizes-thereafter—closely follows the
rapid adjustment of the large-scale ocean circulation. Detritus export declines as the weakening of the AMOC becomes more
pronounced under stronger forcing; this transition occurs when pCO, ™ exceeds approximately 3 times the pre-industrial
level (Fig. 2?)-—-Aerossalt seenarios; detritus export deereases-over13). Consequently, the long-term behavior of detritus export
identify from end-of-century analyses alone. Detritus export decreases across the high-latitude North Atlantic —The-deerease-is
the-most pronouneed under SSPS-Sunder all scenarios. The largest decline occurrs under SSP3-8.5, which-atso-has-the targest

Under SSP5-8.5, enhanced nutrient trapping within the AABW cell after 2250 leads to a sustained reduction in surface
nutrient availability, particularly at low and mid-latitudes (Fig. A4). This nutrient sequestration in the deep ocean coincides with
declining biological productivity in regions such as the equatorial Pacific, contributing to long-term reductions in biological
export (Fig. 2212d). On the basis of the available model diagnostics, it is unclear whether this low-latitude decrease is a
consequence of the changes in the Southern Ocean (Moore et al., 2018) or is associated with local changes resulting from the
interplay between water mass renewal and remineralization under large perturbations (Rodgers et al., 2024). Attribution of the

cause of these low-latitude changes will require model sensitivity studies in the future and is beyond the scope of this study.
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4.1.5 Eeeosystem-Ecological implications of multiple stressors

In-terms-of-the-indicators-of long-term-ecosystem-stress;-we-We found pronounced contrasts between-across ecosystem stress
indicators and emission scenarios, reflecting the-eumulative-and-interactive-effeets-ef-interactions between physical, chemical,

and biogeochemical changes —Herer-and cumulative effects. Considering that ,;ag and ¢ are-interpreted-as-biological
13%% of anthropogemc COq

organisms-experienee-uptake, we have included them as indicators of ecosystem stress in this study. Their values can indicate in-

creased energetic costs and reduced fitness in calcifying organisms and have often been used as ecologically relevant thresholds.
Under SSP1-2.6, ecosystem stress remains i -comparatively limited and several indicators gradually recover to-

ward present-day levelsconditions (Figs. Alla—c). However, recovery is slow and spatially heterogeneous, with polar and
subpolar ecosystems remaining close to critical thresholds for extended—perieds-Residual-centuries (Fig. 110). Persistent
anomalies in temperature nutrient avallablhty, oxygen, and alkahmty pems%e&mu%ﬁ-eeﬁ{eimial—ﬂme%e&}e%eﬂaeelaﬂﬂ%

mitigationindicate that ecological recovery may substantially lag behind the stabilization of atmospheric forcing.

We-use-As illustrated by the results from the intermediate-emission scenario SSP2—4.5te-highlight-delayed-and-eumulative
responses—Adter 2100, inerease i, ecosystem responses are not determined solely by the magnitude of atmospheric forcing.
Under SSP2-4.5, warming, ocean acidification, and altered nutrient distributions continue to cause ecosystem stress to intensify

although the increase in pCO>™™ i
warmingand-reduced-nutrient-supphyslows after 2100 (Fig. 110). These results demonstrate that eeesysfem—stfess—ls—shaped—ﬁef
only-by-contemporaneous-foreing-but-alse-by-marine ecosystem stress depends on the persistence of altered-ocean-statesocean
biogeochemical change as well as on the trajectory of pCO2 """

Under SSP5-8.5, ecosystem stress MMM%WWW@WMMMW all
ocean basins (Figs. Al1g—i). Consistent with previous 21st-century projections

emerges-—in-the—(e.g., Kwiatkowski et al., 2020), stress first emerges in tropical and high-latitude regions, but our extended
simulations reveal continued expansion and intensification well beyond 2100. The coexistence of sustained-warming;nutrient
declines; global-seale persistent warming, declining nutrient availability, widespread ocean acidification, and persistentaragonite
mmmwmma transition toward ecosystem states that-are
itywith multiple chronic stressors and

limited potential for recovery.

Anrimportant distinetion-between-the responses The extended simulations also reveal distinct long-term behaviors of Qarag
and (), emergesfron-the-extended-simulations(Fig. A16). Because calcite generally exhibits-higherremains supersaturated
at lower saturation states than aragonite, the eme%ewgggggpf calcite undersaturation indicates-a-perturbation-to-seawater

erepresents a more severe perturbation of
seawater carbonate chemistry. Under SSP1-2.6, aragonite undersaturation appears-transiently-in-the-polar-regions-develops

21



685

690

695

700

705

710

715

transiently in polar regions (Figs. Al6a—d), whereas calcite remains largely supersaturated ;—suggesting-that-strong-emision
S e e Sy omrerossing-chemical-thresholds-thateantead-to-moresevereconsegueneestn(Figs. A16i-1).

ush marine ecosystems beyond chemical thresholds associated with substantially lower resilience.

Together, these results demonstrate that emission pathways eontrel-determine not only the magnitude but also the persistence

and reversibility of marine ecosystem stress. While-strong-Strong emission mitigation substantially limits cumulative impacts

e-but does not eliminate the long-term ecological legacy

of anthropogenic forcing.

These findings also have implications for marine ecosystem impact assessments. Qutputs from ESMs are widely used as
environmental forcing for higher-trophic-level ecosystem models. For example, the CMIP6-driven FishMIP simulations project
substantial declines in global marine animal biomass together with pronounced regional redistributions of marine ecosystems
under future climate change (Tittensor et al., 2021). Our results suggest that ecosystem responses may_continue to evolve
for centuries after atmospheric forcing has stabilized because key stressors, including ocean acidification, carbonate mineral
saturation, nutrient availability, and warming, continue to change beyond the 21st century. Extending ESM simulations beyond
the conventional 2100 time horizon may therefore improve assessments of long-term marine ecosystem responses and their
implications for fisheries and ecosystem services..

4.2 Implications of multi-eentennial-for future ocean carbon eyele respenses-uptake

Thissection-synthesizes-Here, we synthesize the implications of the multi-centennial ocean responses that have-been-we have
identified in this study for the long-term behavior of the climate—carbon cycle system. Our results demonstrate that even

atm

after the stabilization of pCOgq and surface temperatures around the mid—22nd century, the ocean continues to absorb,
redistribute, and store carbon over subsequent centuries. The deep ocean therefore does not reach a passive equilibrium once
surface conditions stabilize, but remains an active component of the carbon cycle due-to-because of ongoing circulation and
biogeochemical processes.

In particular, DIC accumulating along AABW pathways is physically isolated from the surface and retained in the ocean
interior over long timescales, contributing to progressive deep-ocean acidification. This transport and storage of carbon persists
on millennial timescales (Yamamoto et al., 2018; Hajima et al., 2020b), providing a clear illustration of emission legacy—the

long-term impacts of past and present greenhouse gas emissions that endure even after atmospheric forcing stabilizes. Such
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behavior reflects the inertia of the ocean and the broader Earth system, underscoring the potential for long-lasting changes in
720 deep-ocean chemistry and climate.
With respect to ocean carbon chemistry, our analysis of buffering capacity indicates that the ocean approaches a limit in its

ability to absorb additional CO,. Although these simulations are concentration-driven and pCO*"™

is prescribed, the emer-
gence of a near-minimum buffering regime implies that, under emission-driven scenarios, declining oceanic uptake efficiency
could substantially amplify climate—carbon cycle feedbacks.

725 By extending simulations beyond the conventional cutoff of 2100 and evaluating ocean responses under scenarios extended
to 2500, this study expands the temporal scope of future projections. A robust understanding of ocean response timescales is
essential for assessing long-term Earth system stability, particularly in the context of climate mitigation strategies, emission

legacy, and the potential deployment of negative emissions technologies.
4.3 Future challenges and uneertainty-uncertainties

730 In this study,

uneertaintiesremain-due-to-limitationsin-we have presented simulation results that provide new insight into multi-centennial
ocean biogeochemical responses. Because of limitations associated with model structure, experlmental demgn and the rep-

resentation of key

researeh-are-Earth-system processes, several uncertainties remain. Addressing these uncertainties will be essential for improv-
735 ing the robustness of long-term climate projections and enhaneing-theirrelevaneeforpoliey-deeiston-makingthe application of

long-term projections to marine ecosystem and climate-impact assessments.

4.3.1 Model structural uncertaint

A major source of uncertainty arises from structural differences among Earth-system-models—in-theirrepresentation-ESMs,
especially in terms of model representations of the carbon cycle and marine biogeochemistry. Previous multi-model analyses

740 have shewn-demonstrated substantial spread in projections of NPP, biological export, and ocean acidification—This-variationis
drivenby- Mrgﬁggggg\dﬁferences in nutrient limitation, e melologlcal pump formulations, and carbon-
Bopp et al., 2013; Kwiatkowski et a

ate chemistry para

The simulations presented in this study show contrasting responses of detritus export across emission scenariosin—this

, which can largely be explained
the combined influence of atmospheric CO forcing and changes in large-scale ocean circulation (Fig. 13). Under hlgh-

745

projections—of-higher-trophielevelsscenarios, weakening of the AMOC reduces nutrient resupply to the North Atlantic and
750 suppresses detritus export, whereas detritus export is maintained or enhanced under lower-emission scenarios because the
overturning circulation remains comparatively stable.
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However, CMIP-class ESMs vary in terms of their simulations of the mean state, and deep convection of the overturnin

circulation (Weijer et al., 2020; Masson-Delmotte et al., 2021). These uncertainties and those associated with the magnitude

3

and timing of AMOC weakening propagate through to projections of nutrient supply, marine productivity, and carbon export.
755 Accordingly, uncertainties in biological export projections are associated with those in the simulated physical climate response

as well as model parameterizations of the ecosystem.
Amnether-The concentration-driven experimental design also represents an important source of uncertamtyt&felafed%eﬁe

760

eoncentration-drivenexperiments reported-different trajectories-of is prescribed, feedbacks between anthropogenic emissions,

the coupled climate system, and the carbon cycle are not represented explicitly. Previous comparisons between concentration-

mwmocean carbon uptake Mand stronger climate—carbon feed-

simulations (Friedlingstein et al., 2

765 . In this study, we have identified future declines in buffering capacity and uptake-efficieney-thatis-apparentin-ourresultscould
MWHMWWWWWMWMH -driven sce-

narioss;

backs in emission-driven e Ats ostein et al. —The emereen . "

770 4.3.2 Missing Earth-system processes

Several processes that become increasingly important on centennial-to-millennial timescales, such as interactive ice-sheet
dynamics, and sediment carbonate dissolution and benthic alkalinity feedbacks, are not represented in the MIROC-ES2L
model framework used in the present study.

Freshwater input from ice sheet melt has long been recognized as a key driver of large-scale ocean circulation changes,

775 particularly through its influence on buoyancy-driven overturning (Rahmstorf, 2002). In-terms-ef-Recent studies have shown
that Antarctic ice sheet melt -reeentstudies-have-emphasized-itspotential-to-can weaken AABW formation, alter the-cireulation

of the-Seuthern-Oeean-Southern Ocean circulation, and substantially modify ocean carbon uptake and storage (Bronselaer et al.,
2018, 2020)-Fhe-absenee, whereas freshwater perturbations from the Greenland Ice Sheet have been shown to reduce ocean
MM%WM@%WMM of dynamic freshwater forcing

780 in the present study therefore represents
an important source of uncertainty in projections of long-term ocean carbon storage and acidification. Future-modeling-efforts

Additionally, the magnitudes of the reductions in surface-ocean alkalinity and buffering capacity may have been overestimated
in our simulations, which did not take into account sediment carbonate dissolution and benthic alkalinity feedbacks. Sediment
785 dissolution supplies alkalinity to the ocean, as—w v i i
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perturbations-on-partially compensates for ocean acidification, and weakens the long-term earbon-eyele-dynamies—decline in
carbonate buffering capacity. On longer timescales, carbonate compensation provides one of the principal negative feedbacks
regulating atmospheric CO, and restoring ocean carbonate chemistry (Archer et al., 1998; Archer and Brovkin, 2008).

and are strongly influenced by terrestrial inputsrinechadingriverine-carbon and nutrient fluxes-(Yamameoto-et-al;2022)Reeent
syntheses—suggest-that-river-derived—earbon—inputs—ean—inputs but are poorly resolved in coarse-resolution global models
Yamamoto et al., 2022). River-derived carbon may drive oceanic CO4 outgassmg that is equlvalent to appr0x1mately 20%

present anthropogenic ocean
carbon uptake (Lacroix et al., 2020; Regnier et al., 2022). Therefore, the biogeochemical responses in the continental shelf and
coastal oceans represent another important source of uncertainty in the long-term projections reported in this study.

4.3.3  Future directions_

Future modeling efforts should prioritize improving the coupling between ice sheets and the ocean, as well as targeted
sensitivity experiments that explore the impact of freshwater perturbations on long-term carbon cycle dynamics. Improved
land—ocean earben-transfercoupling and higher-resolution global simulations are also needed. Beyond these physical and Earth

system interactions, further progress will require improved representation of biogeochemical and ecological processes.
At present, ecosystem responses in Earth-system-medels-ESMs are commonly assessed using aggregated physical and bio-

geochemical stress indicators, rather than explicit representations of species- or community-level dynamics. Such simplified
representations limit the ability of current models to capture ecosystem complexity, biodiversity responses, and trophic in-
teractions, particularly at higher trophic levels (Stock et al., 2017; Lotze et al., 2019). Recent studies incorporating multiple
plankton functional types demonstrate that accounting for greater ecosystem complexity can substantially alter projected com-
munity composition and functional structure under climate change (Henson et al., 2022). Addressing these limitations will

require the integration of ecosystem models that explicitly represent multiple plankton functional types and higher trophic

levels, together with sustained observational constraints.

Finally—while-In addition to ecosystem complexity, seasonal variability represents another important dimension of future
ecological change. Although this study focuses on annual mean states and multi-centenntal-long-term trends, changes in
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forunderstanding the (Kwiatkowski and Orr, 2018; Orr et al., 2022).

Another important source of uncertainty concerns the strength and nonlinearity of climate—carbon feedbacks associated
with ocean carbonate chemistry. Although projections of ocean acidification are relatively robust, substantial uncertainty still
remains with respect to the timing and magnitude of changes in buffering capacity and the resulting limits on long-term
stabitity-of the Earth-systemocean carbon uptake (Orr et al., 2005; Egleston et al., 2010). Biases in the simulated Revelle factor
have also been linked to biases in projected ocean carbon uptake across CMIP6 models (Terhaar et al., 2022).

Future progress will require coordinated multi-model experiments that extend beyond the conventional 2100 horizon while
incorporating improved representations of ocean circulation, carbonate chemistry, sediment processes, ice-sheet interactions,
and marine ecosystem dynamics.

5 Conclusions

In this study, we have-presented comprehensive analyses of stmutations-of-the Earth-system—medel-ESM simulations from
MIROC-ES2L te-examine-and examined the sensitivity of ocean biogeochemistry and ocean biogeochemical fluxes under a

range of elimate-change-anthropogenic emission scenarios extended to the year 2500. This timescale is much longer than the
timescale that is typically used in climate projection studies. Our results confirm that changes can persist over multiple cen-
turies, with broad implications for human resource management and ecosystem health. Importantly, our results underscore the
value of choosing a low-emission strong-mitigation pathway (rather than a high-emission weak-mitigation pathway) in promot-
ing both ocean health and limiting marine ecosystem stress over these extended timescales. Emission mitigation substantially
reduces many of the deleterious impacts of the forcing produced by high emissions, including warming, deoxygenation, and
reduced availability of nutrients in the euphotic zone.

In terms of the carbon cycle, the ocean eentinues-is projected to continue to absorb CO, from the atmosphere beyond the
21st century, leading to sustained accumulation of DIC in the deep ocean. This is especially evident along pathways of AABW,
where acidification in the deep ocean also intensifies. Analysis of the buffering capacity reveals a substantial weakening of the
ocean’s earbon-carbonate buffering system under SSP5-8.5, indicating a decline in the efficiency of oceanic CO; uptake in the
future. This weakening is delayed in the Southern Ocean due-to-because of the increase in biological export and influence of

deep water masses.

Biological export exhibits a pronounced dependence on the trajectory of pCO, %™, Detritus export increases under low-emission
scenarios but declines under sustained high-emission scenarios, with the transition occurring when pC Q™ reaches approximatel
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3 times the preindustrial level. Although this threshold behavior reflects the combined influence of multiple physical and
biogeochemical processes, it is closely associated with changes in large-scale ocean circulation, particularly the weakening of
the AMOC and the resulting redistribution of nutrients.

Ecosystem stressors—warming, acidification, and deoxygenation—are projected to expand in both space and time. Even
under the low-emission scenario SSP1-2.6, return to modern-day levels is delayed by roughly 100 years, while-whereas under
SSP2-4.5, more areas are stressed and ecosystem stress is projected to intensify through the 25th century. In the Southern
Ocean, the aragonite saturation state is projected to fall below 1.0 by 2100 under SSP5-8.5, posing serious risks to calcifying
organisms. Furthermore, reduced deep-ocean ventilation in the North Atlantic, North Pacific, and Southern Ocean is expected
to drive oxygen loss outside current OMZs.

These findings underscore the importance of accounting for sustained and delayed ocean responses in climate projections
beyond the 21st century. Long-term simulations extending to the year 2500 show that persistent anthropogenic forcing leads to
profound and long-lasting alterations in ocean biogeochemistry, particularly through changes in the polar regions and the deep
ocean. Weakening and reorganization of the overturning circulation result in the redistribution of biogeochemical tracers over
multi-centennial timescales, reducing the ocean’s capacity to buffer p@@gMMand limiting future carbon uptake.
As a consequence, deep-ocean acidification intensifies, especially along AABW pathways, raising concerns about persistent
impacts on benthic ecosystems and highlighting the need to place high priority on these processes in future model development
and climate policy planning.

These findings highlight long-term (multi-centennial) memory of the ocean interior of climate perturbations and have a num-
ber of broad implications. One of them is the reversibility of such changes under climate stabilization. Because perturbations
persist in the deep ocean under high-emission scenarios, identification of the timescales of the persistence of marine biogeo-
chemical perturbations should be a priority in future studies. Fully understanding reversibility will likely require developing
attribution methods that can deconvolve the direct effects of warming on biogeochemical cycling and the indirect effects as
manifested through changes in circulation. This will provide insight into the indirect contributions of weakening overturning

circulation structures to global biogeochemical change —The-and facilitate assessments of the relative contribution of the direct

temporal

effect of warming on biogeochemical processes beyond 2100 or 2150 and its

variability.

Code and data availability. The code of MIROC-ES2L is not publicly archived because of the copyright policy of the MIROC community.
Readers are requested to contact the corresponding author if they wish to validate the model configurations of MIROC-ES2L and conduct

replication experiments.

Appendix A
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Figures/fig.s0l.png

Figure Al. Pres

ingAtmospheric pCO3 forcings prescribed by historical

and extended SSP scenarios.
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Figures/fig.s02.png

Figure A2. Surface DIC follows atmospheric partial pressure of CO2, whereas deep-ocean DIC continues to increase gradually over
centuries. Depth-integrated dissolved-inorganie-earbon—+DIC )-concentrations (unit: mmolm™?) in three ocean layers (0-200m, 200
1000m, and 1000-6000m), simulated under the Extended-extended SSP scenarios.
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Figures/fig.s03.png

Figure A3. Biologies

Under SSP5-8.5, the AMOC becomes much weaker and shallower by the end of the 21st century. (a) Gross primary produetion-Time
series of AMOC and Pacific Meridional Overturning Circulation (unit:-PgCyear—PMOC) simutated-strength under SSP1-2.6, SSP2—4.5,
and SSP5-8.5. Fhiek tinesrepresent 10-year running meansAMOC and PMOC strengths are defined as the maximum meridional overturning
streamfunction over 31°-90°N and 500-5400m depth in the Atlantic and 30°S-90°N and 1000-54001m depth in the Pacific, while-thin

hines-indieate-annual-valaesrespectively. Meridional overturning streamfunctions in the global, Atlantic, and Pacific Oceans for (b) Petritus
er-SSP1-2.6 -SSP2—4-5-SSP3—7-0;-and (c) SSP5-8.5. Thicktinesrepresent
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Figures/fig.s04.png

Figure A4. }

AABW cells, whereas subsurface nutrients decrease in low latitudes. Zonal mean vertical sections of nitrate concentration anomalies
(unit: mmolm ~?) under SSP5-8.5. From left to right, the panels show longitudinally averaged sections for the Atlantic, Southern, and Pacific
Oceans. From top to bottom, each-row-representsTows represent anomalies for the (a) 2040s, (b) 2090s, (c) 2240s, and (d) 2490s, relative to
the 2010s average under SSP1-2.6.
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Figures/fig.s05.png

Figure AS. Unde — Ocean temperatures
at the surface stabilize, whereas temperatures below the depth of 200 m continue to rise over centuries across all scenarios.
Depth-integrated temperature (aunit: °C) Fime—series—of-AMOC—in three ocean layers (0-200m, 200-1000m, and PMOC-strength

1000-60001m), simulated under the extended SSP scenarios.
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Figures/fig.s06.png

Figure A6. Surface-ocean pCO3 broadly tracks atmospheric pCO-, despite regional air-sea differences. Annual-mean changes in

COg in the surface ocean (unit: ppm) by latitude band, simulated under (a) SSP1-2.6 --SSP2—4and (b) SSP5-8.5. Colored lines represent
different latitude bands as follows:

ray (global mean)
ellow (southern subtropics: 15°S-45°S

<45°9).

, dark blue (equatorial: 15°S—15°N), orange (northern subtropics: 15°N—40°N)

ink (northern subpolar: 40 °N—60°N , and light green (Antarctic:

reen (Arctic: > 60°N
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Figures/fig.s07.png

Figure A7. The Southern Hemisphere westerlies strengthen under SSP5-8.5. 10-m wind speed anomalies (unit: ms ™ ') under SSP5-8.5,
relative to the 2010s mean under SSP1-2.6. Meridionat-overtarning-streamfunetionin-Panels show the global(b) 2040s, (c) 2090s, (d) 2240s,
Atlantie-and Paeifie-Oeeansfor-(be) 2490s.
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Figures/fig.s08.png

Figure A8. Surface DIC is the primary driver of pCO- changes, but under SSP5-8.5 in the mid—22nd century, alkalinity also makes

a secondary yet notable contribution. Regional contributions of temperature (red), salinity (blue), DIC (yellow), and alkalinity (green

to the temporal change of surface pCO2°“" (black) under (a) SSP1-2.6 and (eb) SSP5-8.5. Thick lines represent 20-year running means,

whereas thin lines indicate 5-year mean values. The horizontal axis represents time (years), and the vertical axis shows the time derivative of

CO; (dpCO2/dt, unit: ppmyear 1).
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Figures/fig.s09.png

surface and deep ocean intensifies. Zonal mean vertical sections of petentiat-partiat-pressure-of-CO--alkalinity concentration anomalies
(PCO5°"ynit: mmol m %) under (a—d)-SSPI—2-6-and-(e—h)-SSP5-8.5. From left to right, the panels show longitudinally averaged sections
for the Atlantic, Southern, and Pacific Oceans. From top to bottom, each-row-represents-the-decadal-mean-rows represent anomalies for the
(a;e) 2040s, (b)) 2090s, (cs-g) 2240s, and (d;h) 2490s—Pesitive PCO- " —values-indiecate-that-oceanie pCO-exeeeds-atmospherielevels,
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Figures/fig.s10.png

Figure A10. Deep-ocean DIC continues to increase over centuries along the AABW pathway. Zonal mean vertical sections of disselved
ineorgante-earborDIC concentration anomalies (unit: mmol m %) under SSP5-8.5. From left to right, the panels show longitudinally averaged

sections for the Atlantic, Southern, and Pacific Oceans. From top to bottom, each-row-represents-rows represent anomalies for the (a) 2040s,
(b) 2090s, (c) 2240s, and (d) 2490s, relative to the 2010s average under SSP1-2.6.
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Figures/fig.sll.png

els— Even under the low-emission

SSP1-2.6 scenario, it takes until around the year 2200 for surface ocean temperature, acidification, deoxygenation, and aragonite

saturation state to return to near modern levels, Projected time series of open-ocean temperature, pH, DIC, Oz, NOj', and Qaragonite

under SSP1-2.6, SSP2—4.5, SSP3-7.0, and SSP5-8.5. Vartables-Results are sammarized-in-shown for four depth elasses-ranges (0-200m,
200-1000m, 1000-2000m, and > 2000 m)te-enable-consistent-comparison-across-vertical-Hayers.
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Figures/fig.sl2.png

Figure A12. Surface-ocean nitrate stabilizes and slowly recovers under low emissions, while deep-ocean nitrate continues to accumu-
late. Depth-integrated nitrate concentrations (unit: mmolm~?) in three ocean layers (0—200m, 200-1000m, and 1000-6000 m), simulated

under the Extended-extended SSP scenarios.
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Figures/fig.sl3.png

Figure A13. Deep-ocean oxygen declines persistently across emission scenarios. Depth-integrated oxygen concentrations (unit:

mmolm ~2) in three ocean layers (0-200m, 200—-1000m, and 1000-6000m), simulated under the Extended-extended SSP scenarios.
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Figures/fig.sl4d.png

Figure A14. Surface-ocean alkalinity declines under climate forcing, while deep-ocean alkalinity continues to increase.
3) in three ocean layers (0-200m, 200-1000m, and 1000-6000 m

Depth-integrated alkalinity concentrations (unit: mmolm ™~ simulated

under the extended SSP scenarios. 41



Figures/fig.sl5.png

Figure A15. Subsurface oxygen concentrations decrease substantially at high latitudes, whereas changes within equatorial OMZs are
small. Dissolved oxygen anomalies (unit: mmolm~2) under SSP5-8.5, relative to the 2010s average-mean of SSP1-2.6. Panels eorrespond
te-show the (b) 2040s, (c) 2090s, (d) 2240s, and (e) 2490s.
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Figures/fig.sl6.png

Figure A16. Unde _5_the-arasonitesaturation-statefalls-belov , he entury--exeeptin-parts-of-the-subtropies
saturation state ({2arag) under (a—d) SSP1-2.6 and (e-h) SSP5-8.5 ;-showing-annual-mean-vatuesfor the surface-upper ocean (0-200m) in
the (a, ) 2040s, (b, ) 2090s, (c, g) 2240s, and (d, h) 2490s. Calcite saturation state ({2caic) under (i-1) SSP1-2.6 and (m—p) SSP5-8.5
showing-annual-mean-vatues-for the surface-upper ocean (0-200m) in the (i, m) 2040s, (j, n) 2090s, (k, 0) 2240s, and (1, p) 2490s.
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Figures/fig.sl7.png

Figure A17. Under SSP5-8.5, summer sea ice reaches a minimum by the mid-21st century, and winter sea ice does so within the
22nd century. Changes in sea-ice concentration by latitude band under four scenarios: (a) SSP1-2.6 (February—April; FMA), (b) SSP1-
2.6 (August—October; ASO), (c) SSP5-8.5 (February—April; FMA), and (d) SSP5-8.5 (August—October; ASO). Colored lines represent
different latitude bands as follows: gray (global mean), dark blue (equatorial: 15°S-15°N), orange (northern subtropics: 15°N—40°N),
yellow (southern subtropics: 15°S-45°S), pink (northern subpolar: 40 °N-60°N), green (Arctic: > 60°N), and light green (Antarctic:
< 45°8).
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Appendix B: Multi-centennial ocean physical responses

Biogeochemical changes are strongly modulated by the physical state of the ocean, not only through source and sink processes
but also via advection and diffusion, which transport biogeochemical tracers throughout the ocean interior. Therefore, in this
section, we provide a brief overview of the key physical responses of deep ocean circulation, temperature, salinity, stratification,
and sea-ice, focusing on aspects that are the most relevant to the interpretation of biogeochemical changes.

Global-scale ocean heat uptake and enhanced stratification lead to a pronounced weakening of the AMOC (Fig. A3). Under
high-emission scenarios in particular, NADW formation declines substantially by the year 2100, with the associated deep
ocean volume transport decreasing from approximately 30 Sv (where 1Sv = 10°m? s~!) in the preindustrial era to about 5 Sv.
This pronounced decline occurs primarily within the first 100 years of the simulation. In the Pacific Ocean, the deep circulation
driven by AABW also weakens considerably, with transport rates approaching zero as global temperature reaches its maximum.
As a result, the structure of the deep ocean circulation is substantially different from that of the present day.

With increasing pCO,*"™, SST rises accordingly, and tends to remain elevated once the CO, concentration stabilizes
(Fig. AS). Under SSP5-8.5, the global mean SST increases by approximately +2°C by 2100 and reaches around +4°C
by 2200. This warming exhibits substantial regional variability:; SST increases more rapidly in the Arctic;-while-the-warming
. Warming progresses more slowly in the Southern Ocean (south of 60°S) and the subantarctic region (30-60°S), where the
rate of increase is roughly half that observed in the Arctic.

In contrast to the surface ocean, deep ocean temperatures continue to increase beyond 2300 under SSP5-8.5 approximately
linearly (Fig. AS). This deep ocean warming is particularly pronounced in the Arctic, where the rate of temperature increase
is roughly 3 times that in other regions. By 2500, the temperature increase below the depth of 1000m in the Arctic Ocean
exceeds 7°C, compared to a global mean increase of approximately 2°C at the same depth. Such regional differences are
likely attributable to variations in the propagation of heat into the deep ocean and differences in deep ocean circulation. Under
the low-emission scenario SSP1-2.6, the temperature increase in the upper 200m of the ocean peaks in the latter half of
the 21st century, reaching approximately 4+0.8°C. In-By contrast, below 1000m, warming continues gradually and reaches a
comparable magnitude of about +0.8°C by 2500.

Moreover, there is significant warming in the mid-depth layer (approximately 500-1000m) even under low-emission sce-
narios, and this warming persists through to the year 2500. As a result, while-although surface warming enhances stratification,
the subsurface is influenced by warming from intermediate depths, potentially weakening the stratification beneath the surface
layer in some regions.

Timescales of sea-ice change are relatively short compared with those of changes of other physical variables. Under SSP5—
8.5, wintertime sea-ice concentration reaches its minimum in the Arctic Ocean by the mid—22nd century and in the Southern
Ocean around 2200 (Fig. A17). Summertimesea-iceon-the-other-hand;-By contrast, summertime sea ice nearly disappears by
the late 21st century.
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The projected future loss of sea ice is expected to further amplify surface warming in the polar regions through reduced
albedo. It is expected to enhance surface stratification and potentially impact biogeochemical cycles through changes in both

the light environment and vertical nutrient supply.
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Figures/fig.m0l.png

Figure 11. Preseribed-atmespherie atmospherie Surface carbon rapidly adjusts to atmospheric forcing, whereas the deep ocean remains
gwmwwmmlwgmwmw%wmﬁuwmmm&wﬂm
Mﬁmﬁﬂﬂglww aee olows-atmesn o vhereas-deep-ocean continunes-to-inerease-sradually
over-eenturies— Depth-integrated-dissolved-inorganie-earbon-(DICh) eoneentrations-Depth-integrated anthropogenic carbon inventory (unit:
W%) in three ocean layers (0-266m200m, 200—+6661000m, and 1000-6666:6000m) and the global ocean, simulated

under the Extended-extended SSP scenarios (SSP1-2.6, SSP2—4.5, and SSP5-8.5). The anthropogenic carbon inventory is further partitioned
into preformed (dashed lines) and regenerated (dotted lines) components.
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Figures/fig.m02.png

Figure 12.

Anntat-mean—_Future
biological productivity diverges sharply across emission pathways. (a) Detritus downward flux at the depth of 100 m (unit: PgC year !

simulated under SSP1-2.6, SSP2—4.5, and SSP5-8.5. Thick lines represent 10-year running means, whereas thin lines indicate annual

values. (b) Gross pri roduction (unit: PeCyear ') simulated under SSP1-2.6, SSP2-4.5, and SSP5-8.5. Thick lines represent
10-year running means, whereas thin lines indicate annual values. Spatial changes in pGO-—detritus downward flux at the depth of

100, m (unit; gCm~2 ’1), calculated as the difference between the values from the 2240s and the historical values from the 1990s
under (¢) SSP1-2.6 and (d) SSP5-8.5. The bar plots exhibit integrated air-sea COo

Mikaloff Fletcher et al. (2007).

cear

fluxes over the regions (unit; PgCyear ') used in
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Figure 13. Atmospheric pCO- exhibits a strong negative relationship with organic carbon export, which is in turn closely linked

atm

to the strength of the AMOC. (a) Scatter plot showing the surface-ocean-relationship between pCOq and organic carbon export.

lot showing the relationship between pCO2%™ and the maximum AMOC strength. Each point represents a 50-year mean (2015-2050
2051-2100, ..., 2451-2500) simulated under the extended SSP scenarios.
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Figures/fig.m04.png

Figure 14. Under SSP5-8.5, oceanic pCO exceeds atmospheric pCO at low latitudes, whereas the opposite applies in the Southern
Ocean. Annual-mean changes in the ocean-atmosphere pCQOs difference (ApCOq, unit: ppm) by latitude band, simulated under (a) SSP1-

2.6 and (b) SSP5-8.5. Positive values indicate that oceanic pCO- exceeds atmospheric pCO2, whereas negative values indicate the opposite.
Colored lines represent different latitude bands as follows: gray (global mean), dark blue (equatorial: 15°S-15°N), orange (northern sub-

tropics: 15 °N—40 °N), yellow (southern subtropics: 15 °S-45 °S), pink (northern subpolar: 40 °N-60 °N), green (Arctic: > 60 °N), and light

green (Antarctic: < 45°S). Annual-mean ApCOs for (¢) SSP1-2.6 and (d) SSP5-8.5. Panels show the decadal means for the 2040s, 2090s,
2240s, and 2490s.
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Figure 15. Unde

values— Under SSP5-8.5, the oceanic CO- flux indicates gradual shifts toward outgassing at the low latitudes, whereas the
Southern Ocean remains a persistent sink. Annual-mean changes in the ecean-atmosphere pCOzdifferenee-COy flux (ApCOz;unit:
ppmgk/Cvxggg:\l) by latitude band, simulated under (a) SSP1-2.6 and (b) SSP5-8.5. Positive values indicate that-oceanic pCOs—exeeeds

atmespherie-pCO2CO; outgassing, while-whereas negative values indicate the-eppositeoceanic CO- uptake. Colored lines represent differ-
ent latitude bands as follows: gray (global mean), dark blue (equatorial: 15°S—15°N), orange (northern subtropics: 15°N-40°N), yellow

(southern subtropics: 15°S—45°S), pink (northern subpolar: 40 °N-60°N), green (Arctic: > 60°N), and light green (Antarctic: < 45°S).

Annual-mean ApCOwith-results-shown-CO, flux (unit: gCm 2 year 1) for (¢) SSP1-2.6 and (d) SSP5-8.5. Each-panel-shows-Panels
show the decadal mean-means for the 2040s, 2090s, 2240s, and 2490s.
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Figure 16. Unde
SSP1-2:6-it-takes-about-a—eentury-to-return-to-present-daylevels=- Under SSP5-8.5, the ocean’s CO- buffering capacity reaches a

near minimum by the mid—22nd century, whereas even under SSP1-2.6 it takes about a century to return to present-day levels.
Annual-mean changes in pCOz in the surface ocean (unit: ppm) by latitude band, simulated under (a) SSP1-2.6 and (b) SSP5-8.5. Colored

lines represent different latitude bands as follows: gray (global mean), dark blue (equatorial: 15°S—15°N), orange (northern subtropics:
15°N-40°N), yellow (southern subtropics: 15°S-45°S), pink (northern subpolar: 40 °N-60°N), green (Arctic: > 60 °N), and light green
(Antarctic: < 45°S). Annual-mean dDIC/dpCOs—representing the sensitivity of dissolved inorganic carbon (DIC) to changes in surface-
ocean pCOq—withresultsshownfor—for (c) SSP1-2.6 and (d) SSP5-8.5. A higher value indicates stronger buffering capacity, meaning that
the ocean can absorb and retain more CO> for a given increase in pCO2. Each-panel-showsPanels show the decadal mean-means for the
2040s, 2090s, 2240s, and 2490s.
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Figure 17. Changes-in-pCO--are-initially-driven-by-surface DIC;-with-alkalinity-beecoming-impertant-from-the-mid nd-eentu

onward-under-SSP5-8.5.- Regional-contributions-Changes in surface-ocean pC O3 are initially driven by surface DIC, with alkalinit

becoming important from the mid—22nd century onward under SSP5-8.5. Contributions of temperature (red), salinity (blue), DIC
(yellow), and alkalinity (green) to the temporal change of #5O--global-mean surface pCO2°“" (black) under (a) SSP1-2.6 and (b) SSP5-

8.5. Thick lines represent 20-year running means, while-whereas thin lines indicate 5-year mean values. The horizontal axis represents time

(years), and the vertical axis shows the time derivative of pCOg (dpCO2/dt, unit: ppm year™ ).
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Eeesystemrstress-in-the surface-oceanUnder SSP5-8.5, surface and subsurface waters become potentially supersaturated in pCOz
relative to the atmosphere over time, whereas deeper waters remain potentially undersaturated. Zonal mean vertical sections of
APCO3 = PCO2°°" — pCO2*™ (6-260munit: ppm) underfor (a—ea—d) SSP1-2.6 —(d—-SSP2—4.5-and (g—ie-h) SSP5-8.5, where
PCO," denotes ocean potential pCO3 and pCO,!" denotes atmospheric pCQ;. Bach-panet-shows-ehanges-in-From left to right, the

anels show longitudinally averaged sections for the Atlantic, Southern, and Pacific Oceans. From top to bottom, rows represent the decadal
means for the (a, d--ge) 2040s, (b, e-hf) 2090s, and-(c, f-1g) 2240srelative-to-the 2640s-average-tnder SSP1—2.6-Stressors-inchide-warming
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Figure 19. Even under the intermediate scenario SSP2—4.5, ecosystem stress continues to intensify beyond the 21st century. Ecosystem
stressors under (a—c) SSP1-2.6, (d—f) SSP2-4.5, and (g-i) SSP5-8.5. Panels show changes in the (a, d 2040s, (b, e, h) 2090s, and
¢, f, 1) 2240s relative to the 2010s average under SSP1-2.6. Following Kwiatkowski et al. (2020

, stressors are defined using sea surface
temperature, surface ocean pt, euphotic-zone nitrate concentration (averaged over 0-100m). and subsurface dissolved oxygen concentration
red). Additional
stressors are ocean acidification (surface pH decrease of —0.3, hatched) and deoxygenation (subsurface dissolved oxygen decrease of

averaged over 100-600m). Stressors include warming (+2°C), nutrient decline (—1 mmolm 2, blue), and their overla
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Figure 110. Under SSP5-8.5, nutrient declines in coastal and kelp systems and reductions in aragonite saturation in coral reef
regions become pronounced. Projected time series of coastal-ocean temperature, pH, DIC, O2, NO3', and Qaragonite across coastal seas,
coral reefs, kelp systems, upwelling zones, and polar regions (north and south) under SSP1-2.6, SSP2-4.5, SSP3-7.0, and SSP5-8.5. Spatial
masks follow IPCC AR6 WGII Fig. 3.7 (Cooley et al., 2022).
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