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Abstract. Understanding the coupled exchange of H2O and CO2 between ecosystems and the atmosphere remains limited due

to our inability to partition net fluxes into their individual source and sink components. For the Amazon rainforest, which plays

an important role in the global balance of water and carbon, investigating these individual fluxes is critical given the environ-

mental changes in recent years. Here, we apply a stable isotope-based approach to partition ecosystem-scale gas exchange from

simultaneous eddy covariance measurements of H2O and CO2 isotopologues. During the 2022 CloudRoots-Amazon campaign5

at the Amazon Tall Tower Observatory, high-frequency isotopologue flux measurements from 57 m were used to derive multi-

day composite diurnal cycles of δ fluxes and ecosystem source compositions. A steady-state midday interval, constrained with

independent leaf and soil isotopic observations, allowed us to coherently link the H2O and CO2 isotopic states throughout the

ecosystem (soil, canopy, leaf, atmosphere) using δ18O.

Isotopic flux partitioning indicates that transpiration accounts for 95.5 % of the net evapotranspiration (ET ) of water at10

14:00, with soil evaporation being responsible for 4.5 %. For CO2, δ18O-based partitioning indicates that the respiration flux

from the soil equals -44 % of the net ecosystem exchange (NEE), where the photosynthetic assimilation flux in turn is 144 % of

NEE. The partitioning of NEE was found to be strongly dependent on the leaf intercellular-to-atmospheric CO2 ratio (ci/ca)

which determines the (apparent) isotopic composition associated with photosynthetic assimilation (δP ). This underlines how

important detailed leaf and soil level measurements of isotopic compositions and leaf characteristics are for ecosystem-scale15

flux partitioning.

1 Introduction

Tropical rainforests are key drivers of the global water and carbon cycles (Bastos et al., 2020; Dominguez et al., 2022).

However, the dynamics of these ecosystems are changing as a result of deforestation and climate change (Artaxo, 2023;

Espinoza et al., 2024). The Amazon rainforest, which is world’s largest, is changing from a net carbon sink to a source (Brienen20

et al., 2015; Ke et al., 2024). Unprecedented droughts and forest fires in recent years are signals of that change (Moreira et al.,

2024; Mataveli et al., 2024).
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Ecosystem scale measurements of the gas exchange of H2O and CO2 enable us to understand ecosystem dynamics (Bal-

docchi, 2014). However, common approaches for measuring the exchange are only able to assess the net exchange, which

is the sum of several individual processes. The net ecosystem exchange of carbon dioxide (NEE) is the sum of the uptake25

by photosynthesis (P ) and the release by respiration (R). Here, R is the sum of photo-respiration, dark respiration, and het-

erotrophic respiration. For water vapour, the main components of the net Evapotranspiration (ET ) flux are the transpiration

from vegetation (T ), and evaporation (E) from soils. Note that after precipitation or during dewfall, a separate evaporation flux

from intercepted water might be defined (Wei et al., 2017).

The inability to measure individual ecosystem fluxes separately is an important limitation in advancing our understanding of30

ecosystem dynamics. This is because environmental drivers are linked to individual gross fluxes, and relate only indirectly to

net fluxes (Tramontana et al., 2020; Stoy et al., 2019). These process-based individual fluxes can be implemented in mathemat-

ical models to understand the relative importance and possible changes in individual exchange processes. Soil and leaf scale

measurements provide accurate individual fluxes at small scales, but connecting those to the canopy and ecosystem scale is

challenging (Sabot et al., 2022; González-Armas et al., 2024; Mangan et al., 2023). Stable isotopes can serve as natural tracers35

to address this limitation.

The isotopic composition is generally expressed in δ-notation, which is defined as :

δ =
Rspl

Rref
� 1 (1)

Where Rspl indicates the heavy-to-light isotope ratio of the sampled compound, and Rref represents the same isotope ratio of

a common reference material (Mook and Geyh, 2000). In this work, we focus on the D isotope in H2O, and the 18O isotope in40

both H2O and CO2, for which Vienna Standard Mean Ocean Water (VSMOW) is the common reference (DRref = 0.00015575

and 18Rref = 0.0020052).

In natural ecosystems, small differences (‰) occur between the rate of exchange of various isotopologues dependent on

the process. These differences can be used to attribute changes in isotopic compositions to specific environmental exchange

processes, such as transpiration. For the application of ecosystem flux partitioning, flux measurements of the isotopic compo-45

sition in the atmosphere δatm must be made in combination with measurements of the isotopic compositions of the relevant

exchange reservoirs, e.g., soil water, leaf water or soil carbon isotopic composition (Barbour et al., 2017; Wehr and Saleska,

2015). In Sec. 2 we define the δ fluxes and describe how the ecosystem end-member compositions are quantified making use

of collocated measurements of environmental variables and isotopic compositions.

Isotopic flux partitioning can be applied to all relevant isotopologues, potentially offering multiple, complementary handles.50

For example, water fluxes can be constrained independently using both 18O and D isotopes. 18O provides an interesting cross-

species link because 18O exchanges rapidly between H2O and CO2 in leaves, catalysed by the enzyme Carbonic Anhydrase

(CA). For this reason, 18O has shown to be a valuable link between the carbon and water cycles (Gillon and Yakir, 2001).

In this work, we aim to use the 18O isotopic signature in both H2O and CO2 to describe the isotopic state throughout the

ecosystem in detail, which should allow for the net fluxes of H2O and CO2 to be partitioned into seperate soil and vegetation55
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fluxes. To this end, we make use of comprehensive measurements of H2O and CO2 isotopic fluxes, vertical profiles of the state

variables and discrete air, leaf and soil water isotopic samples, and leaf gas exchange measurements. We base our analysis

on the CloudRoots-Amazon22 dataset, which was acquired at the Amazon Tall Tower Observatory (ATTO) site in Brazil (see

Sec. 3). We describe the diurnal cycles of the observed isotopic fluxes and discuss the isotopic state of the ecosystem. For a

midday steady state period we then determine the end member isotopic compositions of individual gross fluxes. This allows us60

to systematically partition the net ecosystem fluxes into its individual components, which enables high resolution simulations

of the water and the carbon cycles to be validated (Pedruzo-Bagazgoitia et al., 2023). In addition, our observations help to

probe our biogeochemical understanding of the 18O exchange at the ecosystem scale (Farquhar and Lloyd, 1993).

2 Theory

Stable isotope measurements of atmospheric species can be used to partition multiple sources and sinks of the same compound,65

which cannot be done with mole fraction information only (Wehr and Saleska, 2015; Oikawa et al., 2017). Mathematically,

a system of two exchange equations is solved for two source fluxes. Given the land-atmosphere exchange of H2O, it can be

applied to partition evapotranspiration (ET) into evaporation (E) and transpiration (T). In this section, we first detail ET

partitioning using the stable deuterium (D) isotope and subsequently show how the NEE of CO2 can be partitioned into P

and R using the 18O isotope. Note that in the results, both the D and 18O signatures of H2O are used for ET partitioning. The70

following set of equations is specific to the example of ET partitioning using D, but can be used for NEE and 18O as well

(Bowling et al., 2001).

ET = E+T

δDET �ET = δDE �E+ δDT �T (2)

Here, δDET is the deuterium isotopic composition of the net water vapour flux due to both evaporation and transpiration,

δDE is the isotopic composition of the evaporated water, and δDT of the transpired water. This approach enables us to constrain75

a system with two individual gross fluxes contributing to the net flux. When more source terms are described, other isotopic or

non-isotopic constraints can be added, or a-priori assumptions between the tracers need to be used. For the system represented

in the above equations, none of the three isotope parameters (δDET , δDE , and δDT ) are easily obtained and in the following

section we describe the methods to acquire each of them.

The isotopic composition of the net exchange flux80

The isotopic composition of the net exchange flux (δET or δNEE) is comparable to the source isotopic composition being

mixed into a reservoir. The difference is that δET and δNEE can also describe the composition of a negative (uptake) flux. The

common approach for determining the isotopic composition of a source from atmospheric measurements are mixing models,

as described by Keeling (1958) and Miller and Tans (2003). In these models, changes in atmospheric isotopic compositions are
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directly related to changes in mole fractions. For example, when increased mole fractions are associated with enriched isotopic85

compositions, the source is understood to be more enriched than the atmospheric background. In the Miller-Tans (MT) method,

the slope of the relationship between�� and� is solved for to �nd the isotopic composition of the source (example in appendix

Fig. A1). In various studies, the MT method has been used to determine� ET or � NEE irrespective of the �ux sign (Grif�s,

2013; Finkenbiner et al., 2022). We refer to estimates using the MT methods with� :::;MT .

The isotopic composition of the net turbulent exchange �ux can also be estimated with measurements of the turbulent90

exchange �uxes of the various isotopologues of the target species (Grif�s et al., 2007).� �uxes (F� ) provide a common method

to determine such an isotopologue �ux.

F� = w0� 0 (3)

where,w0 and� 0 are the �uctuating components of the vertical wind and isotopic composition, respectively, after Reynolds

decomposition (Bird, 2002).F� has the units ‰m s� 1. For the example of� D in water,F�D is related to the isotopic compo-95

sition of the net �ux (�D ET ), the atmospheric isotopic composition (�D atm ), and the total exchange �ux (in this caseET ) as

follows (Lee et al., 2012).

F�D =
ET
� atm

v
� (�D ET;F � �D atm ) (4)

Here,ET is the evapotranspiration �ux ing m� 2 s� 1. � atm
v is the atmospheric absolute humidity ing m� 3, and� Datm is

the atmospheric isotopic composition of deuterium in water vapour. Note that the fractionET
� atm

v
de�nes an exchange rate. The100

unit grams in the nominator and denominator can thus be replaced bymoles. The isotopic composition of the net exchange

�ux ( �D ET ), determined using this �ux method (� :::;F ), can be solved for and inserted into Eq. 2.

Until recently, the� �ux ( F� ) could only be inferred by relating gradient measurements of isotopologues to an exchange

coef�cient depending on mechanical and convective turbulence (Grif�s et al., 2004; Yakir and da Silveira Lobo Sternberg,

2000). At present, high �ow rate laser spectrometers are available which measure the isotopic composition at sub-second105

frequencies, which allow for direct isotopologue �ux measurements using the eddy covariance technique (Grif�s, 2013; Sturm

et al., 2012; Wahl et al., 2021). The dif�cultly in using such measurements is keeping the instrument stable, while maintaining

high �ow rates and an undisturbed inlet gas stream, which is necessary to resolve both the longest and shortest turbulent

exchange timescales (Kolmogorov, 1941). We found that temperature-stabilized enclosures, combined with short, heated inlet

lines provide a workable mode of adhering to these constraints (see Sec. 3).110

2.1 The H2O isotopic state

The isotopic composition of soil evaporation

Soil water samples can inform us of the isotopic composition of the soil evaporation� DE , which is required to solve eq 2. When

calculating the isotopic composition of water evaporating from soils from the soil water isotopic composition, the temperature
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dependent isotopic fractionation of the liquid-to-gas phase change (evaporative fractionation) needs to be taken into account.115

The isotopic fractionation factor for deuterium (� l � v ;D ) as determined by Horita and Wesolowski (1994) is:

103ln (� l � v;D ) = 1158:8(T3=109) � 1620:1(T2=106) + 794:84(T=103) � 161:04 + 2:9992(109=T3) (5)

Here,T is the temperature expressed inK, � l � v ;D is the isotopic fractionation factor for deuterium when transitioning from

a liquid (l ) to a vapour (v ) state.

For a given deuterium isotopic composition of liquid soil water, the isotopic fractionation factor can be used to calculate the120

equilibrium isotopic composition of the water vapour with (Mook and Geyh, 2000):

RD;v = RD;ref (� D;v + 1) =
RD;l

� l � v;D
(6)

See Eq. 1 to see how the isotope ratios (R in Eq. 6) relate to� values. The main simpli�cation in using the equilibrium

water vapour isotopic composition to estimate� E is that kinetic fractionation effects taking place during diffusion into the

atmosphere are not taken into account. Physically accurate representations of this kinetic fractionation are available, but com-125

plex. Kiemle et al. (2023) share a full complexity model, and �nd that using equilibrium fractionation only is a good �rst order

approximation.

The isotopic composition of transpiration

Generally, the isotopic composition of�D T is set equal to the isotopic composition of the source water in the soil (� DS), using

the assumption of isotopic steady-state (Craig and Gordon, 1965). This is an expansion of the idea that when taking the leaf as130

a reservoir, the mass of the water entering the leaf matches the mass of the water evaporating from the leaf. Analogous to mass,

no isotopologue species should be able to accumulate in leaves on longer timescales (Farquhar and Cernusak, 2005; Barbour

et al., 2017). On short timescales, the leaf water will act as a buffer when environmental conditions are changing (Dongmann

et al., 1974).

The (�D S ) taken up by a plant represents the average of the water isotopic gradient in the root zone, weighted by the root135

water uptake at each depth (de Deurwaerder et al., 2020; Sutanto et al., 2014). This composition can be determined directly

from a tree by sampling the water in the xylem. There is no fractionation associated with root water uptake, or transport through

a tree (Rothfuss and Javaux, 2017).

The isotopic composition of water at evaporation sites

The average liquid water isotopic composition of leaves can be determined by collecting and analysing leaf samples. However,140

the isotopic composition of transpiration is related speci�cally to the water isotopic composition at the evaporation site in the

stomata. The Craig-Gordon model, following Farquhar et al. (2007), accounts for the bidirectional isotopic exchange between

atmospheric water vapour and the liquid water at the evaporation site.
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Re = � l � v [� k Rs(1 �
wa

wi
) + Rv

wa

wi
] (7)

Here,Re is the isotope ratio of liquid water at the evaporation site,RS is the isotope ratio of the liquid source water,Rv is145

the isotope ratio of atmospheric water vapour, andwi andwa are the water vapour mole factions in the intercellular air space

and in the atmosphere respectively.

The wa
w i

ratio can be interpreted as a relative humidity gradient and is used to describe the bidirectional diffusion of water

vapour through stomata. Two terms in Eq. 7 contain thewa
w i

ratio, and together sum to 1. The1� wa
w i

term is associated to newly

evaporated water, while thewa
w i

term is instead related to back-diffusion of ambient vapour. Together, both determineRe, with150

wa
w i

indicating which process has a proportionally larger in�uence. At a certain leaf temperature, the internal concentrationwi is

generally assumed to be equal to the temperature dependent saturation vapour pressure. While we make use of this assumption,

we are aware that Cernusak et al. (2024) recently reported that this assumption is not always valid. Thewa
w i

ratio is referred to

with the symbolh in some literature (Farquhar and Cernusak, 2005).

� k is the kinetic fractionation describing the faster diffusion for the light, abundant isotopologues. Farquhar et al. (1989a)155

quanti�ed this fractionation step using the widely-applied resistance formulation, as shown in eq. 8.

� k (D ) = 1 +
0:025r s + 0 :017r b

r s + r b + r a
(8)

Here,r s, r b, andr a are the stomatal, leaf boundary layer, and aerodynamic resistances respectively, insm� 1. The numbers

0.025 and 0.017 originate from 1.025 and 1.017, which are the kinetic fractionation factors for HDO compared to HHO for

stomatal and boundary layer diffusion, respectively (Farquhar et al., 1989a). For18O, the kinetic fractionation factors are 1.032160

for stomatal diffusion and 1.021 for the boundary layer diffusion (Lee et al., 2009). As transport to the atmosphere outside the

leaf boundary layer is not a diffusive process,ra does not cause kinetic fractionation. The used values for the resistances are

speci�ed in Tab. 1.

The structure of Eq. 8 is the result of the transport pathway, where resistances associated to different physical transport

processes (diffusion through stomata, diffusion though air in the leaf boundary layer, turbulent transport) are presented in165

series. Here, the largest resistance is the rate limiting step, and dominates the net fractionation effect. When the process is more

diffusive, the related fractionation effect is larger. The theoretical kinetic fractionation factor for diffusion of HDO and HHO in

free air, determined using the respective diffusivities (� ), is 1.0274. For diffusion through stomata or though the boundary layer

this potential fractionation effect is reduced, as both processes are not purely diffusive. Boundary layer resistance is partially

related to turbulent transport, which does not itself cause any fractionation (Lee et al., 2009). In contrast, transport through170

the stomata is near purely diffusive, resulting in larger fractionations factors, closer to the theoretical value. So far, empirical

experiments have been used to quantify the fractionation factor speci�c to a context (Cappa et al., 2003).
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The Péclet effect: Linking leaf samples to the evaporation site isotopic composition

A strong isotopic gradient can be present from the leaf veins to the evaporation site as a consequence of transpiration itself.

This is because the light isotopologues evaporate preferentially from the liquid phase (Eq. 5), resulting in an enriched liquid175

water reservoir in the mesophyll. Back diffusion will act to diminish this gradient, but is limited during daytime due to the

continual water �ux from vein to the atmosphere, through the mesophyll (Cernusak et al., 2016).

The bidirectional scalar transport by advection and by diffusion results in a Péclet effect (Bird, 2002). Here, the dimen-

sionless Péclet number (� ) indicates the relative magnitude of the advective �ow compared to the diffusive relaxation, where

numbers larger than one indicate advective dominance. In leaves, Péclet numbers are generally high during daytime, and low180

during nighttime, dependent on the transpiration �uxT (Cernusak et al., 2016).

� =
T L

� lw �
(9)

Here,T is the transpiration rate ing m� 2 s� 1, L is the length scale over which the Péclet effect takes place, which is

approximated ask � l (Barbour et al., 2017), in whichl is the distance between the veins and the stomata inm, andk is

a dimensionless scaling factor which corrects for the tortuous path,� lw is the density of liquid waterg m� 3, and� is the185

diffusivity of the heavy isotopologue inm2 s� 1 (Farquhar and Lloyd, 1993). Barbour and Farquhar (2004) determined that

L = 8 mm provides a reasonable length scale, withl estimated at 0.1mm. For the Amazonian dry seaon speci�cally, Lai et al.

(2008) reported a much higher average value ofL = 54 mm.

Taking the Péclet effect into account allows the water isotopic compositions of entire leaves to be linked to the isotopic

composition at the evaporation site as follows.190

� leaf =
(1 � e� )( � e � � xylem )

�
+ � xylem (10)

In reality, a series of Péclet effects, with multiple unique Péclet numbers takes place in the apoplastic cell tissue, minor veins,

and major veins (Cernusak et al., 2016; Farquhar and Gan, 2003). Given that more complete formulations lack validation on

key coef�cients, Eq. 10 is generally used (Barbour et al., 2017). With the comprehensive data we collected, we were able to

estimate a realistic value forL , which we describe in Sec. 4.3.195

2.2 The CO2 isotopic state

In this work, we focus on the� 18O isotopic state orisotopic cascadeof CO2 in the relevant reservoirs of the ecosystem, and

on the isotopic link between CO2 and H2O. Our measurements also include� 13C and we show the time series of� 13C �uxes

in Sec. 4.2, but do not investigate� 13C in the individual reservoirs. The reason for this is that� 13C has been thoroughly

investigated to constrain the exchange of CO2 on various scales (van der Velde et al., 2014; Wehr and Saleska, 2015; Oikawa200

et al., 2017). On global scales it has proven to be a highly valuable tracer for separating oceanic, fossil, and biospheric sources
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and sinks (Graven et al., 2020). At ecosystem scales however, the small isotopic disequilibrium between photosynthesis (P) and

respiration (R) has been limiting for acquiring reliable partitioning results (Bowling et al., 2001; Grif�s, 2013). The combined

water and CO2 isotopologue �ux measurements performed during CloudRoots-Amazon22 provide a unique opportunity to

explore the ecosystem �ux partitioning using the� 18O- CO2 cycle instead.205

The � 18 O-CO2 isotopic composition associated with assimilation

The� 18O signature of CO2 is largely determined by the isotopic composition of H2Ol in the biosphere. Generally, the isotopic

exchange between H2Ol and CO2;aq is relatively inef�cient, as it is dependent on the slow hydration of CO2 (CO2 + H2O �

HCO �
3 + H + ). However, the enzyme Carbonic Anhydrase (CA), readily present in plants, accelerates this exchange by 6

orders of magnitude, which allows for sub-second isotopic equilibration (Nocentini et al., 2021). The isotope exchange between210

liquid H2O and CO2 taking place as a result of hydration, is associated with a fractionation effect. Brenninkmeijer et al. (1983)

determined the magnitude of this temperature dependent effect to be

� 18
H 2O! CO 2 = 1 +

17:604
TK

� 17:93� 10� 3 (11)

whereTK is the temperature inK. In vegetation, CO2 interacts with liquid water at the liquid-gas interface in the mesophyll,

where evaporation takes place. The H2Ol isotopic composition at the exchange site (� e) is determined using Eq 7. The isotopic215

signature of CO2 at these exchange sites (� 18
c ) can then be calculated by using Eq. 6, and applying� 18

H 2O! CO 2. Note that the

abundance of water molecules is much larger than the abundance of CO2 molecules which causes� e to be seemingly unaffected

by the isotopic equilibration between H2Ol and CO2;aq .

To calculate the isotopic composition associated with assimilation in the canopy (� P ), the bidirectional diffusion of CO2 must

be taken into account, in addition to the combined kinetic fractionation effects associated with transport across the stomata, the220

leaf boundary layer, and the atmospheric surface layer (Farquhar et al., 1993). We follow Lee et al. (2009) to solve for� P .

� P =
� 18

c ci

ci � ca
+

� 18
atm ca

ca � ci
� � k (12)

Here,ci andca are the CO2 mole fraction in the intercellular air space and the atmosphere respectively µmol mol� 1. During

day time, photosynthetic assimilation reducesci compared toca (Farquhar et al., 1989a; González-Armas et al., 2025). Even

though the net transport of CO2 is from the atmosphere to the leaf, back diffusion through the stomata brings equilibrated CO2225

into the atmosphere. This results in an apparent fractionation that appears to take place during� 18O-CO2 uptake. However,

the root cause of this signal is not fractionation during uptake, but isotopic equilibration between CO2 and H2O followed by

back-diffusion of the equilibrated CO2 to the atmosphere.

Gillon and Yakir (2001) found that not all CO2 molecules that undergo back-diffusion had equilibrated with the leaf water,

and estimated that the extent of CO2 hydration in leaves (� eq) of forest ecosystems was 0.96. Incorporating this effect convolutes230

Eq. 12 to the following (Lee et al., 2009).
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� P = � eq(� 18
c � � 18

atm )
Ci

Ci � Ca
� (1 � � eq)� k

Ci

Ca
+ � 18

atm � � k (13)

The � 18 O-CO2 isotopic composition associated with soil respiration

In the soil, the hydration of CO2 is also the main driver affecting� 18O-CO2. The availability of carbonic anhydrase (CA) in soil

water is generally lower compared to the availability in mesophyll water, and related to the number and types of soil microbes235

(Jones et al., 2021). Wingate et al. (2009) �nd that complete equilibration is generally achieved in the top 5cm. The isotopic

composition of soil water samples at 5cm depth is thus used to calculate� 18O-CO2soil according to Eq. 11.

To derive the isotopic composition of soil respiration (� R ), the bidirectional diffusion and fractionation associated with

diffusion should be taken into account, as is done for the canopy in Eq.13. Given the high concentrations of CO2 in the soil,

the effect of diffusion from the soil to the atmosphere is the dominant factor (Hashimoto et al., 2004). The formulation below240

takes into account the back-diffusion of air from the atmosphere into the soil (known as soil invasion; Tans, 1998).

� R =
� 18

soil Cs

Cs� Ca
+

� 18
atm Ca

Ca � Cs
� � k;s (14)

Here,Cs is the CO2 mole fraction of the air in the soil µmol mol� 1.

3 Data collection and treatment

This study integrates data collected during the 2-week CloudRoots-Amazon22 campaign, which took place at the ATTO (Ama-245

zon Tall Tower Observatory) site in Brazil (González-Armas et al., 2025; Vilà-Guerau de Arellano et al., 2024; Moonen et al.,

2025). The campaign took place during the dry season and it was characterized by days with clear skies in the morning, which

developed into shallow cumulus cloud �elds later in the day (de Feiter et al., 2025). Central to the isotopic� �ux measurements

and associated ecosystem source compositions was an Eddy Covariance (EC) setup installed at 57m (see Fig. 1). This height

was� 25 m above the canopy, and is representative for the ecosystem scale (105 m2 footprint). The EC system consisted of250

a CSAT3 anemometer (Campbell Scienti�c, Logan, USA) and a LI-COR 7500 open path gas analyser (OPGA, LI-COR Inc,

Lincoln, U.S.A.). Two laser spectrometers with high �ow rates were placed on a tower balcony at 54 m height with an 8m

inlet to the anemometer (Fig. 1). This inlet line was a1=2 " copper tube which was heated and insulated, and protected from

the environment with an aluminium mesh inlet �lter. The �ow rate exceeded 20Lmin � 1 to provide turbulent conditions which

preserved high-frequency �uctuations in the air stream (Moonen et al., 2023). The CO2 isotope analyser used was an Aero-255

dyne TILDAS-CS laser spectrometer (Aerodyne Research Inc., Billerica, USA) and the water isotope analyser was a Picarro

L-2130i (Picarro, Santa Clara, USA). Both were placed in temperature controlled enclosures set to 35� C. These stabilised the

temperature sensitive instruments, while preventing condensation.

Data acquisition rates were 20Hz for the anemometer and the OPGA, 10Hz for the CO2 isotope analyser, and 4Hz for

the H2O isotope analyser. The EC data were processed using EddyPro version 7.06 (Fratini and Mauder, 2014) (from LI-COR260
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