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Abstract. Glaciers and ice caps worldwide are in strong decline, and models project this trend to continue with future warming,
with strong environmental and socio-economic implications. The Jostedalsbreen ice cap is the largest ice cap on the European
mainland (458 km? in 2019) and occupies 20% of the total glacier area of mainland Norway. Here we simulate the evolution
of Jostedalsbreen since 1960, and its fate in a changing climate in the 21st-century and beyond (2300). This ice cap consists of
glacier units with a great diversity in shape, steepness, hypsometry, and flow speed. We employ a coupled model system with
higher-order three-dimensional ice dynamics forced by simulated surface mass balance that fully accounts for the mass-balance
elevation feedback. We find that Jostedalsbreen may lose 12-74% of its present-day volume until 2100, depending on future
greenhouse gas emissions. With mid-range results obtained using the climate model ECEARTH/CCLM, Jostedalsbreen is
projected to lose 49% (RCP4.5) and 63% (RCPS8.5) of its contemporary ice volume by 2100. Regardless of emission scenario,
the ice cap is likely to split into three parts during the second half of the 21st century. Our results suggest that Jostedalsbreen
will likely be more resilient than many smaller glaciers and ice caps in Scandinavia. However, we show that by the year 2100,
the ice cap may be committed to a complete disappearance during the 22nd century, under high emissions (RCP8.5). Under
medium 21st-century emissions (RCP4.5), the ice cap is bound to shrink by 90% until 2300. Further simulations indicate that
substantial mass losses undergone until 2100 are irreversible; the ice cap would not recover to its contemporary volume if the
future surface mass balance was reversed to that of the present-day. Our study demonstrates a model approach for complex
ice masses with numerous outlet glaciers such as ice caps, and how tightly linked future mass loss is to future greenhouse-
gas emissions. Finally, uncertainties in future climate conditions, particularly precipitation, appear to be the largest source of

uncertainty in future projections of maritime ice masses like Jostedalsbreen.
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1 Introduction

Melting glaciers and ice caps are powerful and concrete symbols of climate change, and can raise awareness and spur cli-
mate action among people who visit them (Dannevig and Rusdal, 2023). Ice caps are dome-shaped ice masses with radial
flow, often covering the underlying highland topography. They consist of numerous connected glacier units (e.g. Zemp and
Haeberli, 2007), which are referred to as outlet glaciers if their lower reaches are separated by mountain areas. Since the year
2000, glaciers and ice caps have contributed nearly as much to sea-level rise as the combined mass loss from the Greenland
and Antarctic ice sheets (Hugonnet et al., 2021). In addition, the response of glaciers and ice caps to global warming has
widespread societal implications at regional to local scales. This includes consequences for tourism, hydropower production,
agriculture and local ecosystems as a result of changes to glacier extent and the magnitude and timing of meltwater runoff (e.g.
Milner et al., 2017; Huss et al., 2017). Such implications are particularly strong at Jostedalsbreen ice cap, the largest ice mass
in mainland Norway and Europe, and the focus of this study. Meltwater from this ice cap feeds several hydropower stations,
and Jostedalsbreen attracts over 600,000 visitors every year (Jostedalsbreen nasjonalparkstyre, 2021), with three glacier visitor
centres, a dedicated museum and several curated glacier viewpoints. The ice cap is extensively used for recreation and explo-
ration, including skiing and glacier hiking. Visitors play an important role for the livelihood of many local settlements in the
vicinity of the ice cap.

The primary objective of this study is to assess the short- and long-term fate of Jostedalsbreen under future climate change.
To achieve this, we demonstrate a comprehensive modelling approach of a topographically complex ice cap, consisting of 81
connected glacier units that are exceptionally diverse in shape, steepness, hypsometry and flow speed. This setting ranks among
the most challenging real-world cases outside the polar ice sheets. The wide range of characteristics of the individual glacier
units found at Jostedalsbreen make them representative of glaciers found in many glacierised regions of the world. Modelling
the evolution of Jostedalsbreen can be viewed as an application to a small mountain range with many connected glaciers, an
intermediary step between glacier-specific studies and large-scale regional or global applications. The treatment of so many
connected glaciers introduces a number of challenges, which are less prominent or absent for studies of single glaciers or
idealised geometries. This includes the need for detailed historical and contemporary input data, spatially constrained model
parameters embedded with advanced ice-flow physics and surface mass balance, and climate projections suitable for a moun-
tainous region. In a warming climate, the positive feedback between ice thinning and stronger surface melt at increasingly
lower surface elevations, and associated dynamic adjustments, is also crucial to capture. This mass-balance elevation feedback
(Harrison et al., 2001) is particularly important for ice caps (Akesson et al., 2017), where minor changes in elevation in their
flat interior regions affect the surface mass balance over large areas.

Detailed modelling studies of single glaciers or ice caps have improved the physical realism in glacier models, evaluated
the importance of physical processes and climate forcing, and projected future evolution and associated impacts on nature
and society (e.g. Oerlemans, 1997; Adalgeirsdoéttir et al., 2005; Jouvet et al., 2009; Giesen and Oerlemans, 2010; Ziemen
et al., 2016; Ekblom Johansson et al., 2022). Therefore, the rationale for in-depth studies of individual glaciers and ice caps

remains strong (Zekollari et al., 2022). Such studies often resolve ice dynamics in two dimensions with simplified physics (e.g.
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Le Meur and Vincent, 2003; Giesen and Oerlemans, 2010; Ziemen et al., 2016; Akesson et al., 2017; Schmidt et al., 2020).
This is usually viable for simple glacier geometries, slow- owing ice, and long time scales (Leysinger Vieli and Gudmundsson,
2004; Le Meur et al., 2004; Adhikari and Marshall, 2012). In contrast, ice caps may consist of numerous connected glaciers
with variable geometry and dynamics, controlled to some extent by the underlying topography, often with fast- owing outlet
glaciers. For example, assumptions of shallowness (Hutter, 1983) commonly used in many ice- ow models are not justi ed
for complex ice caps. This dynamic setting may require three-dimensional (3-D) modelling efforts with higher-order physics
(Adhikari and Marshall, 2012; Zekollari et al., 2017), which only occurs as exceptions in the literature (e.g. Adhikari and
Marshall, 2012; Gilbert et al., 2016; Zekollari et al., 2017).

While ice caps present challenges for detailed studies, these issues are exacerbated in regional or global glacier-evolutior
models. In such models, interactions between ice dynamics, geometry evolution, and glacier surface mass balance are typicall
represented in even simpler terms (Huss et al., 2012; Huss and Hock, 2015; Maussion et al., 2019; Rounce et al., 2023), anc
each glacier unit treated individually, often using simple one-dimensional (1-D) owline dynamics (Maussion et al., 2019;
Rounce et al., 2023). In a warming climate, ice caps may split up into separate glacier units, ice divides may migrate, or the
underlying topography can emerge in the middle of a glacier unit due to ice thinning. These future geometric changes are
likely to occur in many glacierised areas of the world. Here, the glacier-by-glacier approach will suffer, and the 1-D owline
dynamics will no longer be valid. As such, large-scale glacier evolution models struggle to represent some of the most dynamic
ice masses on the planet outside of the polar ice sheets (Millan et al., 2022). More detailed knowledge of the evolution and
dynamics of ice caps, and how to best represent these changes in models, is therefore urgently needed (Zekollari et al., 2022
There is also a need to bridge the two end-members of glacier-scale simulations and regional-to-global-scale approaches.

A major challenge when simulating glacier dynamics is how to account for friction between ice and the underlying bedrock.
Basal friction strongly in uences glacier ow speeds (e.g. lken, 1981), but is dif cult to observe directly. Subglacial bulk
properties are therefore usually inferred from surface velocities in the form of a spatially variable basal friction parameter
(Morlighem et al., 2010; Gillet-Chaulet et al., 2012). This approach is a cornerstone in ice-sheet projections, supported by
remote sensing datasets of ice-sheet wide surface speeds. In contrast, modelling efforts for glaciers and ice caps have nc
been able to fully take advantage of these spatially continuous velocity datasets. This is because the spatial resolution and/o
temporal coverage of remote-sensing products often have been too poor to properly resolve the details of ice ow of glaciers
and ice caps. Therefore, glacier modelling studies have often imposed some ad-hoc relationship for the friction parameter
(Zekollari et al., 2022). The advent of detailed datasets of velocity for every glacier in the world (Friedl et al., 2021; Millan
et al., 2022) presents new opportunities for friction inversions in detailed modelling studies. These datasets can however not
be uncritically applied “off-the-shelf', especially not for complex ice masses such as ice caps. For example, the accuracy of
the underlying method may be smaller than the actual ice movement, or the data may represent snapshots or subsets of short
periods, and hence not representative for annual mean velocities.

Another common challenge for modelling studies is poorly known ice thickness. The vast majority of Earth's over 200,000
glaciers do not have measurements of ice thickness (Welty et al., 2020). This means that model applications must revert to

global and regional thickness products (Farinotti et al., 2019; Millan et al., 2022; Frank and van Pelt, 2024), which may not be
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accurate for detailed applications (Gillespie et al., 2024). Some of these thickness models struggle to represent connected ic
complexes, because each glacier unit is treated individually (e.g. Farinotti et al., 2019; Millan et al., 2022). This usually leads
to issues with thickness along ice divides.

Poor representation of the subglacial topography may bias modelled glacier dynamics, which makes future glacier projec-
tions and associated local impacts uncertain at best.

A key conceptual and practical challenge is that the climate system is inert. Glaciers and ice caps are excellent examples of
this. It can take years to decades for a glacier to respond signi cantly to a change in climate (e.g. Johannesson et al., 1989), anc
centuries to millennia before ice mass loss and retreat is manifested in a new steady-state (e.g. Marshall, 2005). To simulate th
historical evolution of a glacier, however, a realistic starting point is essential (Aschwanden et al., 2013). A biased initial model
state will strongly affect historical and future model evolutiord@dgeirsddttir et al., 2014), yet obtaining this initial state with
the correct climatic and dynamic memory imprinted is notoriously dif cult. For example, the input data and climate forcing
may be lacking, patchy or uncertain, or the model physics may be incomplete. These challenges are hard enough to resolve
for a single glacier, and becomes increasingly dif cult for the great number of glaciers involved in comprehensive applications
like the one presented here.

In terms of future change, climate science has been largely preoccupied with the 21st century, not least re ected and refu-
elled by the landmark establishment of the Paris agreement in 2015 (Meinshausen et al., 2020), with the goal of limiting global
warming to 1.5-2 C above pre-industrial temperatures. Meeting the Paris goals is, at the time of writing, still technically fea-
sible but extremely challenging, while the stakes are high for both nature and people worldwide (United Nations Environment
Programme, 2024). To understand the full implications of current and near-future climate change, we however also need to
consider future inertia and longer timescales. The concept of ‘committed glacier mass loss' is around in the literature (e.g.
Goldberg et al., 2015), sometimes referred to as mass loss "in the pipeline’, and yet deserves to be assessed in greater deta
Committed ice mass loss in a glaciological context refers to what will happen to an ice mass with no further change in climate
forcing, that is, the response under a continuation of the recent climate into the future (e.g. Box et al., 2022). For example, a
large committed mass loss would imply a glacier in strong disequilibrium with climate. Similarly, zero committed mass loss
would mean a glacier which has adapted fully to recent climate forcing, reaching a complete steady-state; something which
never occurs in reality and only exist in theory and models. Committed mass loss is a pertinent concept as we are heading
towards the post-Paris agreement world beyond year 2100, where carbon levels in the atmosphere and global temperature ris
may stabilise, or eventually even be reversed. Some studies consider the fate of glaciers and ice caps beyond the year 210
(e.g. Schmidt et al., 2020), but these are exceptions. There is certainly a need to consider these time scales in the glaciologice
context and in climate science at large (Meinshausen et al., 2020). In doing so, local and global policymakers can be informed
about expected ice mass loss or glacier retreat, now and in the future.

In this study, we make progress from the modelling of individual glacier units towards detailed modelling studies of entire
regions. For Jostedalsbreen, previous studies have focused on the evolution of single outlet glaciers (Nigardsbreen and Briks
dalsbreen; Fig. 1) using 1-D owline models (Oerlemans, 1997; Laumann and Nesje, 2009), or surface mass balance modelling

(J6hannesson et al., 1995; Sjursen et al., 2025). However, no study has previously attempted to simulate the historical or future
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evolution of the entire ice cap. We employ a coupled model system with 3-D ice dynamics, and surface mass balance simulated
using a temperature-index model with spatially constrained parameters calibrated with a Bayesian approach (Sjursen et al..
2025). A newly acquired detailed dataset on ice thickness and bed topography (Gillespie et al., 2024) allows for realistic 3-D
simulations of historical and future changes of the complex ice cap.

First, we simulate historical ice-cap changes since the 1960s. These simulations generate a plausible initial state for the
future projections, and is used to validate our model setup against observations of ice thickness, ice margins and ice velocities
We then launch coupled simulations to the year 2100, using two scenarios of future greenhouse-gas emissions. Finally, we
assess committed mass loss towards year 2300, the potential for ice-cap recovery after year 2100, as well as the possibility fo
glacier regrowth from ice-free conditions in the current and future climates.

2 Study area

Jostedalsbreen (640'N; 7 OO0'E) is a northeast-southwest-oriented ice cap locatdd0 km inland from the west coast of
Norway (Fig. 1). It is the largest coherent ice mass in mainland Europe with an area of 458 RA19 (Andreassen et al.,

2022), covering an elevation range between 381 and c. 2001 m a.s.l. (Andreassen et al., 2022; Kjgllmoen et al., 2024). The
maximum ice thickness is about 630 m, and the ice volume is calculated to 7D062 kn? (in 2018-2023; Gillespie et al.,

2024). The ice cap is divided into 81 glacier units with great diversity in size, shape, steepness, and orientation (Fig. 1b; An-
dreassen et al., 2022). The larger glacier units are outlet glaciers terminating in glacial valleys. Glacier ice-surface catchments
are mainly determined by the bed and surrounding topography, although some discrepancies exist (Gillespie et al., 2024). Ice
velocities reach up to a few hundred meters per year for the fastest outlet glaciers Nigardsbreen and Tunsbergdalsbreen, whil
most outlet glaciers typically move a few tens of meters annually (Wangensteen et al., 2006; Nagy and Andreassen, 2019).

Radar measurements suggest that the ice is predominantly temperate, but with isolated patches of cold ice (Gillespie et al.
2024). The ice cap is situated directly on Proterozoic gneiss bedrock belonging to the Western Gneiss Region of Norway
(Hacker et al., 2010), except for the lower part of the outlet glacier Austerdalsbreen, which likely rests on unconsolidated
glacio uvial and till sediments (Seier et al., 2024).

Since the maximum extent of Jostedalsbreen during the Little Ice Age (c. 1740 to 1860 Gjerde et al., 2023), the ice cap
has lost about 20% in area and volume (Carrivick et al., 2022). This recession has occurred progressively with decadal-scale
interruptions of glacier advances or stillstands, as evidenced by sequences of moraine ridges deposited in front of most outlet
glaciers (e.g. Erikstad and Sollid, 1986; Bickerton and Matthews, 1993). The latest advance of Jostedalsbreen's outlet glaciers
occurred in the 1990s to early 2000s, and was a response to high winter snowfall in the preceding years (Andreassen et al.
2005; Nesje and Matthews, 2012). This illustrates that large-scale atmospheric circulation patterns, such as the North Atlantic
Oscillation, in uence the surface mass balance of Jostedalsbreen (Nesje et al., 2000). The current climate is characterized by
mean annual air temperatures between -3 andC+nd precipitation amounts between c. 1000 and ¢. 2000 mimvehere

most precipitation falls in the western part of the ice cap (Carrivick et al., 2022; Sjursen et al., 2025).
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Jostedalsbreen has been extensively studied for more than a century. Long-term records of annual glacier front variation exist
for six outlet glaciers (Austerdalsbreen, Brenndalsbreen, Briksdalsbreen [stopped in 2015], Fabergstalsbreen, Nigardsbreen
Stigaholtbreen) dating back to 1899 (Andreassen and Elvehgy, 2021). Surface mass balance has been monitored for sever
outlet glaciers, but only the two records at Nigardsbreen (back to 1962) and Austdalsbreen (back to 1988) are maintained today
(Andreassen et al., 2020; Kjgllmoen et al., 2024).

3 Glacier input data
3.1 Glacier geometry

To simulate the evolution of Jostedalsbreen, we need historical and contemporary geometries of the ice cap. Ice-surface to-
pography of 10 m resolution for the present day (2020 Digital Terrain Model; DTM) is used in calibration of the ice- ow
model dynamics, as well as a nal target in historical simulations (Sections 5.1 and 5.2). The source of the surface DTM
on Jostedalsbreen is a lidar survey from 2020, except for the lower tongue of Tunsbergdalsbreen where the survey year is
2017 (Andreassen et al., 2023). Ice thickness has been extensively measured at Jostedalsbreen over the years 2018-2023 |
ing ground- and helicopter-based ice radar. A distributed gridded dataset of ice thickness has been produced from these poin
measurements, by applying an ice-thickness model based on the inversion of surface topography (Gillespie et al., 2024). We
hereafter refer to this dataset as tservation-baseite thickness. To derive the subglacial topography of Jostedalsbreen, this
observation-based gridded ice thickness (Gillespie et al., 2024) was subtracted from the present-day ice-surface DTM. To pro-
duce a seamless bed topography map of the ice cap and nearby ice-free areas, we used the software QGIS (QGIS Developme
Team, 2024) to merge the subglacial topography with a present-day 10 m DTM of areas without glacier cover.

Meanwhile, another DTM is needed as a starting point for the historical simulations 1960-2020 outlined in Sect. 5.2. An-
dreassen et al. (2023) presented a DTM for 1966 based on photogrammetric reconstruction of historical aerial photographs.
However, this DTM does not cover southern Jostedalsbreen. To produce a DTM for 1966 covering the entire ice cap, we ex-
tended the DTM from Andreassen et al. (2023) using another 10 m DTM produced by the company Hexagon (Gulbrandsen,
2022). This DTM is based on the same 1966 aerial photographs and has a greater spatial extent, but is more noisy. The resultin
DTM covered the entire ice cap, but contained data gaps over steep terrain and areas with low image contrast. We therefore
georeferenced the N50 1966 topographic map from the Norwegian Mapping Authority (map sheet 1318-2; Paul et al., 2011),
manually digitised the 20 m interval contour lines over the data voids, and interpolated the elevation using the TopotoRaster
function within ArcGIS Pro (ArcGIS Development Team, 2025). This interpolation tool is based on the Australian National
University DEM (ANUDEM) algorithm, designed to produce a hydrologically accurate DTM that preserves ridgelines and
stream networks (Hutchinson et al., 2011). These interpolated elevations were then used to |l the voids in the DTM. In the
southern part of the ice cap, the resulting DTM had some artefacts at the boundaries between the high-resolution DTM from
Andreassen et al. (2023) and the 1966 topographic contour map. These were smoothed using a 5x5 low-pass Iter. The remain.
ing traces of these artefacts quickly dissipated during the spinup simulation of the ice cap (Sect. 5.1). Between 1966 and 2020,
there is no data of ice-surface topography available that covers the entire ice cap.



Figure 1. Ice-surface topography of Jostedalsbreen ice cap. Key outlet glaciers are named. Observed ice-cap extents in 1966 and 2019 ar
shown (Andreassen et al., 2023), as well as individual glacier catchments (blue). The inset map shows the location of Jostedalsbreen in

southern Norway. Coordinates in UTM 33N, datum ETRS89 on main map and in geographical coordinates on inset.
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3.2 Ice velocity

To construct a representative present-day velocity dataset for calibration and validation of the ice- ow model (Sect. 5.1), we use
a global velocity product as a baseline (Millan et al., 2022). Upon close inspection of this product, which is based on optical and
synthetic aperture radar (SAR) imagery from 2017-2018, we discovered several artifacts. Mainly, we found spurious velocity
magnitudes for at areas high on the ice-cap plateau where image contrast or amplitude patterns are typically low. For example,
ice along the ice divide of Nigardsbreen supposedly ows more than 100mwehile in reality, surface velocities near ice

divides are typically limited to a few meters per year. To mediate unrealistic velocities close to ice divides, velocity maps
were derived using INSAR from European Remote Sensing satellite (ERS) from 1996. Velocity maps with partial coverage of
Jostedalsbreen were acquired by differential INSAR performed on three ERS-1/ERS-2 tandem pairs. The ascending pairs wer:
acquired on 20/21 January 1996 and 11/12 February 1996, the descending on 22/23 March 1996. From those pairs, we derive:
velocities in the look direction of the satellite ("line-of-sight", incidence angle = 23.2 degrees) , which were then combined to

a two-dimensional, line-of-sight velocity map. The differential INSAR processing was performed using the GAMMA Remote
Sensing software (GAMMA AG, 2016). The 1996-velocity map was used to correct the global data from Millan et al. (2022) in
areas with surface slopes lower than 0.08 and/or above 1775 m a.s.l. Judging from velocity data from complementary sources
(Table Al), ice ow at the ice divides displays little year-to-year variability. Moreover, elevation changes at the ice-cap plateau
since 1966 have been very small (less th&m; Andreassen et al., 2023), which suggests a negligible velocity change around
the ice divides since 1996. We therefore judge our composite velocity dataset to be robustly constructed.

Overall, the global dataset from Millan et al. (2022) appears to be more representative for fast- owing regions at lower
elevations of Jostedalsbreen, where it is in close agreement with other velocity datasets that cover parts of the same time perio
(e.g. Nagy and Andreassen, 2019, see Table Al). Velocities from the global dataset are c¢. 100 to 5d0mfaat- owing
outlet glaciers, while differences among various data sources are on the order of 50-18@amaagiven glacier. However,
this is not a straightforward comparison. Visual inspection of other velocity products covering parts of the 2010s (Table A1)
suggests that velocities in the global dataset may be too high also in some fast- owing areas. This is possibly because the
2017-2018 global data are biased towards high summer velocities and thus do not represent annual averages. The effect of thi
bias will vary from glacier to glacier, depending on the magnitude of seasonal velocity variations.

4 Model description
4.1 Ice- ow model

Ice ow and evolution of ice-cap geometry are simulated using the Ice-Sheet and Sea-level System Model (ISSM; Larour
et al., 2012) considering 3-D higher order physics (Blatter, 1995; Pattyn, 2003). The model domain comprises the 1966 ice-cap
extent and a c. 5 km buffer zone. This ensures an accurate representation of surface mass balance (SMB) around the margir
(Sect. 4.3), allows for frontal uctuations of outlet glaciers, and resolves interactions with nearby glaciers separate from the

main ice cap. The nite-element model mesh consists of c. 87,000 horizontal elements spread over four vertical layers. To
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capture ice ow in steep terrain, we vary the mesh resolution from 100 to 300 m based on gradients in bedrock topography. In
addition, we enforce a high resolution (100 m) for several key catchments (Fig. Al). This improves the representation of the
two largest and fastest outlet glaciers Nigardsbreen and Tunsbergdalsbreen (area 41.7 ané, 46sp&atively; Andreassen

et al., 2022), with ice velocities up to 300-500 m/a, and several other glaciers of particular interest to local hydropower and
tourism (Austerdalsbreen and glaciers draining into Oldedalen; see Fig. 1). A time step of 0.02-0.05 years (7.3-18.25 days) is
used depending on the experiment (Sect. 5), which ensures numerical stability.

Two of the 81 glacier units are lake-terminating glaciers (Austdalsbreen and Sygneskarsbreen in the north), which account
for about 3% of the total ice-cap volume. Frontal ablation is not included in the model, and the lake surface is considered the
bedrock topography. Neglecting iceberg calving and subaqueous melt may lead to underestimation of glacier mass loss as long
as these glaciers remain lake-terminating. The uncertainty in bedrock elevation may affect potential glacier advances, howevel
glacier retreat dominates in our simulations.

Jostedalsbreen is considered a temperate ice cap (Sect. 2) and we assume a uniform ice temper&tucecoi@pute the
associated ice viscosity using an Arrhenius law (Cuffey and Paterson, 2010, p. 75). Glen's ow law is used to compute the
strain rate in response to stress at any point in the glacier (Cuffey and Paterson, 2010, p. 55).

4.2 Basal friction
We use a linear viscous friction law (Budd et al., 1979) to compute basal gliasy
b= 2N Up, (1)

where is a friction parameteny, is basal velocity antl = ;gH, where i, g, H are ice density, gravitational acceleration
and ice thickness, respectively. The friction parameter is allowed to vary from 10 té*480rs( 2. We do not account for
input of surface melt and associated seasonal variatioNsaofduy,.

We constrain the local values of the basal friction parametby inversion using an adjoint method that minimizes the
mis t between the modelled and observed ice velocitie€®, by means of the following cost function (e.g. Morlighem et al.,
2010):

y4 z ) z

. 2 2 jiujj + 1 .
J(u; )= Ue U™ "+ uy u® " dS + , log fuohsj ds + 35 I ji*dB (2)

S S B

The rst and second terms are the absolute and logarithmic velocity mis ts, respectively. The third term is a regularization
term to prevent singularities and penalises inferred parameters to avoid over tting;, &®D00, ,=1,and 3=3:2 10 °
are respective weights for each of the terms in the cost function E3ja@dB refer to the surface and bed, respectively.

Model velocities in Eq. 2 are computed using a xed-geometry stress-balance calculation with the present-day data described
in Sect. 3 (experiment “Calibration’ in Table 2). We use this inversion method to infer the spatially variable friction parameter

for the two largest and fastest outlet glaciers Tunsbergsdalsbreen and Nigardsbreen, where we judge our mosaic velocity
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Table 1. Constants and parameter values used in this study.

Parameter Symbol Value Unit
Ice density i 917 kgm 3
Gravitational acceleration g 9.81 ms?
Rate factor A 24 10 * stpPa?
Basal friction parameter 10-400 §72 m( 12
Glen's law exponent n 3

Mesh resolution X 100-300 m
Time step t 0.02-0.05 a

dataset described above to be the most representative. For the rest of the ice cap and for ice-free areas, we use a spatial
variable friction parameter proportional to bedrock altitaggfollowing Akesson et al. (2018):

min[max(0; zp + z9;2zy]
max(zp) ' o

where max =400st=2m( 172 andz®= 500 m a.s.l. This simple parametrisation imposes a higher basal friction at higher
elevations and more slippery conditions downglacier.

4.3 Surface mass balance model

To simulate SMB, we use the model of Sjursen et al. (2023, 2025) where melt is modelled using a temperature-index approach
and accumulation is the sum of solid precipitation, assuming a linear transition between solid and liquid precipitation around a
temperature threshold. The model uses 1 km gridded daily mean temperature and daily total precipitation from seNorge 2018
(Lussanaetal., 2019; Lussana, 2021), which is largely based on interpolation of measurements from a large network of weathel
stations across Norway (see Sjursen et al. (2023) for details). The SMB model has been calibrated to Jostedalsbreen with
Bayesian approach that uses seasonal glaciological observations to constrain accumulation and melt over the period 1962—202
and decadal satellite-derived geodetic observations for 2000-2019 from Hugonnet et al. (2021) to derive spatially-distributed
bias-corrections of temperature and precipitation for each glacier unit (Sjursen et al., 2025). The SMB model domain covers
Jostedalsbreen and a 5 km buffer zone around the current ice-cap margins. This makes SMB available as forcing in case o
glacier advance, which occurred for some outlet glaciers in the 1990s and early 2000s. We employ SMB simulated using
median values of the posterior distributions of model parameters from Sjursen et al. (2025). For consistency, we propagate
the glacier-speci c temperature and precipitation bias-corrections outside of the glacier margins to Il the remainder of the
SMB-model domain.

10
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5 Experiment setup
5.1 Calibration and spinup of ice- ow model

We perform a dual ice- ow model optimisation to (i) obtain an optimal representation of ice velocities ("Calibration’; Table

2), and (ii) obtain a realistic initial topography for the historical simulation ("Spinup'; Table 2). The success of (i) is measured
by the root mean square error (RMSE) between the modelled and observed present-day velocities in a xed-geometry stress
balance simulation. The performance for objective (ii) essentially depends on the accuracy of the entire suite of model choices,
assumptions and input data, as detailed in Sect. 3 and 4 (see also Sect. 7.3).

To minimise both (i) the RMSE between modelled and observed present-day velocity during the calibration, and (ii) the
RMSE between modelled and observation-based thickness at end-of-spinup, we varied the allowed maximum for the basal
friction parameter may =[200,500] §=2m( 1=2) in the inversion. This was done for the large outlet glaciers Nigardsbreen
and Tunsbergdalsbreen. Meanwhile, for areas using the friction parameterisation in Eq. 3, we tested different combinations of

max = [200;500B51=2m( 172) andz®=[200;800]m a.s.l. This process was done iteratively until the lowest possible RMSE
for velocity (i) and thickness (ii) was found.

To avoid unrealistic model drift in the historical simulation, we assume that the ice cap was in steady-state in the 1960s. This
assumption may be most accurate for steep and short glaciers with fast response times, which mean they are more likely to b
in tune with the ambient climate (e.g. J6hannesson et al., 1989). In contrast, larger outlet glaciers may have been adjusting to
long-term climate signal and hence was not in equilibrium with 1960 conditions. This may introduce some localised bias and
in uence the historical simulation, as discussed in Sect. 7.3.

Once the optimal model parameters are obtained, we perform a 250-year spinup with a xed SMB forcing, using the mean
annual SMB over the period 1960-1989 (Table 2). During this period, at least six of the glaciers with front-position observations
showed little change in terminus positions (NVE, 2025), suggesting that they were in an approximate steady-state. Meanwhile,
three glaciers had considerable frontal changes during this period, while ve have too little data to determine how close
they were to a steady-state. The SMB during this period is therefore considered suitable as forcing for spinup of the 1960s
ice cap. We initialise the spinup using the 1966 ice-surface DTM (Sect. 3), and let the ice cap evolve freely until a steady-
state is reached, which takes c. 250 years. The 250-year spinup prevents initial model drift when the historical simulation is
launched. To measure the performance of the spinup, we calculate RMSE between simulated thickness at the end of spinup
and observation-based thickness in 1966. The latter was derived by subtracting bedrock elevation from the 1966 DTM (Sect.
3.1).

5.2 Historical ice-cap evolution

After the calibration and spinup, we launch historical simulations of Jostedalsbreen for the period 1960—2020 ("Historical' in
Table 2). This period was chosen because a high-resolution climate reanalysis is available [Sect.4.3;][](Lussana et al., 2019).
The 60-year period is also long enough for SMB to have an effect on ice-cap dynamics and outlet glacier frontal variations. It
also ensures that recent SMB forcing is imprinted “in the pipeline' for ice-cap evolution in future simulations (Sect. 5.3.3).
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Table 2. Overview of experiments performed in this study. Time period refers to year AD for which the experiment is run for, except for
Spinup and Regrow-experiments, where no speci ¢ time period is modelled. The climate data "seNorge' refers to the version seNorge_2018
(Lussana et al., 2019). ECEARTH/CCLM, ECEARTH/HIRHAM, CNRM/CCLM and MPI/CCLM refer to downscaled and bias corrected
temperature and precipitation projections (Wong et al., 2016) based on GCM/RCM simulations from EURO-CORDEX (Jacob et al., 2014).
SMB is given with years in brackets [yearX—yearY], experiments are performed using the mean annual SMB over the given period. Initial
states refer to either the ice-surface data (Sect. 3.1) or modelled ice geometry at the nal year of the stated simulations. Note that the

“Calibration' experiment is a xed-geometry simulation and thus does not involve any climate data or SMB (Sect. 5.1).

Experiment Time period Climate data SMB Initial state
Calibration 2019 - - DTM2019

Spinup 250 yrs seNorge seNorge[1960-1989] DTM1966
Historical 19602020 seNorge Sjursen et al. (2025) Spinup
Future4.5-ECC 2021-2100 ECEARTH/CCLM RCP4.5 Historical
Future4.5-ECH 2021-2100 ECEARTH/HIRHAM RCP4.5 Historical
Future4.5-CNC  2021-2100 CNRM/CCLM RCP4.5 Historical
Future4.5-MPC ~ 2021-2100 MPI/CCLM RCP4.5 Historical
Future8.5-ECC 2021-2100 ECEARTH/CCLM RCP8.5 Historical
Future8.5-ECH 2021-2100 ECEARTH/HIRHAM RCP8.5 Historical
Future8.5-CNC 2021-2100 CNRM/CCLM RCP8.5 Historical
Future8.5-MPC ~ 2021-2100 MPI/CCLM RCP8.5 Historical
CommitNow 2021-2300 seNorge seNorge[2001-2020] Historical
Commit4.5 2101-2300 ECEARTH/CCLM RCP4.5[2081-2100] Future4.5-ECC
Commit8.5 2101-2300 ECEARTH/CCLM RCP8.5[2081-2100] Future8.5-ECC
Reverse4.5 2101-2300 seNorge seNorge[2001-2020] Future4.5-ECC
Reverse8.5 2101-2300 seNorge seNorge[2001-2020] Future8.5-ECC
RegrowNow 1000 yrs seNorge seNorge[2001-2020] no ice
Regrow4.5 1000 yrs ECEARTH/CCLM RCP4.5[2081-2100] no ice
Regrow8.5 1000 yrs ECEARTH/CCLM RCP8.5[2081-2100] no ice

For historical SMB simulations (1960-2020), we employ daily mean temperature and daily total precipitation from the
seNorge_2018 reanalysis dataset. Meanwhile, we force the ice- ow model with annual SMB averaged from the simulated
monthly SMB, since we are not interested in seasonal variations in historical simulations. Regardless, the mesh resolution of
100-300 m is too coarse to capture seasonal frontal variations.

For historical simulations, we forced the ice- ow model with simulated historical SMB (Sect. 4.3) in a one-way fashion (cf.
Sect. 5.3.1). The historical runs were initiated with SMB downscaled to the 100 m 1966 DTM and then interpolated onto the

305

mesh of the ice- ow model. We tested two-way coupled historical simulations at an early stage, but the results were nearly
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identical to the one-way coupled simulations, since elevation changes 1960-2020 are minor (Andreassen et al., 2023). We
therefore continued with the one-way coupling for ef ciency.

We use SMB model output with precipitation correction factors adjusted to each individual glacier, as outlined in Sect.
4.3. For both the spinup and historical simulations, we apply a positive SMB correction of 0.75 m w.e. in the northern part
of the ice cap (cf. Fig. 1). Without this manual correction, the ice cap thins heavily during spinup, which is not realistic.
Modelled SMB suggests that the northern part of the ice cap is the area with the largest mass loss over the spinup period
1960-1989 (Sjursen et al., 2025). In particular, the 1960s display considerable mass loss due to a strong negative anomal
in precipitation amounts. This could be a result of bias in the climate data and/or in the estimated precipitation correction
factors for this region. Meanwhile, the assumption of a steady-state ice cap 1960-1989 is possibly less accurate in this arec
than others. In fact, geodetic mass balance reveals the largest thinning in the northern part of the ice cap over the 1960—202(
period (Andreassen et al., 2023),

The modelled ice-cap state at the end of the historical simulation is validated against present-day surface topography from
2020, and observed ice margins in year 2019. We also compare the model's ability to reproduce present-day ice velocities
(Sect. 3.2). A good model performance entails low RMSEs for both ice thickness and velocities, on the order of 20 m and 20
m a !, respectively. Note that the observed ice velocities have already been used in the calibration of basal friction parameters

(Sect. 5.1), and should therefore not be viewed as a completely independent dataset for validation.
5.3 Future change
5.3.1 Coupling of SMB and ice- ow model

SMB-elevation feedback.In future simulations, the models for ice dynamics (Sect. 4.1) and SMB (Sect. 4.3) are two-way
coupled at yearly intervals. Thereby, we account for the feedback between SMB and the changing glacier-surface elevation
over time. At the end of each year, the modelled ice-surface topography is used as input for the downscaling routine described
below. SMB is downscaled to the updated ice-surface topography on a monthly basis for the subsequent year, in 100 m
resolution. The obtained 100 m SMB is then interpolated onto the mesh of the ice- ow model, which then simulates ice-cap
evolution over the following year.

We distinguish between different representations of SMB, to isolate the effects and feedbacks with SMB involved. The
reference-surface mass balance, SMB refers to the SMB on an unchanging reference geometry (no elevation or area
changes) and serves as a direct indicator of climatic variations (Elsberg et al., 2001; Huss et al., 2012). The conventional
surface mass balance, SMBsceom iS produced with the coupling procedure described above and accounts for the dynamic
adjustment of both ice-surface elevation and glacier area to the SMB forcing. To isolate the SMB-elevation feedback from the
effect of glacier area changes, we also evaluate &MBea Which is SMB for an evolving area, but without elevation changes.

High-resolution downscaling of SMB.To provide high-resolution distributed SMB to the ice- ow model we downscale
the modelled SMB from the 1 km DTM of the seNorge_2018 dataset to 100 m resolution using the elevation-dependent
downscaling procedure of Noél et al. (2016). This algorithm downscales SMB from a coarse to a high-resolution DTM grid
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based on linear regression to determine local SMB gradients. We apply the algorithm on a monthly time scale to retrieve
monthly elds of SMB at 100 m resolution. First, for each grid cell of the 1 km DTM the local SMB gradient (slope of
the regression) is computed using the 1 km SMB and elevation of the given cell and the adjacent cells. The intercept of
the regression in the given cell is then found using the 1 km SMB and elevation and the local SMB gradient. Secondly, the
1 km regression coef cients (slope and intercept) are bilinearly interpolated to the 100 m DTM to retrieve 100 m regression
coef cients. Finally, SMB is computed in each 100 m grid cell using the 100 m regression coef cients and elevation in the

given cell.
5.3.2 Future SMB

To simulate SMB over the period 2021-2100, we construct time series of daily mean temperature and precipitation using a
combination of daily variability in historical data (seNorge 2018) and future trends from regional and global climate model
(RCM/GCM) projections (Table 2). The general procedure is based on the approach of van Pelt et al. (2021) and can be outlined
as follows: (1) we detrend daily temperature and precipitation in seNorge 2018 for a 20-year historical reference period (2001—
2020) by subtracting monthly linear trends in daily temperature and precipitation over the reference period from the historical
data, (2) for each combination of climate model and future emission scenario (eight in total) we compute monthly linear trends
for 20-year periods (2021-2040, 2041-2060, 2061-2080 and 2081-2100), and establish piece-wise linear functions for future
changes in temperature and precipitation, and (3) we superimpose the piece-wise linear functions on the detrended referenc
data, repeated for each future 20-year future period.

The basis for future trends in temperature and precipitation are 1 km downscaled and bias-corrected daily resolution tem-
perature and precipitation elds (Wong et al., 2016) based on four EURO-CORDEX GCM/RCM combinations (Jacob et al.,
2014) and two Representative Concentration Pathway (RCP) emission scenarios that have been used to assess climate chan
impacts in Norway (Hanssen-Bauer et al., 2017, see Table 2). The original 12.5 km resolution GCM/RCM elds have been
re-gridded to 1 km resolution and bias-corrected (see Wong et al. (2016) for details) using 1 km resolution temperature and
precipitation elds from the seNorge dataset (version 1.1; Mohr, 2008).

When detrending precipitation, the monthly trends and intercepts are distributed evenly over each day of the month. This
results in some days having negative precipitation values, even after the addition of future monthly trends. Where this occurs,
daily precipitation is set to zero. This means that the number of wet/dry days in future periods is not necessarily consistent with
the reference period. We judge this to be of minor importance since repeating past variability may not be fully representative
of future conditions. Capping negative values at zero may also result in deviations between future precipitation sums and
computed trends. However, since precipitation generally increases in future projections, large differences are unlikely to occur.

5.3.3 Future ice-cap evolution

After ensuring that the model can satisfactorily reproduce recent glacier changes and dynamics, we conduct a suite of exper-
iments of future evolution of the ice cap (Table 2). These simulations are grouped into four categories: "Future', "Commit’,
"Reverse' and "Regrow'. Below we describe each group of experiments in more detail.
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“Future' simulations (Sect. 6.2.2) are run from 2021-2100, using SMB based on climate forcing from the four GCM/RCM
combinations, and for RCP4.5 and RCP8.5 emission scenarios. Each of these simulations, eight in total, start from the transien
model state at the end of the “Historical' simulation. This ensures consistent internal model dynamics and, crucially, that future
simulations account for the time-lagged ice-cap response to recent climate forcing. We speci cally designed an experiment
called "CommitNow' to assess this aspect, where we let the historical simulation continue until 2300, using the mean annual
SMB of 2001-2020 as a constant forcing.

The modelled ice cap in 2100 produced using the ECEARTH/CCLM model combination is used as the initial state for
the "Commit'- and "Reverse'-experiments (Sections 6.2.3; 6.2.4). This model combination was chosen because it renders a
mid-range volume evolution across the four climate model combinations (Sect. 6.2.2). The Commit experiments quantify
mass losses "in the pipeline' by 2100, without any further climate change taking place. They thus shed light on the long-term
response of the ice cap to climate change. In these simulations, the ice cap evolves for another 200 years until 2300, using
mean annual SMB from 2081-2100 as a constant forcing. Meanwhile, Reverse experiments explore the potential to undo the
modelled 21st-century evolution of the ice cap (Reverse4.5 and 8.5). To this end, mean annual SMB of 2001-2020 is used as
forcing from 2101 until 2300.

Finally, we assess whether Jostedalsbreen ice cap can regrow from ice-free ice conditions in the present or future climates
(Sect. 7.2). These experiments run for 1000 years and use mean annual SMB for the present-day (2001-2020, RegrowNow
or end-of-the-century climate (2081-2100, Regrow4.5 and 8.5). SMB and ice dynamics are coupled every 20 years in these
simulations, as opposed to every year in the other future runs. The longer coupling interval for "Regrow' experiments saves
computation time and has here negligible effect compared to coupling every year, due to the relatively slow dynamics involved

when growing Jostedalsbreen from no ice.

6 Results

In the following, we rst show the results of our historical (Sect. 6.1) simulation. These provide insight in their own right; no
study has previously simulated the recent evolution of Jostedalsbreen as a whole, including ice dynamics. These experiment:
also (1) generate the initial geometry and volume for future simulations and (2) provide benchmarks that give con dence in the
modelled ice dynamics and SMB, and their ability to collectively produce an ice cap that resembles reality. These conditions
need to be ful lled before embarking on future projections (Sect. 6.2) .

6.1 Historical ice-cap change 1960-2020

Our simulations show that the modelled ice volume of Jostedalsbreen ice cap has changed little since the 1960s. The simulate
present-day volume is in excellent agreement with the observed (Fig. 2a). Meanwhile, the modelled volume in 1966 is a few
km?® lower than observed. This underestimation may partly be a result of the practical assumption that the ice cap was in
steady-state in the 1960s (Sects. 5.1 and 7.3). On the other hand, the uncertainty in observed ice volume for both the 1960s an
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present-day is around 10 Rinso the mismatch is well within the uncertainty of the underlying observational datasets of bed
topography and ice-surface topography (Sect. 3.1).

Partitioning the volume change 1960-2020 reveals that modelled and observed volumes agree very well for the South,
Central and North parts of the ice cap (Fig. 2a; cf. Fig. 1). Of these, the central ice cap amounts to c. two-thirds of the total
ice volume of 70.6 10.2 kn¥. The modelled SMB and ice-volume evolution can be divided into three distinct periods during
the historical period: approximate balance 1960-1989, apart from slightly negative SMB in the early 1960s; positive SMB and
ice-cap growth in the 1990s; and mass loss after the year 2000 (Fig. 2ac). The reader is referred to Sjursen et al. (2025) for
further details on the historical SMB.

The overall agreement between modelled and observed ice margins is good (Fig. 3), especially considering the complex
topography and great diversity in glacier characteristics. This agreement includes the large outlets Austerdalsbreen, Tuns-
bergdalsbreen and Nigardsbreen on the eastern side of the ice cap (cf. Fig. 1). However, the model overestimates the total are
by 23% (modelled area 566 Knin 2020; Fig. 2b), mainly due to too advanced margins in the north, where some areas with
relatively coarse model elements contribute to a too large modelled areal extent. These areas generally host very thin ice (les:
than 50 m; Fig. 3a), which means that they contribute little to total ice volume (Fig. 2a). The modelled area shown in Fig. 2be
includes all areas with a modelled ice thickness of 10 m or more. If instead all areas with more than 20 m thick ice is considered
as glacierised, the modelled area of 2020 becomes 520 Wiiich reduces the overestimation of areal extent from 23% to
13% (Fig. A2). This means that the present-day modelled ice cap hosts large areas 48 ikeonly 10-20 m thick, some
which are even disconnected with the main ice cap. This sensitivity analysis, together with a visual inspection of the modelled
ice-cap margins in Fig. 3b, suggests that the model performs well in representing both ice volume and area.

Overall, the modelled thickness agrees well with observation-based gridded thickness (RMSE = 24 m; Fig. 3b). Tuns-
bergdalsbreen, the longest (28 km) and thickest (maximum 626 m; Gillespie et al., 2024) glacier in Norway, sees excellent
agreement for ice thickness (RMSE ¢c30 m), with deviations within the uncertainty of the observation-based ice-thickness
data for this glacier (c. 30-80 m for Tunsbergdalsbreen; Gillespie et al., 2024). This glacier alone contains roughly as much ice
(10.8 kn?) as the entire South (12.3 Binand North (8.5 krd) parts of the ice cap, respectively (Gillespie et al., 2024). For the
lower part of Nigardsbreen, the present-day ice surface and glacier front are reproduced witthme, while the upper part
is somewhat thinner than the observation-based thickness, with thickness mis t similar to the upper limit of uncertainty for the
observation-based dataset (c. 20-50 m for the upper part of Nigardsbreen, Fig. 3b; Gillespie et al., 2024).

Conversely, the model overestimates ice thickness by c¢. 20—100 m for a few very steep, narrow outlet glaciers, for example
Briksdalsbreen and lower Austdalsbreen (Fig. 3b; cf. Fig. 1). For some of these outlet glaciers (e.g. Briksdalsbreen, Bren-
ndalsbreen, Lodalsbreen), this is associated with modelled frontal positions c. 0.5-1 km further downvalley of the present-day
observed termini (Fig. 3a). On the other hand, there are also some steep and/or narrow glaciers that are very well represente
both in terms of terminus position, thickness and ow speeds (e.g. Fabergstalsbreen, and several glacier units in the South; Fig.
3)

Velocities are overall well reproduced (RMSE = 23 m'} with some spatial variability. For example, it appears that

several modelled outlet glaciers are too slow in their steepest regions (e.g. ice falls of Nigardsbreen and Tunsbergsdalsbreen)
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Figure 2. Simulated historical change (a—c) and future (d—f) evolution with experiment Future4.5-ECC (cf. Table 2). Recent historical periods
of little change (gray), ice-cap growth (blue) and decay (red) are shaded in (a—c). Observed volumes and areas are shown as lled circles in
(a) and (b). In (c), historical SMB with evolving model area is shown (SM&e9, but without elevation changes, since these make little
difference (Sect. 5.2). Shown in (f) is SMB with transiently evolving geometry (&MBeon), including the SMB—elevation feedback and

area changes.
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Figure 3. Comparison between model simulations in this study, and observation-based ice thickness ("obs.") and observed velocity at the end
of the historical simulation (2020). (a) Modelled ice thickness; (b) thickness mis t, model - observation-based (Gillespie et al., 2024); (c)
modelled annual glacier velocity in 2020 (colours are in log-scale); (d) velocity mis t, model - observed (corrected dataset from Millan et al.,
2022). Glacier outlines and divides from 2019 are shown with thin black lines (Andreassen et al., 2022). Ice-free areas within the model

domain are shown in grayscale in (a) and (c).
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This is true when comparing modelled velocities against the global velocity product (Millan et al., 2022). As mentioned in
Sect. 3.2, velocities in this global dataset may be too high in some locations, which would mean that the modelled velocities
in fact are more accurate than they appear. Ice thickness and ice margins are indeed well represented in many areas despi
too slow apparent velocities. This indicates that the combined SMB—-dynamics model system performs well regardless of the
discrepancies between modelled and observed velocities.

6.2 Modelled future evolution 2021-2300
6.2.1 Reference surface mass balance

Future SMB simulations reveal that substantial changes in SMB forcing (gfBon Jostedalsbreen can be expected over

the coming century (Figs. 4 and 5). Moreover, differences between climate model combinations and emission scenarios are
striking (Fig. 4c). The majority of climate models result in cumulative mass losses of around -25 m w.e. over the next 30—40
years, with relatively low variation between the RCP4.5 and 8.5 scenarios. After around year 2050, models show a larger spreac
with cumulative mass losses up to around -150 m w.e. by the end of the century. Note that this mass loss is for an SMB over
a xed geometry (SMB;io), that is, before considering the effects of future area changes and the SMB-elevation feedback
(see Sect. 6.2.2 and Fig. 11). One model combination stands out from the rest: MPI/CCLM shows a large mass increase
under the high-emission scenario (Fig. 4c). This is a result of rapid and extreme (unrealistic; Sect. 7.1) gains in future winter
precipitation, along with mainly negative winter temperature and little change in summer temperature (Fig. A5), which renders
a positive cumulative SMBy;ic over the course of the 21st-century (Fig. 4). The near balance with ECEARTH/HIRHAM under

a medium-emission scenario is a result of similar, but less extreme, mechanisms.

Our simulations indicate an increase in the frequency and magnitude of negative SMB throughout the century, under both
medium- and high-emission scenarios (Fig. 4a and b, respectively). Under high-emission scenarios, ice-cap wide mass losse
can reach SMB magnitudes similar to those seen only for the low-lying tongues of Jostedalsbreen today (e.g. around -6 to
-7.5 m w.e. on the lower tongue of Nigardsbreen in 2023; Kjglimoen et al., 2024). Our results also indicate that, under both
emission scenarios, years with positive ice-cap wide SMB can occur far into the 21st century, although this occurs signi cantly
less often during the second half of the century. Uncertainties in future SMB are greater for high-emission scenarios, mainly
due to the substantial spread between climate model projections (see Sect. 7.1).

Considering the mid-range climate forcing ECEARTH/CCLM, before considering the SMB—-elevation feedback (Fig. A4),
the ice cap will retain a substantial accumulation area at high elevations in the South and Central parts for RCP4.5 by the end
of the 21st century (Fig. 5a), while annual SMB rates in the North will be mainly negative. For RCP8.5, SMB rates remain
positive only for smaller parts on the central plateau (Fig. 5c), with a large reduction in SMB rates over the entire ice cap
compared to present day (Fig. 5d). The greatest reduction in SMB occurs on low-lying glacier tongues and along ice-cap
margins (Fig. 5b and d). However, the South part, which has shown mostly positive SMB rates over the historical period
(1960-2020; Sjursen et al., 2025), also displays large negative changes in SMB by the end of the 21st century for this scenario.
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Figure 4. Modelled glacier-wide annual reference surface mass balance sl Bed DTM 2020 geometry and 2019 area) for Jostedals-
breen over the period 2021-2100. Results are presented as median annual mass balance across climate model combinations for (a) RCP4
and (b) RCP8.5, and (c) cumulative mass balance for each model and RCP combination. Bars in (a) and (b) show median modelled mas:s

balance and whiskers show spread of models (minimum and maximum values).

20






