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Abstract.  

An index representing the midlatitude Indian Ocean Dipole (MIOD) is derived from the 

second empirical orthogonal function (EOF) mode of austral winter (JJA) sea surface 

temperature (SST) anomalies to examine its impact on the Southern Hemisphere middle and 20 

upper atmosphere. ERA5 reanalysis datasets, together with satellite observations and WACCM6 

simulations, are used to analyze the associated atmospheric responses to MIOD. The results 

show pronounced but asymmetric impacts between positive and negative events, primarily 

driven by differences in wavenumber-1 planetary wave activity. Positive MIOD events enhance 

planetary-wave propagation from the Indian Ocean sector, leading to momentum deposition, 25 

variations in temperature, zonal winds, as well as a strengthening of the residual meridional 

circulation. These dynamical anomalies warm the midlatitude stratosphere, midlatitudes and 

modify the polar vortex morphology, and redistribute ozone in the midlatitudes’s vertical–
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meridional structure. Changes in stratospheric winds further regulate gravity-wave filtering, 

providing a pathway for SST signals to extend upward into the mesosphere. In contrast, negative 30 

events generally produce weaker and less statistically robust signals. These findings highlight the 

importance of incorporatingresults identify Indian Ocean SST variability into stratosphericas an 

additional driver of large-scale atmospheric variability and climate modeling to improve 

understanding ofreveal a previously underappreciated pathway through which the Indian Ocean 

can influence the middle and upper atmosphere–ocean coupling mechanisms and their 35 

implications for polar climate change. at interannual timescales. 

 

1 Introduction 

The stratosphere plays a crucial role in atmospheric vertical coupling and in shaping the 

evolution of the climate system, through both radiative and dynamical processes that connect it 40 

to the troposphere and influence global climate variability. Stratospheric processes-including 

thermal radiation is suggested to and radiative–chemical–dynamical coupling-have significant 

influences onbeen shown to influence both tropical and extratropical circulation, with further 

effects on surface temperature (Joshi et al., 2006; Maycock et al., 2013; Shindell, 2001; 

Solomon et al., 2010; Tandon et al., 2011). Dynamically, extratropical stratospheric anomalies, 45 

particularly variations in the polar vortex, can propagate downward within 1–2 months and 

significantly disturb tropospheric circulation (Baldwin and Dunkerton, 2001; Limpasuvan et 

al., 2005; Mitchell et al., 1999).  

In the Southern Hemisphere (SH), such stratospheric disturbances play an especially 

prominent role in vertical coupling across the troposphere, stratosphere, and mesosphere, while 50 

also interacting with the tropospheric climate system. For instance, the major SSW events in the 

SH during the 21st century triggered vertically coupled atmospheric responses dominated by 

wave–-mean flow interaction dynamics (Dowdy et al., 2004; Mbatha et al., 2010; Yang et al., 

2022). The variation in the troposphere and lower stratosphere can also affect the upper 

atmosphere through modulating wave-mean flow interaction (Black and McDaniel, 2007; 55 

García‐Herrera et al., 2006; Li et al., 2013, 2016a; Yang et al., 2017; Karlsson et al., 2011; 

Lindzen, 1981). 
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In addition to internally generated variability, external forcing from the ocean also exert 

important influences on stratospheric processes. Tropical sea surface temperature (SST) 

variations, particularly those associated with ENSO, are known to influence stratospheric 60 

processes through both water vapor transport and dynamical pathways such as Rossby wave 

propagation (Domeisen et al., 2019; Garfinkel et al., 2013, 2021; Li et al., 2016a; Yang et al., 

2015). Beyond the tropical Pacific Ocean, SST anomalies in other ocean basins—including the 

Indian and Atlantic Oceans-have also been shown to affect the stratosphere (Xie et al., 2018; 

Zhou et al., 2018). For example, variability in the Indo-Pacific warm pool has been associated 65 

with changes in lower stratospheric humidity, with warming leading to drying and cooling to 

moistening (Xie et al., 2018). Long-term warming of the Atlantic Ocean has contributed to the 

observed increase in stratospheric water vapor over the past century (Xie et al., 2020) and can 

affect stratospheric circulation at mid- and high latitudes by inducing atmospheric 

teleconnections and modulating planetary wave propagation (Rao and Ren, 2018).  70 

Among these oceanic influences, variability within the tropical Indian Ocean has distinct 

internal modes that significantly modulate tropospheric and stratospheric circulation. The Indian 

Ocean Basin Mode (IOBM), characterized by basin-wide SST warming, affects precipitation in 

the troposphere (Xie et al., 2009) and influences the stratosphere by altering planetary wave 

propagation (Rao and Ren, 2016; Li et al., 2016b)Li et al., 2016b) and the strength and 75 

position of the polar vortex (Rao and Ren, 2020). It has also been linked to the Northern 

Annular Mode (NAM) response that can offset the effects of tropical Pacific SST anomalies 

(Fletcher and Kushner, 2011). The Indian Ocean Dipole (IOD), defined by a zonal SST 

gradient, influences regional and remote climate by modulating large-scale circulations and 

rainfall variability (Ashok et al., 2001; Guan and Yamagata, 2003; Ramsay et al., 2017; Saji 80 

et al., 1999; Tozuka et al., 2016). Beyond its tropospheric impacts, the IOD has also been 

identified as a driver of Southern Hemisphere climate variability and may affect the stratosphere 

through the excitation of extratropical wave trains and modulation of wave propagation (Saji 

and Yamagata, 2003; Risbey et al., 2009; Son et al., 2013;  Rao et al., 2020). Strong IOD 

events in particular have been linked to persistent annular mode responses and stratospheric 85 

teleconnections (Fletcher and Cassou, 2015; Bègue et al., 2010). 

While extensive efforts have been made to understand the impacts of tropical Indian Ocean 

variability-including both basin-wide warming (IOBM) and zonal SST gradients (IOD)-on 

tropospheric and stratospheric circulation, relatively little attention has been given to SST 
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anomalies outside the tropical region. Distinctive SST variability modes also exist in the 90 

extratropical Southern Hemisphere Indian Ocean, including the Subtropical Indian Ocean Dipole 

(SIOD) (Behera et al., 2000; Swadhin and Yamagata, 2001) and Ningaloo Niño (Ryan et al., 

2021), each characterized by unique spatial and temporal patterns. However, the influence of 

these subtropical Indian Ocean SST indices on the middle and upper atmosphere remains largely 

unexplored, despite their potential importance in modulating stratospheric dynamics through 95 

planetary wave excitations. 

Considering the substantial hemispheric asymmetry in ocean coverage-the SH is 

significantly more ocean-dominated (81%) compared to the Northern Hemisphere (NH, 61%) 

(Smith and Sandwell, 1997), planetary wave activity in the Southern Hemisphere is 

predominantly influenced by oceanic thermal forcing rather than orographic effects (Brayshaw 100 

et al., 2008; Held et al., 2002). Over 90% of the net increase in global ocean heat content in 

recent decades has occurred in the Southern Hemisphere (Rathore et al., 2020), highlighting the 

growing climatic influence of Southern Hemisphere oceanic processes. These considerations 

raise the possibility that SST variability over the subtropical to midlatitude Indian Ocean may 

exert a more direct and underappreciated influence on stratospheric circulation via modulation of 105 

planetary wave activity.  

Since conventional Indian Ocean SST indices predominantly represent SST variability 

peaking during austral summer, coincident with the peak of ENSO, their utility in characterizing 

the austral winter ocean–atmosphere coupling remains limited. Yet the atmospheric background 

conditions during austral winter are more favorable for planetary wave propagation into the 110 

stratosphere, thereby promoting vertical atmospheric coupling. (Charney and Drazin, 1961). 

Considering recent changes in the spatiotemporal characteristics of Indian Ocean SST anomalies 

under climate change, this study aims to re-examine the wintertime SST variability from the 

tropical to midlatitude Indian Ocean during the Austral wintertime (June-July-August, JJA) and 

investigate its impacts on the Southern Hemisphere stratosphere and higher atmospheric layers. 115 

The remainder of this paper is organized as follows. Section 2 describes the datasets, model 

simulations, and analysis methods used in this study. Section 3 presents the identification of the 

SST variability modes, the definition of event years, and the associated stratospheric responses. 

Section 4 examines how the influences extend further into the mesosphere, analyzing the 

relevant dynamical processes and discussing their implications for the interpretation of the 120 

results.  Section 5 provides a summary of the main findings. 
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2 Data and Method 

2.1 Observations and simulations 

Previous studies have shown that major Indian Ocean SST modes, such as the subtropical 

Indian dipole, typically peak during the Northern Hemisphere winter (e.g. Behera et al., 2000; 125 

Swadhin and Yamagata, 2001). Considering the emerging spatiotemporal changes in Indian 

Ocean SST patterns under ongoing climate change (e.g., Tong et al., 2025), we re-evaluate the 

dominant variability of Indian Ocean SST anomalies during the austral winter (June–AugustJJA) 

using Empirical Orthogonal Function (EOF) analysis. The Hadley Centre Sea Ice and Sea Surface 

Temperature (HadISST) dataset, developed by the UK Met Office, was used to analyzeanalyse the 130 

spatiotemporal characteristics of SST variability over the midlatitudes of the Indian Ocean 

(Rayner et al., 2003). HadISST provides a long-term, globally complete record of sea surface 

temperature and sea ice concentration based on merged observations from ships, buoys, and 

satellites, with quality control and homogenization applied. Monthly fields at 1°×1° resolution 

were used for 1980–2022, from which June–August (JJA) means were calculated for analysis. 135 

To investigate the atmospheric response to the SST anomalies, this study uses atmospheric 

temperature, wind, and geopotential height (hgt) data from the European Centre for Medium-

Range Weather Forecasts (ECMWF) Reanalysis v5 (ERA5). ERA5 is the fifth-generation global 

reanalysis dataset developed by ECMWF, produced using advanced data assimilation techniques 

and the IFS Cy41r2 forecasting model (Hersbach et al., 2020)(Hersbach et al., 2020). It 140 

combines a wide range of observations, including satellite, radiosonde, and surface station data, to 

provide high-resolution, spatiotemporally continuous climate fields. The variables used in this 

study are daily means for the period 1979-2022, extracted at 1° × 1° horizontal resolution on 37 

standard pressure levels extending up to 1 hPa (~50 km), providing adequate coverage of the 

stratosphere. 145 

This study also uses temperature observations from the SABER and Halogen Occultation 

Experiment (HALOE) satellite instruments (Russell et al., 1993)(Russell et al., 1993). The 

HALOE onboard the Upper Atmosphere Research Satellite (UARS), operated from October 1991 

to November 2005 as part of NASA’s Mission to Planet Earth. HALOE retrieved vertical profiles 

of temperature and several trace gases (e.g., O₃, HCl) by solar occultation, using multiple infrared 150 

channels. Temperature profiles in the middle atmosphere (~40-80 km) were derived from CO₂ 

absorption near 2.8 μm, with a vertical resolution of approximately 4 km and an accuracy of ~5 K 
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below 80 km. HALOE provided daily sunrise and sunset observations within ±50° latitude, though 

data are sparse in the summer hemisphere.  

The Sounding of the Atmosphere using Broadband Emission Radiometry (SABER) 155 

instrument aboard NASA’s Thermosphere Ionosphere Mesosphere Energetics and Dynamics 

(TIMED) satellite has been operating since December 2001 (Russell et al., 1999)(Russell Iii et 

al., 1999). It alternates between northern (52°S–83°N) and southern (83°S–52°N) hemisphere 

viewing modes, providing full local time coverage approximately every 60 days. SABER measures 

limb radiance in the 15 μm CO₂ band to retrieve vertical temperature profiles from ~10 to 120 km, 160 

covering the stratosphere, mesosphere, and lower thermosphere. The vertical resolution is ~2 km, 

with an accuracy better than 2 K in the stratosphere and mesosphere. The SABER Version 2.0 

temperature dataset offers long-term, high-quality observations widely used for studying 

atmospheric waves and variability. 

Simulations from the Specified Dynamics configuration of Whole Atmosphere Community 165 

Climate Model version 6 (WACCM6-SD) were used to examine the upper atmospheric response 

to Indian Ocean SST anomalies. WACCM6 is a high-top atmospheric model developed at NCAR 

as part of CESM2, with comprehensive physical and chemical processes extending from the 

surface to the lower thermosphere (Gettelman et al., 2019). In the SD configuration, 

meteorological fields are nudged toward MERRA-2 reanalysis every six hours to reduce internal 170 

variability and model bias. The version used here was run at 0.95° × 1.25° horizontal resolution 

with 70 vertical levels and a model top near 140 km. It includes the TSMLT chemistry mechanism, 

and simulations were conducted for 1980–2022, constrained by historical SST and anthropogenic 

emissions from the Community Emissions Data System (CEDS).(Gettelman et al., 2019). In the 

SD configuration, meteorological fields are nudged toward MERRA-2 reanalysis every six hours 175 

to reduce internal variability and model bias. WACCM6 is nudged toward MERRA-2 below 

approximately 0.1 hPa (~50–60 km), with a smooth tapering of the relaxation coefficient near the 

upper boundary of the nudged region. Above this altitude, including the mesosphere and lower 

thermosphere, the model evolves freely. This setup allows the stratospheric variability to follow 

the reanalysis while retaining internally generated dynamics in the mesospheric region. The 180 

version used here was run at 0.95° × 1.25° horizontal resolution with 70 vertical levels and a model 

top near 140 km. It includes the TSMLT chemistry mechanism, and simulations were conducted 

for 1980–2022, constrained by historical SST and anthropogenic emissions from the Community 

Emissions Data System (CEDS).  



 

7 

 

A multi-source satellite ozone dataset from NASA’s Goddard Space Flight Center was used 185 

to analyse Antarctic ozone conditions, including total column ozone, ozone hole area, and ozone 

mass deficit, covering the period from 1979 to the present (Van Der A et al., 2010)(Van Der A 

et al., 2010). The dataset integrates observations from multiple satellite instruments: TOMS 

onboard Nimbus-7 (1979–1992), TOMS on Meteor-3 (1993–1994), Earth Probe TOMS (1996–

October 2004), OMI on Aura (November 2004–June 2016), and OMPS on Suomi NPP (since July 190 

2016), with additional correction and gap-filling using MERRA-2 and GEOS FP data. 

2.2 Analysis method 

To obtain a longer-term record of upper atmospheric temperature, monthly mean data from 

HALOE and SABER were merged to generate a continuous dataset spanning the period from 

1991 to 2020. Temperature profiles from both instruments were first interpolated onto a uniform 195 

grid with 1-km vertical spacing between 40 and 80 kilometerskm, and 5° latitude intervals 

between 55°S and 55°N. For HALOE, daily sunrise and sunset profiles were first averaged 

separately by month, then combined to reduce diurnal tide influences. For SABER, ascending 

and descending profiles were first averaged daily, and then a two-month running mean was 

applied to further suppress tidal signals. Due to differences in sampling characteristics, SABER 200 

more effectively removes semidiurnal tides, while residual tidal contamination may remain in 

HALOE monthly means, potentially introducing temperature biases. To construct a unified 

temperature dataset, HALOE and SABER monthly mean profiles were first bias-corrected based 

on their mean differences during the overlap period. A constant offset was applied to each 

dataset to minimize discontinuities, ensuring consistency in the merged time series. The 205 

corrected HALOE and SABER records were then concatenated to produce a continuous monthly 

temperature dataset for the period 1991-2020, following the method described by Li et al. 

(2021). 

Since middle and upper atmospheric variability is influenced by external drivers such as 

solar activity and the quasi-biennial oscillation (QBO) (Li et al., 2013), a multiple linear 210 

regression (MLR) approach was applied to remove their linear effects and long-term trends, 

thereby isolating the response to Indian Ocean SST anomalies. Following the method of Li et al. 

(2016)Following the method of (Li et al., 2016b), monthly anomalies were calculated by 

subtracting the multi-year monthly climatology from the original data to eliminate the seasonal 

cycle. The resulting anomalies were then regressed onto several external drivers, including El 215 

Niño–Southern Oscillation (ENSO), the QBO, the equivalent effective stratospheric chlorine 
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(EESC), and the 11-year solar cycle. ENSO was represented by the Niño 3.4 index, defined as 

the 3-month running mean of SST anomalies averaged over 5°N–5°S and 120°–170°W. QBO 

was captured using two orthogonal predictors: the equatorial zonal-mean zonal wind at 10 hPa 

(QBO10) and 30 hPa (QBO30) derived from ERA5 reanalysis datasets. The equivalent effective 220 

stratospheric chlorine time series used in this study corresponds to the WMO A1‐2010 scenario 

and uses the method suggested by (Newman et al., 2007)(Newman et al., 2007). 11 year solar 

activity was represented by the 10.7 cm solar radio flux (F10.7), which serves as a proxy for 

solar ultraviolet (UV) variability and has been continuously monitored since 1947 by Canadian 

agencies.  225 

The multiple linear regression model is expressed as follows: 

𝑇(𝑡)=𝛼⋅𝑁𝐼𝑁𝑂3.4+𝛽1⋅𝑄𝐵𝑂10+𝛽2⋅𝑄𝐵𝑂30+𝛾⋅𝐹10.7+δ⋅EESC+𝜅⋅𝑡𝑟𝑒𝑛𝑑+𝜀               (1) 

where T(t) denotes the monthly anomaly of the target atmospheric variable, the term trend 

represents the long-term linear trend, and 𝜀 is the regression residual, i.e., the atmospheric 

component with the influence of unrelated factors removed. The coefficients 𝛼, 𝛽1, 𝛽2, 𝛾 and δ 230 

correspond to the contributions from ENSO, QBO at 10 hPa and 30 hPa, 11-yr solar cycle and 

EESC, respectively. 

Given the limited number of events, the Monte Carlo method was employed to assess the 

statistical significance of the composite results in this work. Specifically, 1,000 synthetic 

composites were generated by randomly selecting the same number of years as the target events 235 

(without replacement) from the whole time period, assuming a null hypothesis that the composite 

signal arises purely from internal variability. For each realization, the composite was recalculated 

to build an empirical distribution. Two-sided significance thresholds were then determined based 

on the 2.5th and 97.5th percentiles of this distribution (corresponding to a 95% confidence level). 

If the actual composite value falls outside this range, the null hypothesis is rejected and the result 240 

is considered statistically significant. 

To quantify the influence of planetary wave-induced momentum and heat fluxes on the 

zonal-mean circulation, the Eliassen-Palm (E-P) flux and its divergence were calculated 

following the formulation of (Andrews et al., 1987). The meridional and vertical components of 

the E-P flux in pressure coordinates are given by: 245 
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𝐹𝑦 = 𝜌0𝑎 cos𝜑 (−[𝑢
′𝑣′] +

[𝑢]𝑧[𝑣
′𝜃′]

[𝜃𝑧]
) , (2)

𝐹𝑧 = 𝜌0 acos𝜑 ([f −
(𝑢̅ cos𝜑)𝜑

𝑎 cos 𝜑
]
[𝑣′𝜃′]

[𝜃𝑧]
− [𝑢′𝑤′]) ,   (3) 

   Div =
1

acos𝜑

∂(𝐹𝑦 cos𝜑)

∂𝜑
+
∂𝐹𝑧
∂𝑧
.              (4)

𝐹𝑦 = 𝜌0𝑎 cos𝜑 (−[𝑢
′𝑣′] +

[𝑢]𝑧[𝑣
′𝜃′]

[𝜃𝑧]
),                      (2)

𝐹𝑧 = 𝜌0 acos𝜑 ([f −
(𝑢̅ cos 𝜑)𝜑

𝑎 cos𝜑
]
[𝑣′𝜃′]

[𝜃𝑧]
− [𝑢′𝑤′]) ,   (3) 

   Div =
1

acos𝜑

∂(𝐹𝑦 cos 𝜑)

∂𝜑
+
∂𝐹𝑧
∂𝑧
.                                  (4)

 

where 𝜌0 denotes air density, a is the Earth’s radius, 𝜑 is latitude, and f is the Coriolis parameter. 

The variables 𝑢′, 𝑣′, 𝑤′, and 𝜃′ represent the zonal anomalies of zonal wind, meridional wind, 

vertical velocity, and potential temperature associated with planetary waves, respectively. Square 250 

brackets indicate the zonal mean. 

To separate wave-induced disturbances from the mean circulation, the residual mean 

meridional circulation was derived based on the transformed Eulerian mean (TEM) framework 

proposed by (Andrews and McIntyre, 1976). By incorporating corrections from the eddy heat 

flux ([𝑣′𝜃′]), this approach provides a clearer depiction of wave–mean flow interactions. The 255 

residual circulation components are given by: 

𝑣∗ = [𝑣] −
1

𝜌0

𝜕

𝜕𝑧
(
[𝑣′𝜃′]

𝜕𝜃̅/𝜕𝑧
)         (4)                                     (5) 

𝑤∗ = [𝑤] +
1

𝑎 𝑐𝑜𝑠𝜙

𝜕

𝜕𝜙
(
𝑐𝑜𝑠𝜙[𝑣′𝜃′]

𝜕[𝜃]/𝜕𝑧
)  (5)              (6) 

To diagnose the dynamical contribution of the residual circulation to ozone variability, we 

compute meridional and vertical transport terms based on anomalous TEM velocities acting on 260 

the climatological ozone gradients. For each JJA month, meridional and vertical components of 

the residual circulation (𝑣∗′, 𝑤∗′) are obtained by subtracting the monthly climatology from 

TEM fields, and the anomalous transport tendencies are approximated as 

𝑀𝑝ℎ𝑖 = −𝑣
∗′
𝜕𝜒

𝜕𝑦
 =  −𝑣∗′

1

𝑎

𝜕𝜒

𝜕𝜙
                                 (7) 

𝑀𝑧 = −𝑤
∗′
𝜕𝜒

𝜕𝑧
 =    −𝑤∗′

1

𝐻

𝜕𝜒

𝜕𝑙𝑛𝑝
                             (8) 265 

Where 𝜒 is the climatological ozone mixing ratio. The latitudinal gradient is computed on a 

spherical coordinate, and the vertical gradient is evaluated in log-pressure coordinates, with a 

scale height H = 7 km. The diagnostic in this study isolates the effect of circulation anomalies on 

ozone without solving the full TEM tracer budget, providing a physically interpretable measure 

of ozone transport variability relevant to MIOD-related circulation changes. 270 
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The Takaya–Nakamura (TN) wave-activity flux (Takaya and Nakamura, 2001) is used to 

diagnose the propagation pathways of stationary and quasi-stationary planetary waves in a 

zonally varying basic flow. The meridional and vertical components of the flux are derived from 

the geopotential field and the background zonal-mean zonal wind. In compact form, the three-

dimensional flux W = (𝐹𝑥, 𝐹𝑦, 𝐹𝑧) can be written as 275 

𝐖 = (

𝐹𝑥
𝐹𝑦
𝐹𝑧

) =
𝑝 cos𝜙

2|𝐔|

(

 
 
 

𝑈

𝑎2 cos2𝜙
[(
𝜕𝜓′

𝜕𝜆
)
2

− 𝜓′
𝜕2𝜓′

𝜕𝜆2
] +

𝑉

𝑎2 cos𝜙
[
𝜕𝜓′

𝜕𝜆

𝜕𝜓′

𝜕𝜙
− 𝜓′

𝜕2𝜓′

𝜕𝜆𝜕𝜙
]

𝑈

𝑎2 cos𝜙
[
𝜕𝜓′

𝜕𝜆

𝜕𝜓′

𝜕𝜙
− 𝜓′

𝜕2𝜓′

𝜕𝜆𝜕𝜙
] +

𝑉

𝑎2
[(
𝜕𝜓′

𝜕𝜙
)
2

− 𝜓′
𝜕2𝜓′

𝜕𝜙2
]

𝑓0
2

𝑁2
{

𝑈

𝑎 cos𝜙
[
𝜕𝜓′

𝜕𝜆

𝜕𝜓′

𝜕𝑧
− 𝜓′

𝜕2𝜓′

𝜕𝜆𝜕𝑧
] +

𝑉

𝑎
[
𝜕𝜓′

𝜕𝜙

𝜕𝜓′

𝜕𝑧
− 𝜓′

𝜕2𝜓′

𝜕𝜙𝜕𝑧
]} )

 
 
 
+ 𝐂𝑈𝑀   (9)                   

where p is pressure, a is Earth’s radius, φ and λ are latitude and longitude, ψ is the 

geostrophic stream function, U and V denote the basic-state zonal and meridional winds,  |𝑈| =

√𝑢2 + 𝑣2, 𝑓0 is a representative Coriolis parameter, and N is the Brunt-Vaisala frequency. The 

explicit forms of the three components involve combinations of the horizontal and vertical 280 

derivatives of ψ′. The mean-flow correction term 𝐂𝑈𝑀 is neglected, as its contribution is 

generally small for the quasi-stationary waves considered here. 

The TN flux provides a dynamically consistent description of how quasi-geostrophic eddies 

propagate within a three-dimensional background flow. Under Wentzel–Kramers–Brillouin 

(WKB) assumptions, its orientation aligns with the local group velocity, while its divergence 285 

highlights regions where eddy activity converges or diverges, offering insight into the eddy 

forcing on the mean circulation. In this study, the horizontal components 𝐹𝑥 and 𝐹𝑦 were 

computed from stream-function anomalies together with the climatological mean winds (1980–

2022) obtained from the ERA5 reanalysis. 

To diagnose the background flow conditions that favor or inhibit the vertical propagation of 290 

large-scale Rossby waves, we compute the quasi-geostrophic refractive index (RI) following the 

classical formulation of (Charney and Drazin, 1961). The RI provides a measure of the 

effective waveguide structure for a specified zonal wavenumber s, and is widely used to assess 

whether stationary planetary waves can propagate upward from the troposphere into the 

stratosphere. 295 

The zonal-mean meridional gradient of quasi-geostrophic potential vorticity, qϕq_{\phi}qϕ, 

is written as 
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𝑞̅∅ = 2 𝛺 cos ∅ − (
(𝑢̅ cos ∅)∅
𝑎 cos∅

 )∅ − 
𝑎

𝜌
 (
𝑓2

𝑁2
 𝜌𝑢̅𝑧)

𝑧

                         (10) 

where 𝛺 is the Earth’s rotation rate, 𝑎 is the Earth’s radius, 𝑢 is the zonal-mean zonal wind, 

𝜌 is air density, and N2 is the buoyant frequency (N2 = g*dlnθ/dz) is the static stability. 300 

The refractive index (RI) for a stationary wave of zonal wavenumber s is then given by 

𝑅𝐼 =
𝑞̅∅
𝑎𝑢̅
−

𝑠2

𝑎2 cos2 ∅
−

𝑓2

4𝑁2𝐻2
                                                            (11) 

where 𝑓 = 2𝛺𝑠𝑖𝑛 𝜙 is the Coriolis parameter and 𝐻 = 7 𝑘𝑚 is the scale height. Positive RI 

values indicate regions where vertical propagation is permitted, whereas negative values 

correspond to evanescent (non-propagating) conditions. In this study, RI is calculated for s = 1 305 

and s = 3 to assess the contrasting waveguide environments relevant to the positive and negative 

phases of the MIOD. 

 

2.3 Middle latitude Indian Dipole events 

To focus on year-to-year variability rather than long-term climate trends, the JJA-mean SST 310 

time series at each grid point was linearly detrended. To further account for the influence of long-

term stratospheric ozone changes, the EESC index was regressed out using multiple linear 

regression. EESC represents a combined metric of ozone-depleting substances (ODS), such as 

chlorofluorocarbons (CFCs), and is commonly used to assess the impact of halogen loading on 

stratospheric ozone depletion and recovery. The EESC data used in this study were obtained from 315 

the Scientific Assessment of Ozone Depletion: 2022 report published by the UNEP Ozone 

Secretariat, which provides both historical estimates (from 1980 onward) and future projections. 

The detrending and EESC adjustment were implemented via the following multiple-linear-

regression equation: 

SST_residual(t) = SST(t) − β₁ · t − β₂ · EESC(t).             (9) 320 

where β₁ and β₂ are regression coefficients associated with the long-term linear trend and the 

EESC index, respectively.JJA-mean SST anomalies relative to the 1980–2020 climatology were 

used directly in the EOF analysis to characterize interannual SST variability during austral winter. 

Then, the JJA-mean SST at each grid point was normalized by subtracting its temporal mean and 

dividing by the standard deviation, to suppress regional variability magnitude and emphasize 325 

spatial anomaly structures in the EOF analysis.  

javascript:;
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An EOF analysis was applied to the detrended and standardized JJA-mean SST over the 

Indian Ocean region (60°S–5°N, 40°E–145°E), yielding the leading two modes of SST variability 

during austral winter, as shown in Fig. 1.., EOF1 and EOF2 explains 16% and 13.6 % of the total 

variance of the normalized Indian Ocean SST anomalies. The first mode (EOF1) is characterized 330 

byexhibits coherent SST anomalies over the tropical Indian Ocean, extending southwardfrom the 

tropics into the midlatitudes. Notably,, with opposite-signed anomalies appear in the midlatitude 

regions near 40°E–60°E and around 140°E at approximately 45°S. This mode explains 16 % of 

the total The associated principal component captures the basin-wide warming trend over 1980–

2020, and this mode accounts for 21.3% of the variance. The second mode (EOF2) shows a dipole-335 

like pattern, featuring opposite SST anomalies between the region off the west coast of Australia 

extending into the northeastern tropical Indian Ocean, and the central midlatitude Indian Ocean 

located around 40°S, 70°E. This spatial patternstructure, which explains 13.4% of the total 

variance, bears some resemblance to the subtropical Indian Ocean dipoleDipole (SIOD), but with 

a more eastward-displaced structure overallconfiguration. The difference between the JJA EOF2 340 

SSTA pattern and the SIOD pattern may arise from the Indian Ocean response to climate change 

(e.g. Sun et al., 2022). Notably, the JJA-mean SIOD index, calculated using its traditional 

definition (Swadhin and Yamagata, 2001), shows a moderate correlation with the PC2 at 0.54604. 

However, distinct differences remain, possibly because the EOF2 pattern is derived solely from 

JJA SST anomalies and may also reflect evolving spatiotemporal SST characteristics in the Indian 345 

Ocean under recent climate change. 

To better capture the year-to-year spatiotemporal variability of Indian Ocean SST during 

austral winter revealed by the EOF analysis, a new SST index was constructed. This index reflects 

the SST dipole pattern associated with PC2 and is defined as the difference between the area-

averaged SST over the eastern margin of the subtropical Indian Ocean (100°–120°E, 5°–40°S) and 350 

the central midlatitude Indian Ocean (55°–90°E, 30°–45°S), as indicated by the rectangles in Fig. 

1b. Using this physically based index rather than PC2 directly provides a simpler and more 

intuitive metric for subsequent analyses and avoids the sensitivity of EOF-derived PCs to choices 

of analysis period and preprocessing. A positive phase of this index corresponds to a pattern 

characterized by warming in the north-eastern sector and cooling in the central midlatitudes. Since 355 

this index reflects the SST gradient between the midlatitudes and the eastern part of the basin, it is 

referred to here as the Middle-latitude Indian Ocean Dipole (MIOD). As shown in Fig. 2a, the 



 

13 

 

temporal evolution of the MIOD index closely tracks that of the second EOF principal component 

(PC2), with a correlation coefficient of 0.94. 

  360 
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Figure 1. SST patterns of (a) EOF1 and (b) EOF2, and principal component time series of (c) EOF1 and (d) EOF2, derived from 

Indian Ocean SST anomalies during austral winter (JJA) for 1980–2020 over the domain 60°S–5°N, 40°E–145°E. 

 365 

Based on the standard deviation of the austral winter (June–August) mean MIOD index, years 

with values exceeding +1.0.8 standard deviation were defined as positive MIOD events, while 

those below –1.0.8 standard deviation were defined as negative events. Although this SST pattern 

is not significantly correlated with ENSO, the correlation between theThe MIOD index and the 

Niño -3.4 index is onlyindices show a modest correlation (r ≈ 0.27, some4), and several MIOD 370 

events still coincided withoccur in ENSO occurrencesyears. To ensure the independence of the 

analyzed samples, ENSO events were identified using the Niño 3.4 index, with a threshold of ±1.0 

standard deviation during June–August, and their temporal and spatial overlap, defined as ENSO 

and MIOD events occurring in the same year, is shown in Fig. 2b 2. After excluding overlapping 

cases, a set of independent MIOD anomaly events was selected, comprising five positive events 375 

(1984, 1992, 1996, 2002, and 2005, and 2016) and seven negative events (1981, 1986, 1993, 1994, 

2006, 2017, 2018, and 2019). 
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 380 

Figure 2: (a) Time series of the australAustral winter (June–August) meanJJA) MIOD index (solid lineblack) and PC2 (colored 

bars).time series, with positive (negative) PC2 values shaded in red (blue). (b) Identification ofTwo-line timeline summarizing 

MIOD anomaly events. Pentagrams denote the preliminaryevent selection of. Gray bars mark ENSO years. Red and blue bars 

represent positive and negative MIOD events, squaresanomalies, respectively, while gray bars in the MIOD row indicate 

concurrent ENSO events, and circles mark the final set of independent MIOD events. Red and blue symbols represent 385 

independent positive and negativeyears in which MIOD events, respectively overlap with ENSO. 

As a robustness check, we also removed the linear influence of ENSO by regressing the 

MIOD index onto the JJA Niño-3.4 index before identifying events. The resulting MIOD years 

were nearly identical to those obtained using the threshold-based approach, differing by only one 

positive event (1991). 390 

 

3 Results 

To investigate the impact of the MIOD on the Southern HemisphereSH stratosphere, 

composite analyses of zonal-mean temperature and wind fields were performed based on the 

identified positive and negative MIOD events. Fig. 3 presents the austral winter (JJA) 395 
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stratospheric zonal-mean temperature anomalies associated with positive and negative MIOD 

events. The composites exhibit a pronounced asymmetry between positive and negative MIOD 

events. During positive MIOD events (Fig. 3a and Fig. 3b), a strong negative anomaly in zonal 

wind appears in the midlatitude stratosphere, centered near 3840°S at the stratopause level 

(~1 hPa1-3 hPa), with a minimum anomaly exceeding −18 m/s. In contrast, the high-latitude 400 

stratosphere exhibits significant positive wind anomalies, centered around 65°S with peak values 

reaching approximately +8.6 m8 m/s. These zonal wind anomalies tilt poleward with decreasing 

altitude, as indicated by the zero-contour shifting from ~50°S near the stratopause (1 hPa) to 

~70°S in the lower stratosphere (300 hPa). Over the equator, the upper and middle stratosphere 

exhibit a vertically alternating pattern, with negative anomalies (–10 m5 m/s) near 3 hPa, positive 405 

anomalies (+2 m/s) around 10 hPa, and negative anomalies (~–6 m2 m/s) near 50 hPa. 

Accompanying these wind changes, significant warming is observed in the Southern Hemisphere 

stratosphere, forming a “T-shaped” structure. The primary warming appears in the midlatitudes 

and near the stratopause. A broad region of positive temperature anomalies (> +1 K) extends 

throughout the stratosphere (300 hPa–1 hPa), intensifying with height and reaching a maximum 410 

of over +4 K near 3 hPa3-10 hPa. The meridional extent also broadens from 45°S–60°S in the 

lower stratosphere to 30°S–70°S near the stratopause. Additionally, another warming center is 

detected near the South Pole at ~90°S and 3 hPa, with a peak of +4 K; however, no significant 

anomalies are present directly below this layer in the mid-stratosphere (> 3 hPa). The zonal wind 

and temperature anomalies (weakened midlatitude westerlies, strengthened high-latitude 415 

westerlies, and polar-cap warming) closely resemble the canonical negative phase of the 

Southern Annular Mode (SAM). For the negative MIOD events (Fig. 3c and Fig. 3d), the zonal-

mean zonal wind and temperature anomalies are generally weak and fail to reach the 90% 

confidence level based on the Monte Carlo significance test. Given the limited numbers of 

positive and negative MIOD events, the composites should be interpreted cautiously. 420 

Nevertheless, the overall structures of the atmospheric responses remain internally consistent 

across the identified events, supporting the robustness of the inferred positive–negative 

asymmetry within the available record. A brief examination of the adjacent seasons suggests that 

MIOD-related anomalies outside JJA are generally weak. No statistically significant signals are 

found in MAM, and only a marginal warm anomaly and slight vortex weakening appear in SON, 425 

reaching at most the 90% confidence level. These features imply that the pronounced JJA 
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response shows limited persistence into early spring, underscoring that winter remains the 

primary season of dynamically robust coupling. 

 

 430 
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Figure 3: (a) Composite zonal-mean zonal wind anomalies for positive MIOD events. Contours represent wind anomalies, with 

the dashed contour denoting the zero line. Shading indicates statistically significant regions based on a Monte Carlo test. (b) 

Same as (a), but for the zonal mean temperature anomalies. (c) and (d), similar to (a) and (b) but for negative MIOD events. 

This asymmetry between positive and negative events may reflect differences in SST 435 

characteristics and atmospheric response mechanisms associated with opposite phases of the 

MIOD. To explore this further, Fig. 4 compares the spatial patterns of SST anomalies during 

positive and negative MIOD events. During positive-phase events (Fig. 4a), significant cold 

anomalies (~ –0.4 K) are centered over the midlatitude central Indian Ocean, extending 

southeastward from east of Madagascar (30°S, 60°E) to approximately 45°S, 100°E. Concurrent 440 

warm anomalies are confined to the vicinitylocated south of the Maritime ContinentAustralia, 

with statistically significant values limited to a small area.confined to the oceanic region between 
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Australia and Antarctica. In contrast, positivenegative-phase MIOD events (Fig. 4b) are 

characterized by a pronounced negative SST anomaly (–0.5 K) extending from south of the 

Maritime Continent toward the western coast of Australia, while warm anomalies are restricted 445 

to a relatively narrow region in the midlatitude central Indian Ocean. 
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Figure 4: Composite anomalies for positive MIOD events during June–August (JJA). (a) Sea surface temperature (SST) 450 

anomalies (shading), with only regions passing the 90% Monte Carlo confidence test shown. Overlaid contours indicate zonal 

anomalous geopotential height at 850 hPa, with orange (blue) lines representing positive (negative) anomalies. Contours are 

bolded where the anomalies are statistically significant at the 90% confidence level. Black arrows show the Takaya–Nakamura 

wave activity flux (TN flux) at 850 hPa, illustrating the horizontal propagation of anomalous planetary wave activity. (b) is the 

same as (a) but for composite of negative events. 455 

Given the ocean-dominated surface characteristics of the Southern HemisphereSH, 

planetary wave activity is primarily modulated by thermal forcing associated with zonal SST 

anomalies and associated diabatic heating. Although both positive and negative phases of the 

MIOD are characterized by pronounced meridional SST gradients over the Indian Ocean, the 

asymmetry in their spatial distributions may lead to differences in the atmospheric wave 460 

response. Composite anomalies of the zonal deviation of hgt at 850 hPa hgt during the Southern 

Hemisphere winter (dashed and solid contours in Fig. 4a) indicate that, under positive MIOD 

conditions, a prominentsignificant positive center (~+10 m) emerges over the western Indian 

Ocean to southern Africa (20°–60°E, 25°–45°S), west of the negative SST anomaly at the central 

Indian Ocean. Meanwhile, large areas of significant negative anomalies (–10 m) are observed 465 
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over southern Australia and the southwestern Pacific (90°–140°E, 30°–55°S). Accompanied by a 

positive hgt anomaly over southern South America and a negative HGThgt center over the South 

Atlantic, the composite anomalies form a coherent meridional wave pattern extending across the 

Southern Hemisphere midlatitudes. 

During negative MIOD events (Fig. 4b), a localized positive geopotential height anomaly 470 

(+13 m) is located over the southeastern Indian Ocean and the western coast of Australia (90–

100°E, 25–45°S). The Southern HemisphereSH midlatitudes near 60°S exhibit a triple wave 

pattern, characterized by negative, positive, and negative anomalies centered south of Australia 

(150°E), over the South Pacific (150°W), and off the west coast of South America (90°W), 

respectively (−15 m → +15 m → −10 m). 475 

 These results highlight a pronounced asymmetryindicate differences in the 850 hPa 

geopotential height responses between positive and negative MIOD events. In particular, positive 

events are associated with a broader zonal gradient in geopotential height over the southern 

Indian Ocean, which likely facilitates the excitation of larger-scale and more coherent wave 

structures.  480 

To access whether the Indian SST anomalies and the global geopotential anomalies are 

associated, we further examined the TN wave-activity flux at 850 hPa (as indicated by the vector 

in Fig. 4). For either positive or negative MIOD cases, TN-flux perturbations extend from the 

midlatitude eastward to the south Pacific, indicating that SST anomalies in either events can 

modulate the large-scale wave field. The similarity of the TN-flux patterns between positive and 485 

negative MIOD events indicates that both phases are capable of exciting planetary-wave activity 

over the midlatitude Indian Ocean. Thus, the contrasting atmospheric responses between the two 

phases are unlikely to arise from differences in the strength or spatial extent of the planetary -

wave forcing itself. Instead, this result suggests that the differences in the structure and phase of 

the associated geopotential height anomalies may motivates a more targeted diagnosis of the 490 

planetary-wave characteristics. 
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Figure 5: Composite anomalies of 850 hPa geopotential height for different zonal wavenumber planetary wave components 

during Southern Hemisphere winter (June–August, JJA), overlaid with the long-term climatological mean. (a–c) Composite 

results for positive MIOD events for zonal wavenumbers 1, 2, and 3, respectively; (d–f) same as (a–c), but for negative MIOD 495 

events. Shading indicates geopotential height anomalies, and contours represent the climatological mean. 

 

Such large-scale wave activity may lead to stronger atmospheric responses and could help 

explain the differing circulation patterns associated with positive and negative MIOD events. To 

further diagnose the differences in planetary wave activity modulated by positive and negative 500 

MIOD events, a harmonic decomposition was performed on the 850 hPa geopotential height 

field. Based on zonal Fourier decomposition, the zonal anomalies of the geopotential height at 

each latitude were expanded and reconstructed to extract the planetary wave components 

corresponding to zonal wavenumbers 1-3 (WN-1, WN-2, WN-3). This approach allows us to 

isolate the dominant large-scale wave structures and examine their anomalies relative to the 505 
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climatological mean, thereby assessing changes in wave phase alignment and amplitude 

associated with MIOD events. 

 For the dominant planetary wave component, zonal wavenumber 1 (WN-1), the composite 

anomalies show pronounced differences between positive and negative MIOD events. During 

positive events (Fig. 5a), strong WN-1 anomalies with amplitudes up to 18 m are excited at 510 

midlatitudes, exhibiting an in-phase structure with the climatological mean wave train. This 

phase alignment enhances the overall WN-1 amplitude by approximately 30%, indicating a 

substantial reinforcement of the planetary wave. In contrast, during negative events (Fig. 5d), 

weaker WN-1 anomalies (~3 m) emerge over the midlatitudes (40°–60°S), results in a ~5% 

reduction in wave amplitude. 515 

 

 Figure 5: Composite anomalies of 850 hPa geopotential height for different zonal wavenumber planetary wave components 

during Southern Hemisphere winter (June–August, JJA), overlaid with the long-term climatological mean. (a–c) Composite 
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results for positive MIOD events for zonal wavenumbers 1, 2, and 3, respectively; (d–f) same as (a–c), but for negative MIOD 

events. Shading indicates geopotential height anomalies, and contours represent the climatological mean. 520 

 

The planetary wave with zonal wavenumber 2 (WN-2) exhibits distinct response 

characteristics (Fig. 5b). Under climatological conditions, the WN-2 amplitude at midlatitudes is 

relatively weak (~10 m). During positive MIOD events, a similar-magnitude anomaly (~12 m) is 

generated, but it is nearly out of phase (~180° phase shift) with the climatological wave, 525 

substantially reducing the net WN-2 amplitude through destructive interference. Meanwhile, 

negative MIOD events generate WN-2 anomalies of comparable strength (~10 m), but with a 

phase structure approximately orthogonal (~90° phase shift) to the climatological pattern. As a 

result, the anomaly has limited projection onto the background wave and does not significantly 

alter the overall wave amplitude.  530 

The planetary wave component with zonal wavenumber 3 (WN-3) also exhibits distinct 

responses between positive and negative MIOD events (Fig. 5c and 5f). In positive events, the 

WN-3 anomalies (~10 m) are nearly in phase with the climatological WN-3 pattern, resulting in 

constructive interference and a ~40% increase in wave amplitude. This reinforces the overall 

planetary wave activity. Similar to the WN-2 response, the WN-3 anomalies during negative 535 

MIOD events (~8 m) exhibit a phase structure that is approximately orthogonal to the 

climatological mean (~10 m). Consequently, the contribution of the anomaly to the background 

wave is limited, and the overall amplitude remains largely unchanged. 

The differentiated responses of planetary waves with different zonal wavenumbers help 

explain the contrasting atmospheric responses of positive and negative MIOD events. Positive 540 

events, characterized by a unique SST anomaly structure, induce substantial zonal geopotential 

height gradients over the southern Indian Ocean, which effectively excite WN-1 and WN-3 

components. This leads to enhanced planetary wave activity and a longer wave propagation path. 

On the other hand, negative events exert limited influence on WN-1 and primarily generate WN-

2 and WN-3 anomalies that are nearly orthogonal to the climatological waves, resulting in 545 

minimal modulation of planetary wave amplitude. 

To further assess how these wave responses modulate the vertical propagation of planetary 

waves, we examine the E–P flux and its divergence. Fig. 6 presents the MIOD-related E-P flux 

anomalies during JJA. To better visualize the wave propagation from the lower troposphere to 
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the upper stratosphere, a two-layer normalization approach is applied: the troposphere (900-300 550 

hPa, Fig. 6a) and the stratosphere (300-1 hPa, 

 

Figure 6: June–July–August (JJA) climatological refractive index (RI) for (a) zonal wavenumber-1 (WN-1) and (b) zonal 

wavenumber-3 (WN-3), averaged over 1979–2020. Negative RI values are masked and shown in gray. The pressure axis is 

plotted on a logarithmic scale. 555 

 

In addition to the zonal structure of the wave anomalies, the background waveguide also 

plays a critical role in determining which wavenumbers can effectively influence the 

stratosphere. The JJA climatology of the RI reveals a broad, vertically continuous region of 

positive value for WN-1 extending from the upper troposphere into the mid-stratosphere across 560 

the Southern Hemisphere extratropic (Fig. 6), indicating a climatologically open pathway for 

large-scale stationary waves. In contrast, WN-3 exhibits a broad region of negative refractive 

index centered near 100 hPa, extending from Antarctica to approximately 30°S. This extensive 

negative-RI layer acts as a blocking lid that prevents WN-3 from propagating upward into the 

stratosphere. This inherent waveguide structure explains why WN-1 dominates the stratospheric 565 

response: during positive MIOD events, enhanced WN-1 anomalies can utilize this favorable 

propagation environment to penetrate into the stratosphere, whereas WN-3 anomalies-despite 

showing amplitude changes-remain largely trapped in the lower atmosphere and contribute little 

to the stratospheric variability. 
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 570 

Figure 7 Fig. 6b) are normalized separately, with Fphi and Fz in each layer divided by aπ and 

105, respectively. The composite results reveal a clear enhancement of upward planetary wave 

propagation during positive MIOD events, consistent with the excitation of stronger WN-1 and 

WN-3 components. 

 575 
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Figure 6: (a) Composite anomalies of tropospheric E–P flux components (𝐹𝜙, 𝐹𝑧) during positive MIOD events in June-August 

(JJA), with 𝐹𝜙 and 𝐹𝑧 normalized by aπ and 106 respectively. Shading indicates the E-P flux divergence. Arrows denote the 

anomalous E-P flux vectors, with dark arrows marking vectors that pass the 90% Monte Carlo confidence test. (b) Same as (a), 580 

but for the stratosphere, with 𝐹𝜙 and 𝐹𝑧 normalized by aπ and 105, respectively. 

 

To characterize the resulting vertical propagation of planetary waves, we then examine the 

E-P flux and its divergence. Fig. 7 presents the MIOD-related E-P flux anomalies during JJA. 

For clarity, the tropospheric (900-300 hPa) and stratospheric (300-1 hPa) E-P fluxes are plotted 585 

using separate normalization factors to improve the clarity of the plotted vectors since the value 

in the tropospheric and stratospheric differ substantially in magnitude. The composite results 

reveal a clear enhancement of upward planetary wave propagation during positive MIOD events, 

consistent with the excitation of stronger WN-1 components. 
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In the mid- to upper troposphere (Fig. 6a7a), significant anomalous upward propagation of 590 

planetary waves is observed over the midlatitudes (50°S-770°S). These regions of enhanced 

upward E-P flux coincide well with those identified in the lower stratosphere (Fig. 6b7b), 

indicating vertically coherent wave propagation. Above approximately 30 hPa, the upward-

propagating wave activity begins to shift equatorward with height, and this meridional 

displacement becomes more pronounced at higher altitudes. Such latitudinal shifting of planetary 595 

wave propagation is likely modulated by the background waveguide structure (Fig. 6a) of the 

Southern HemisphereSH winter atmosphere (Butchart et al., 1982). The upward- and 

equatorward-propagating planetary waves in the stratosphere ultimately lead to a pronounced 

region of E-P flux divergence in the mid- to low-latitudes near the stratopause (1 hPa, 15°-55°S). 

This divergence indicates wave breaking and the deposition of westward momentum into the 600 

background flow, producing a peak deceleration anomaly of approximately −3 m s⁻¹ day⁻¹ - an 

enhancement of about 55% relative to the climatological mean (−5.6 m s⁻¹ day⁻¹). This 

anomalous momentum forcing provides a dynamical explanation for the strong negative zonal 

wind center (~−(~ −18 m s⁻¹) observed in the midlatitude upper stratosphere in Fig. 3. 
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 605 

Figure 7: (a) Meridional gradient of temperature anomalies (∂T′/∂φ) during the Southern Hemisphere winter associated with 

positive MIOD events. (b) Corresponding zonal wind anomalies (𝒖𝑻
′ ) derived from the thermal wind equation. 

However, besides the negative zonal-mean zonal wind anomalies over the midlatitudes 

(30°–50°S) shown in Fig. 3, a region of positive anomalies is also present over high latitudes 

(60°–75°S) near 3 hPa. This high-latitude response may be linked to the dynamical adjustment 610 

associated with the midlatitude wind anomalies. Under the quasi-geostrophic and hydrostatic 

balance approximation, the zonal wind can be approximated by the thermal wind (Andrews et 

al., 1987), with both the climatological mean temperature (T) and zonal wind (U) satisfying the 
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thermal wind equation. Accordingly, the zonal thermal wind anomaly (𝑢𝑇
’ ) and the meridional 

gradient of the temperature anomaly (𝑇 ’) satisfy: 615 

𝜕𝑢𝑇
’

𝜕𝑧
=  −

𝑅

𝑎𝐻𝑓

𝜕𝑇 ’

𝜕𝜑
                                     (12) 

where 𝑓 = 2 𝜔 𝑠𝑖𝑛 𝜑 is the Coriolis parameter, R is the gas constant for dry air, a is the Earth’s 

radius, and H is the scale height of the atmosphere. This relationship indicates that the 

meridional gradient of the temperature anomaly (𝜕𝑇 ’ 𝜕𝜑⁄ ) thermodynamically forces the vertical 

shear of the zonal wind. 620 
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Figure 8: (a) Meridional gradient of temperature anomalies (∂T′/∂φ) during the Southern Hemisphere winter associated with 

positive MIOD events. (b) Corresponding zonal wind anomalies (𝒖𝑻
′ ) derived from the thermal wind equation. 

The positive temperature anomaly in the midlatitude stratosphere, centered near 50° S and 625 

~10 hPa (Fig. 3b), induces a marked meridional asymmetry in the temperature gradient 

(𝜕𝑇 ’ 𝜕𝜑⁄ ) (Fig. 7a8a), with a strong negative gradient band (–11 K rad⁻¹) between 30° S and 50° 

S and a positive gradient over 50° S–75° S. According to the thermal wind relationship, this 

gradient structure drives a typical baroclinic response in the zonal thermal wind anomalies 𝑢𝑇
’  

(Fig. 7b8b): the low-latitude negative gradient region forces a –20 m s⁻¹ westerly anomaly 630 

centered near the stratopause and extending downward to 100 hPa, while the midlatitude positive 

gradient anomaly generates an eastward wind anomaly of up to +12 m s⁻¹ at the stratopause, and 

the high-latitude negative gradient corresponds to a secondary –3.4 m s⁻¹ anomaly. This thermal 

wind framework explains the dipolar structure of the zonal wind anomalies in Fig. 3, including 

the high-latitude reversal to positive anomalies. The smaller amplitude of the observed anomalies 635 

compared to the calculated thermal wind (e.g., +8 vs. +12 m s⁻¹ in mid-to-high latitudes) is 

mainly duepartially attributed to planetary wave breaking, as indicated by the EP flux divergence 

(~ –2 m s⁻¹ d⁻¹ at 60° S, 1 hPa), which acts to weaken the thermal-wind-driven response. 

Fig. 9 provides an objective view of how positive MIOD events modify the Southern 

Hemisphere polar vortex by examining potential vorticity (PV) anomalies on the 850-K 640 

isentropic surface. During positive MIOD events, a zonally asymmetric PV anomaly pattern 

appears, with reduced PV over the high-latitude western sector, while enhanced PV appears 

between 30°–60°S in the eastern sector. This anomaly distribution is associated with a westward 

displacement of the composite vortex boundary (pink solid contour) relative to its climatological 

position (dashed gray circle). Such a deformation of the vortex edge represents a geometric 645 

manifestation of a stationary zonal wavenumber-1 (WN-1) perturbation, consistent with the WN-

1 geopotential height anomalies identified in Figs. 4–5 and the associated refractive-index 

conditions that favor vertical propagation. The PV-based metric therefore provides a structural 

complement to the earlier diagnostics, illustrating how the MIOD-related wave perturbations 

project onto the vortex geometry. 650 

To sum, the most pronounced responses are linked to positive MIOD events, whereas 

negative phases produce weaker atmospheric signals. This asymmetry is consistent with the 

diagnosed differences in planetary wave activity, with positive events favoring strong 

wavenumber-1 anomalies that can effectively propagate into the stratosphere, while negative 
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events primarily excite higher-wavenumber anomalies that, according to the RI diagnostics, are 655 

not permitted to propagate vertically and therefore do not reach the stratosphere. 

 

 

Figure 9: Composite anomalies of the potential vorticity (PV) field for positive MIOD events at the 850 K isentropic level during 

June–August (JJA). Shading indicates the PV anomalies (units: 10−6 K m2 kg−1 s−1), with stippling showing regions exceeding the 660 

95% Monte Carlo significance level. The dashed gray contour marks the climatological polar vortex boundary derived from the 

JJA-mean PV field. The solid pink contour shows the composite vortex boundary.  

 

Driven by the zonal momentum forcing provided by the divergence of the E–-P flux in the 

low- and mid-latitude stratosphere, the Brewer–Dobson (B–-D) circulation is intensified during 665 

positive MIOD events. Fig. 8a10a presents the residual mean meridional and vertical winds (𝑣∗, 

𝑤∗) calculated from the transformed Eulerian mean (TEM) equations (streamlines), along with 

percentage anomalies of ozone mixing ratio (color shading), with regions failing the 90% 

confidence test masked in gray.  
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 670 

Figure 8: (a) Composite percentage anomalies of ozone mixing ratio relative to the climatological mean and residual circulation 

anomalies (𝒗̅∗, 𝒘̅∗) during positive MIOD events in June–August (JJA). Shading indicates percentage anomalies of ozone 

mixing ratio. Streamlines represent anomalies of the residual circulation, with their color indicating the normalized magnitude of 

the wind anomalies. Gray shading marks regions where the residual circulation anomalies do not pass the 90% Monte Carlo 

confidence test. (b)  Composite anomalies of total column ozone (TCO) during July–August (J–A) for negative MIOD events. 675 

Shading indicates composite anomalies of TCO. Stippled areas denote regions that pass the 90% Monte Carlo confidence test. 

The results reveal enhanced poleward flow in the stratosphere above 10 hPa between the 

equator and 40° S, accompanied by strengthened downward motion between 30° and 60° S. In 
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the tropical middle stratosphere (30–-40 km), the anomalous ascending branch transports ozone 

produced by lower-level photochemical reactions upward toward the stratopause, generating a 680 

pronounced ozone enhancement (+4 %). Near the stratopause (~3 hPa), the intensified poleward 

transport in the anomalous circulation produces a marked divergence region in the midlatitudes, 

leading to ozone depletiondecrease of up to –6 %. With increasing latitude, the meridional flow 

weakens and anomalous subsidence strengthens, forming a convergence center in the mid-

stratosphere over the midlatitudes (30 hPa, 60° S), where ozone is accumulated (+6 %) and 685 

subsequently heats%), which could contribute to the atmosphere vialocal heating through 

shortwave absorption.  

 

Figure 10: (a) Composite ozone mixing ratio percentage anomalies and residual circulation anomalies (𝒗̅∗, 𝒘̅∗) during positive 

MIOD events (JJA). Gray shading denotes regions where residual circulation anomalies are not significant at the 90% level. (b) 690 

Composite total column ozone anomalies for positive MIOD events (JJA), with stippling indicating significance at the 90% level. 

(c) Composite anomalies of the meridional transport term (𝑭ϕ). Gray shading marks regions not significant at the 90% level. (d) 

Same as (c), but for the vertical transport term (𝑭𝑧). 
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This “tropical ascent–midlatitude descent” anomaly pattern redistributes ozone in the 695 

latitude–height plane, with the associated changes resulting primarily from transport. It leads to 

reduced ozone in the tropical lower stratosphere and the midlatitude upper stratosphere, while 

enhancing ozone in the midlatitude middle–lower stratosphere. As ozone concentrations 

typically peak near ~20 hPa, changes above 10 hPa-such as the decrease near 40°S and the 

concurrent tropical increase-indicate substantial anomalies in ozone transport. The increased 700 

ozone in the midlatitude stratosphere is likely an important factor contributing to the significant 

warming over 45°-60°S through radiative heating. However, given the potential influence of 

Brewer-Dobson circulation anomalies, especially in the lower stratosphere, the exact relative 

contributions of radiative and dynamical processes cannot be determined from the present 

analysis. Such ozone transport anomalies are also clearly reflected in the total column ozone 705 

(TCO) changes shown in Fig. 8b10b, with a pronounced increase of approximately 20 DU over 

the midlatitudes (45°–60° S) and a marked decrease at higher latitudes, particularly within the 

60° W-120° E sector. These patterns are consistent with the convergence and divergence features 

of the anomalous circulation evident in Fig. 8a10a. The close resemblance between the TCO 

pattern in Fig. 10b and the PV anomalies on the 850-K surface (Fig. 9) further supports the 710 

interpretation that both fields reflect the large-scale circulation anomalies associated with the 

MIOD-related WN-1 perturbation. 

The diagnostic transport terms further substantiate that these ozone anomalies arise 

primarily from dynamical redistribution rather than in situ chemistry. To quantify the 

contribution of large-scale dynamic transport to the ozone response, we diagnose an anomaly-715 

based TEM transport proxy defined as: 

𝑇𝑑𝑦𝑛 = −𝑣
∗′
𝜕[𝑂3]

𝜕𝑦
− ∆𝑤∗

′ 𝜕[𝑂3]

𝜕𝑧
                            (13) 

where 𝒗∗′ and 𝒘∗′ are anomalies of the meridional and vertical residual velocities relative to 

their climatological means, and the ozone gradients are computed from the climatological zonal-

mean ozone field. This diagnostic represents the anomalous dynamical transport associated with 720 

circulation anomalies and is used to construct the horizontal and vertical transport components. 

Fig. 10c and 10d show the composite anomalies of these meridional and vertical transport terms 

during positive MIOD events. 

The meridional transport component (Fig. 10c) exhibits a dipole-like anomaly pattern, with 

negative values near the subtropical stratopause (~30° S, ~3 hPa) and positive values over the 725 
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midlatitudes around ~60° S and ~10 hPa. This dipole structure indicates a strengthened poleward 

transport branch between these regions: the negative anomalies near 30° S, 3 hPa are consistent 

with tendencies that remove ozone from the subtropical stratopause, whereas the positive 

anomalies near 60° S, 10 hPa reflect tendencies that add ozone into the midlatitude stratosphere, 

in line with the corresponding ozone anomalies. The vertical transport term (Fig. 10d) exhibits 730 

anomalies that are consistent with the MIOD-related residual circulation. Negative anomalies 

near ~50° S and ~3 hPa are consistent with an enhanced downward branch of the anomalous 

residual circulation (Fig. 10a), which tends to export of ozone-rich air from the stratopause 

region. At higher latitudes, the positive anomalies between ~70° S and 10-20 hPa likely reflect 

the corresponding downward transport of ozone into lower levels. The combined behavior of the 735 

meridional and vertical transport terms closely matches the spatial pattern of ozone tendencies, 

indicating an MIOD-related redistribution of ozone from the subtropical upper stratosphere 

toward the midlatitude lower–middle stratosphere. This dynamical interpretation accounts for the 

dominant features of the ozone response, although contributions from chemical processes or 

other factors cannot be ruled out. 740 

4 Discussion: Mesospheric Extension of the MIOD Influence 

The stratospheric wind anomalies documented above are likely to modulate the wave-mean 

flow interaction, thereby influencing the mesosphere. To assess the full vertical extent of the 

MIOD influence, weThe stratospheric responses described above suggest that MIOD-related 

perturbations may extend upward into the mesosphere, raising the question of how far the 745 

influence of MIOD projects vertically. To investigate the full vertical structure of the 

atmospheric response, we complement the stratospheric analysis with merged HALOE–SABER 

temperature observations spanning 10–100 km and SD-WACCM6 simulations. Because the free-

running nature of SD-WACCM6 above ~50–60 km allows the mesosphere–lower thermosphere 

(MLT) variability to evolve independently of the imposed stratospheric state, the comparison 750 

between observations and model output provides a basis for examining whether the mesospheric 

anomalies inferred from observations are dynamically consistent with those that arise internally 

in the model. This framework enables us to assess potential pathways through which MIOD-

related stratospheric perturbations may influence the mesosphere, without presupposing the 

underlying dynamical mechanism. 755 
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We use merged HALOE–SABER temperature observations (10-100 km) for 1991-2022, 

restricted to 55° S-equator owing to data gaps poleward of 50° S in HALOE and limited 

coverage south of 55° S in SABER. Fig. 9a11a shows composite zonal-mean temperature 

anomalies for positive MIOD events from merged HALOE-SABER observations (1991-2022), 

and Fig. 9b presents the corresponding SD-WACCM6 simulations. Despite observational gaps at 760 

high southern latitudes, both datasets reveal the stratospheric signals discussed above and 

temperature responses extending into the mesosphere11b shows the corresponding composite 

constructed from SD-WACCM6 outputs. 
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 765 

Figure 911: (a) Composite zonal-mean temperature anomalies for positive MIOD events from merged HALOE–SABER satellite 

observations (1991–2022) over 10–100 km. White, light gray, gray, and dark gray shading denote regions exceeding the 99 %, 

95 %, and 90 % confidence levels, and those failing the significance test, respectively, based on a Monte Carlo method. (b) Same 

as (a), but from SD-WACCM6 simulations. 

In the midlatitude stratosphere, satellite observations show zonal-mean temperature 770 

anomalies of +3 K at 45° S and 10 hPa30-40 km, slightly weaker than the +4 K seen in the 

ERA5 reanalysis. This difference may be due to the satellite data assimilation period (post-1992) 

not covering earlier strong MIOD events. From the stratopause upward to the mesosphere (1–
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0.03 hPa40-70 km), a significant cold anomaly develops, with a –-4 K minimum centered at 50° 

S and a tilted cold band of about –-1 K extending from the equatorial stratopause (10 hPa40 km, 775 

0°) toward the lower mesosphere at 30° S (0.3 hPa45-50 km). Above this level, from the upper 

mesosphere to the lower thermosphere (0.01-0.001 hPa80-100 km), the anomalies shift to 

warming, reaching up to +2 K. From the stratopause to the upper As SD-WACCM6 is 

constrained by reanalysis only in the stratosphere and evolves freely in the mesosphere (1-0.03 

hPa), negative temperature–lower thermosphere, it provides a means to assess whether the 780 

mesospheric anomalies are observed, with a minimum of –4 K centered over the midlatitudes 

(50° S) and a tilted cold band (–1 K) extending inferred from the equatorial stratopause (10 hPa, 

0°)observations exhibit structural similarities to the lower mesosphere over 30° S (0.3 hPa).those 

generated internally. The spatial phase of this cold band closely resembles that of the ozone 

depletion region (Fig. 8b). Above, from the upper mesosphere to the lower thermosphere (0.01-785 

0.001 hPa), the anomalies transition again to warm anomalies of up to +2 K. Observations reveal 

significant warm anomalies, including a pronounced midlatitude warming in the MLT region and 

a +1.5 K anomaly near the tropical upper mesosphere (0–30° S, 65–80 km). In contrast, the 

Specified Dynamics Whole Atmosphere Community Climate Model version 6 (SD-WACCM6) 

reproduces the overallSD-WACCM6 composites show a broadly similar large-scale structure but 790 

with weaker amplitudes, where. However, the midlatitude warming in mesosphere/lower 

thermosphere region seen in observations is largely absent in the model, and the tropical 

anomaly remains below 1 K and is not statistically insignificantsignificant. This discrepancy 

between the observations and SD-WACCM6 may indicate that the processes giving rise to the 

upper-mesospheric and lower-thermospheric response are not fully captured, as SD-WACCM6 is 795 

not constrained in the mesosphere. An additional contributing factor may be the non-overlapping 

portions of the observational record (1991–2022) and the model simulation period used here. 

Despite observational gaps at high southern latitudes, both the satellite observations and SD-

WACCM6 simulations exhibit broadly similar large-scale vertical anomaly patterns extending 

form the stratosphere into the mesosphere. 800 

Given that stratospheric disturbances may project upward through dynamical pathways, it is 

instructive to consider how the zonal wind anomalies associated with MIOD events modify the 

background flow. During positive MIOD events, the stratospheric zonal wind anomalies exhibit 

a distinct dipole pattern, characterized by a pronounced weakening of the midlatitude westerlies 

(Δu ≈ −18 m s⁻¹). ThisSuch a wind structure acts as a vertical filter that selectively suppressesis 805 
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expected to strongly modulate gravity -wave components propagating in the same direction 

through critical-level filtering. As a consequence, a strong eastward , because changes in the 

strength of the background westerlies determine whether and where waves with different 

horizontal phase speeds satisfy the critical-level condition and are preferentially absorbed in the 

lower atmosphere. Since SD-WACCM6 is not constrained in the mesosphere, the simulated 810 

mesospheric temperature response reflects internally generated variability that resembles the 

observed anomalies, allowing the model’s dynamical process to be used diagnostically to explore 

how MIOD-related stratospheric perturbations may project upward into the mesosphere. 

In the positive MIOD composite, the SD-WACCM6 gravity wave drag anomaly(GWD) 

anomalies show a significant eastward acceleration of up to +12 m s⁻¹ d⁻¹ emerges near 0.1 hPa 815 

(80 km1hPa (60km) at midlatitudes, drivingaccompanied by a secondary westerly wind anomaly 

(+8 m s⁻¹) aboveat 0.101 hPa around 30° S at 0.01 hPa (Fig. 10).12). These features are 

consistent with a scenario in which a larger fraction of westward-propagating gravity waves is 

absorbed by the stratospheric zonal wind, so that the remaining upward-propagating spectrum 

deposits a net eastward momentum flux in the upper mesosphere. At high southern latitudes 820 

(60°–80° S), no clear gravity wave drag anomalies are found, and the zonal wind perturbations 

above 60 km remain weak. This indicates that the influence of positive MIOD events on the 

middle-to-upper atmosphere is primarily confined to the midlatitudes, while the high-latitude 

circulation is only marginally affectedThese results indicate that the MIOD-related stratospheric 

wind anomalies imposed through nudging are sufficient to modify gravity-wave filtering in the 825 

free-running mesosphere of SD-WACCM6, leading to temperature and wind responses that 

broadly resemble those inferred from observations. This suggests that the upward influence of 

MIOD events likely operates through this dynamical pathway, with the midlatitudes providing 

the most efficient conduit for transmitting stratospheric perturbations into the mesosphere. 
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Figure 1012: Composite anomalies of JJA zonal mean zonal wind and gravity wave drag in the Southern hemispheric upper 

stratosphere to the lower thermosphere during positive MIOD events. Contours denote composite anomalies of zonal wind (solid 

for positive/eastward anomalies and dashed for negative/westward anomalies), with a contour interval of 2 m s⁻¹. Shading 

indicates anomalies of gravity wave drag, and only regions passing the 90% Monte Carlo confidence test are shown. 835 

 

The present study demonstrates that the MIOD exerts a substantial influence on the 

Southern Hemisphere stratosphere and mesosphere. Composite analyses indicate that positive 

MIOD events are associated with pronounced decelerations of the midlatitude westerlies, 

enhanced planetary wave propagation, and significant temperature anomalies, whereas negative 840 

events generally produce weaker and less coherent responses. This phase asymmetry points to 

fundamental differences in the underlying dynamical and thermodynamical drivers, consistent 

with the spatially asymmetric patterns of sea surface temperature anomalies and their ability to 

modulate planetary wave forcing and background flow interaction. The diagnosed stratospheric 

anomalies are dynamically consistent with the thermal wind framework, whereby the enhanced 845 

warming near 50° S and ~10 hPa generates strong meridional temperature gradients that are 
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directly linked to the observed dipolar zonal wind anomalies. Discrepancies between thermal-

wind estimates and reanalysis winds are largely attributable to planetary wave breaking, as 

indicated by EP flux divergence, which further provides the momentum forcing that strengthens 

the Brewer-Dobson circulation, enhancing poleward transport and downward motion in the 850 

midlatitudes. This circulation adjustment drives marked ozone redistribution, with enhanced 

tropical upwelling producing ozone increases near the stratopause, while divergence over the 

midlatitudes leads to ozone depletion aloft and convergence near 30 hPa and 60° S produces 

ozone enrichment.  

The influence of the MIOD extends into the mesosphere and lower thermosphere (MLT) 855 

through gravity‐wave filtering modulated by stratospheric wind perturbations. MIOD-related 

zonal wind anomalies modify the intrinsic phase speeds of gravity waves through Doppler 

shifting, thereby shifting the altitudes of critical levels. When the background eastward zonal 

wind weakens, more eastward-propagating gravity waves can pass through the critical levels and 

reach the mesosphere. This selective filtering process controls the spectrum of upward-860 

propagating waves and the altitudes where they dissipate. The surviving waves break and deposit 

momentum, producing coherent drag anomalies and mean-flow adjustments that align with the 

diagnosed wind departures. Enhanced gravity-wave drag centers in the winter midlatitudes near 

the upper mesosphere (~0.1 hPa) and the associated secondary circulations yield heating and 

cooling patterns consistent with observed thermal anomalies aloft. The overall picture highlights 865 

that the MLT response is not a passive extension of stratospheric variability but the outcome of 

selective filtering, wave–mean flow interactions, and feedbacks. Small discrepancies in 

amplitude between observations and SD–WACCM6 simulations likely reflect uncertainties in 

gravity-wave sources and parameterizations, although the simulated spatial structure and vertical 

phasing support the proposed mechanism. 870 

The most pronounced responses are linked to positive MIOD events, whereas negative 

phases produce weaker atmospheric signals. This asymmetry arises from fundamental 

differences in the accompanying planetary wave activity, with positive events favoring strong 

wavenumber-1 responses that efficiently transmit the oceanic forcing into the stratosphere, while 

negative events are associated with weaker or less favorably phased wave activity. 875 

The diagnosed stratospheric response to MIOD events exhibits a clear phase asymmetry that 

can be traced primarily to differences in the dominant planetary-wave forcing. Positive MIOD 

events preferentially excite zonal wavenumber-1 disturbances that are able to propagate upward 
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under austral winter background conditions, whereas negative events are dominated by higher-

wavenumber anomalies that remain largely confined below the tropopause. The associated EP-880 

flux divergence provides momentum forcing that strengthens the residual circulation, 

contributing to midlatitude ozone redistribution through enhanced poleward transport and 

downwelling. Deviations between thermal-wind estimates and reanalysis winds further point to a 

dynamical contribution from planetary-wave forcing, although diabatic, radiative, and chemical 

processes may also play a role. 885 

In the mesosphere, SD-WACCM6 produces a response that is structurally similar to satellite 

observations. Within the model, MIOD-related stratospheric wind anomalies modulate gravity-

wave filtering and wave-mean flow interactions, leading to coherent mesospheric drag and 

circulation anomalies. While discrepancies persist, particularly at higher altitudes, these results 

indicate that gravity-wave filtering provides a physically plausible pathway linking MIOD-890 

related stratospheric disturbances to the mesospheric response. 

5 Conclusion 

The present study highlights the significant role of Southern HemisphereSH winter Indian 

Ocean SST anomalies in modulating the circulation and thermal structure of the middle and 

upper atmosphere. By constructing a new index based on the leading EOF mode of JJA SST 895 

variability, we demonstrateshow that positive MIOD events are accompanied by pronounced 

planetary -wave responses accompany positive SST anomalies, enhanced upward EP flux, and a 

strengthening of the residual meridional circulation. These dynamical changes favor a warmer 

polar stratosphere, modifications of the polar vortex morphology, and altered ozone transport 

pathways. The findings are consistently supported by satellite observations and WACCM6 900 

simulations, lending robustness to the identified SST-atmosphere coupling. Beyond the seasonal 

mean influence, our results reveal that the SST-driven responses exhibit strong hemispheric 

asymmetry, with the Southern Hemisphere atmosphere being more sensitive due to its unique 

background circulation during winter. This sensitivity underlines the importance of considering 

the Indian Ocean as a key driver of stratospheric variability, in addition to well-known factors 905 

such as ENSO and the QBOThese dynamical anomalies warm the midlatitude stratosphere, 

modify the vertical and meridional structure of the polar vortex, and redistribute ozone toward 

the midlatitudes. 
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The analysisatmospheric response exhibits a clear phase asymmetry: positive MIOD events 

favor strong zonal wavenumber-1 anomalies that are able to propagate into the stratosphere 910 

under austral winter conditions, whereas negative phases primarily excite higher-wavenumber 

disturbances that, according to the refractive-index diagnostics, remain confined below the 

tropopause and produce a much weaker stratospheric signal. As a consequence, the circulation 

and thermal anomalies associated with positive MIOD events project onto a SAM-negative-like 

pattern, characterized by polar-vortex weakening and a broader hemispheric circulation 915 

adjustment. 

Satellite observations and SD-WACCM6 simulations further suggests that long-term 

trendsindicate that MIOD-related anomalies extend into the Southern Hemisphere mesosphere, 

with the model suggesting a role for gravity-wave drag modulation in linking stratospheric wind 

anomalies to the mesospheric response. The MIOD-related atmospheric signal identified here 920 

indicates that Indian Ocean SST may have contributed to the observedvariability acts as an 

additional source of large-scale dynamical variability in Antarctic ozone depletion and recovery. 

While ozone forcing has dominated the Southern Hemisphere stratosphere over the past decades, 

the role of oceanic boundary forcing should not be overlooked, particularly in the context of 

future climate change when both ozone recovery and continued ocean warming are expected to 925 

interact. Taken together, the results emphasize that the Indian Ocean SST anomalies exertthe 

Southern Hemisphere, complementing established influences such as ENSO and the QBO, and 

highlighting a previously underappreciated influence on the Southern Hemisphere pathway 

through which tropical ocean variability affects the middle and upper atmosphere. This coupling 

mechanism provides new insights into ocean–atmosphere interactions at  on interannual to 930 

decadal timescales. It has implications for predicting the variability of the stratospheric 

circulation and ozone evolution in a changing climate. 
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