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Abstract. The Last Interglacial (LIG) period, approximately 130,000 to 115,000 years ago, represents one of the warmest

intervals of the past 800,000 years. Here, we simulate water isotopes in precipitation over Antarctica and the Arctic during

the LIG, using three isotope-enabled atmosphere–ocean coupled climate models: HadCM3, MPI-ESM-wiso, and GISS-E2.1.

These models were run following the Paleoclimate Modelling Intercomparison Project phase 4 (PMIP4) protocol for the LIG

at 127 ka (kilo-years ago), supplemented by a 3,000-year Heinrich Stadial 11 (H11) experiment using HadCM3. The long H115

simulation applies Northern Hemisphere meltwater to the North Atlantic, causing large-scale changes in ocean circulation—

including cooling in the North Atlantic and Arctic, and warming in the Southern and Global Oceans. While the standard 127 ka

simulations do not capture the observed Antarctic warming and sea ice reduction in the Southern Ocean and Antarctic regions,

they do capture around half of the warming in the Arctic. The H11 simulations align more closely with observations than

the 127 ka simulations. H11 captures more than 80% of the warming, sea ice loss, and δ18O changes for both Greenland and10

Antarctica. Decomposition of seasonal δ18O drivers highlights the dominant role of sea-ice retreat and associated changes in

precipitation seasonality in influencing isotopic values across all simulations, alongside a smaller common response to orbital

forcing. We use the H11 and multi-model 127 ka simulations together to infer LIG surface air temperature (SAT) changes

based on ice core measurements. The peak inferred LIG Greenland SAT increase is +2.89± 1.32 K at the NEEM ice core

site—less than half the previously inferred warming. Peak inferred LIG Antarctic SAT increases are +4.39± 1.45 K at EDC,15

dropping to +1.67± 3.67 K at TALDICE. These calculated warming values reflect climate effects alone and do not account

for any ice flow or site elevation–related impacts. Coastal sites in Greenland and Antarctica appear to have experienced less

warming compared with higher central regions.
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1 Introduction20

The Last Interglacial (LIG) period, or Eemian, occurring approximately 130,000 to 115,000 years ago, stands out as one of the

warmest interglacials in paleoclimate records over the past 800 thousand years (Past Interglacials Working Group of PAGES,

2016). The globe experienced temperatures higher than preindustrial levels during peak LIG conditions (Hoffman et al., 2017;

Fischer et al., 2018). Estimates of global mean maximum surface air temperature LIG warming of 0.8� 0.5K above pre-

industrial levels are supported by Hoffman et al. (2017), Fischer et al. (2018), and Shackleton et al. (2020). The magnitude25

of warming was greater in polar and subpolar regions compared to the global-mean value (CAPE-Last Interglacial Project

Members, 2006; Sime et al., 2009; Capron et al., 2014, 2017). Sime et al. (2023) estimated the Arctic wide summer surface air

temperature warming at 127 ka to be 3.7� 1.5K, when the Arctic may have been sea ice free during summer (Guarino et al.,

2020; Vermassen et al., 2023); whilst Greenland surface temperatures as high as 8� 4 K warmer than the PI has been posited

by NEEM community members (2013). Similarly, peak LIG annual mean warming over central Antarctic ice core sites of +3-630

K have been suggested (e.g.Jouzel et al., 2007; Sime et al., 2009; Otto-Bliesner et al., 2013; Bakker et al., 2014; Capron et al.,

2014).

Alongside the increases in polar surface air temperatures, sea ice cover was reduced and sea surface temperature warmed

across the Arctic and Southern Oceans at 127-128 ka compared to the preindustrial period (Holloway et al., 2017; Chadwick

et al., 2023). Recently Vermassen et al. (2023) used open water species, found in Arctic marine cores, to suggest that the35

Arctic was likely seasonally sea ice-free during the LIG, though Arctic age models are currently characterized by signi�cant

uncertainty (Razmjooei et al., 2023). This supports the idea that sea ice feedbacks were important in amplifying the Arctic

LIG warming (Guarino et al., 2020; Diamond et al., 2021, 2023). In the Southern Ocean work on diatom fossil assemblages in

marine sediment cores and sea-salt sodium in Antarctic ice cores helps underpin our understanding of Antarctic sea ice (Wolff

et al., 2006; Crosta et al., 2022; Chadwick et al., 2020, 2021, 2022). Gao et al. (2024a) examined four recent Southern Ocean40

core syntheses (from: Capron et al., 2017; Hoffman et al., 2017; Chandler and Langebroek, 2021; Chadwick et al., 2021), and

estimated a Southern Ocean annual SST anomaly of around +1.3K at 127 ka.

Whilst the Arctic summer warmth and loss of sea ice during the LIG can be attributed mainly to orbital forcing (Guarino

et al., 2020; Diamond et al., 2023; Sime et al., 2023; Vermassen et al., 2023), the reduced sea ice and warmer Southern Ocean

is not attributable to either orbital or greenhouse gas forcing, as austral summer solar insolation was lower, and greenhouse gas45

concentrations were below preindustrial levels at 127 ka (Berger and Loutre, 1991; Otto-Bliesner et al., 2017). Although the

Antarctic ice sheet volume and con�guration remain poorly constrained (Golledge et al., 2021), modelling studies nevertheless

show that a smaller than preindustial ice sheet alone is very unlikely to account for the estimated LIG sea ice loss and Southern

Ocean warming (Holloway et al., 2016; Hutchinson et al., 2024). Alongside this, recent simulations run according to standard

Paleoclimate Modelling Intercomparison Project (PMIP) LIG protocol (Otto-Bliesner et al., 2017), which applies 127 ka orbital50

and greenhouse gas forcing, also do not fully replicate the pronounced warmth at southern mid-to-high latitudes (Lunt et al.,
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2013; Otto-Bliesner et al., 2017, 2021; Kageyama et al., 2021). This model-observation mismatch may be due to the models

not capturing a prolonged period of meltwater in�ux from the Northern Hemisphere ice sheet melt, and subsequent weakening

of the Atlantic Meridional Overturning circulation with warming of the south due to the bipolar seesaw effect (Holloway et al.,

2018; Sime et al., 2019a; Chadwick et al., 2023; Gao et al., 2024a).55

From approximately 132 to 128 ka, in the period before peak LIG warmth, meltwater entered the North Atlantic from the

deglaciation of the large Northern Hemisphere glacial-period ice sheets. The event is sometimes called Heinrich 11 (H11),

although technically a Heinrich event is de�ned as the occurrence of very signi�cant meltwater markers (e.g.ice-rafted debris)

in North Atlantic sediment cores (Heinrich, 1988; Hemming, 2004), rather than being a simple label for the period marked by

Northern Hemisphere meltwater entering the oceans. The extra freshwater reduced the thermohaline circulation-driven part of60

the Atlantic Meridional Overturning Circulation (AMOC), and decreased the associated export and loss of global heat through

and to the North Atlantic (Rahmstorf, 2000; Weaver et al., 2003; Clark et al., 2002; McManus et al., 2004). This resulted

in large-scale changes in ocean circulation, including cooling in the North Atlantic and Arctic, and warming in the Southern

and Global Ocean. Recent dating of the H11 event suggest that the meltwater could have persisted for 3000 to 5000 years

(length partly depending on de�nition of `Heinrich`) and that it is possible that the meltwater ceased directly before peak LIG65

temperatures at both poles (Marino et al., 2015; Stoll et al., 2022).

Given the progress in understanding the processes key to Last Interglacial (LIG) climate at the poles, it seems timely to

revisit the question of inferring, or quantifying, polar warming during the LIG from ice core measurements. Ice core stable

water isotopes (� 18O) from Antarctica and Greenland provide invaluable information on past variations in site temperature

(EPICA community members, 2004; Jouzel et al., 2007; Sime et al., 2013; Malmierca-Vallet et al., 2018; Domingo et al.,70

2020). Jouzel et al. (1997) note that linear relationships between the mean annual� 18O content in precipitation and the mean

annual temperature at the precipitation site in polar regions support this use of ice core measurements. However, retrieving

accurate LIG peak temperature information from� 18O values is challenging (e.g.Jouzel et al., 1997, 2003; NEEM community

members, 2013; Goursaud et al., 2021). In particular, temporal slopes often appear lower than present-day spatial slopes (Jouzel

et al., 1997; Guan et al., 2016).75

The most important local-site control on� 18O in polar precipitation is thought to be the site condensation temperature (Dans-

gaard, 1954; Jouzel et al., 1997). Lee et al. (2008) and Liu et al. (2023) therefore examine relationships between condensation

temperature and inversion layers in Antarctica, and the reconciliation of spatial and seasonal� 18O–temperature relationships,

�nding relationships of around 1.2‰=K between inversion layer and� 18O in precipitation.

Additional local-to-regional in�uences include changes in local boundary layer conditions (e.g.Krinner et al., 1997; Noone80

and Simmonds, 2002) and the impacts of continental vapor recycling (e.g.Werner et al., 2001; Sjolte et al., 2014).

However,� 18O is also dependent on the origin of the vapour and its associated pathways and history as it travels to the

precipitation site (Dansgaard, 1954; Boyle, 1997; Kindler et al., 2014; Guan et al., 2016). Changes in Greenland� 18O during

climate shifts have been shown to be sensitive to both source properties and pathway changes (Boyle, 1997; Werner and

Heimann, 2002), along with key controls such as precipitation seasonality and intermittency. These factors affect Antarctica85
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and Greenland differently due to the nature of precipitation, sea ice, and other geographically speci�c in�uences (Werner et al.,

2001; Sime et al., 2008, 2013; Münch et al., 2020).

For example, Vinther et al. (2010); Sjolte et al. (2014) show that local temperature controls on Greenland� 18O can be weak

during summer; this may be partially due to the limited impact of sea ice in summer (e.g.Sime et al., 2013; Sjolte et al., 2014;

Sime et al., 2019b). Many recent studies now consider such factors, including air mass trajectories and vapour-to-precipitation90

distance (e.g.Delaygue et al., 2000; Schlosser et al., 2004), evaporation and ocean surface conditions (e.g.Vimeux et al., 1999),

and especially sea ice (e.g.Bertler et al., 2018; Holloway et al., 2016, 2017).

Seminal work by Petit et al. (1999) at Vostok in Antarctica used a� 18O–temperature relationship of 0.7‰=K, while in West

Antarctica, WAIS Divide Project Members (2015) used a relationship of 0.8‰=K. For Greenland, at the NEEM core site,

NEEM community members (2013) used a value of 0.48� 0.1‰=K.95

However, given the timescale, regional, and climate-shift-dependent controls on� 18O across Antarctica and Greenland, it is

imperative to study the relationships between� 18O and temperature for each speci�c climate shift, especially where we seek

to infer temperature from measured changes in� 18O in ice cores (Jouzel et al., 1997).

Isotope-enabled General Circulation Models (GCMs) allow a more direct comparison of model isotopic outputs with water

isotope concentrations measured in natural archives, including ice cores. These models provide the most comprehensive means100

that we possess to include all the factors that affect the� 18O and surface air temperature changes (Werner et al., 2001; Werner

and Heimann, 2002). They have therefore been used to investigate� 18O and temperature in polar regions, and to provide a

theoretical framework that accounts for both spatial and temporal variations in isotopic signals (Werner and Heimann, 2002;

Sime et al., 2008). This study investigates water isotope changes in precipitation in the Antarctic and the Arctic regions that

occurred between the PI and LIG using three isotope-enabled GCMs, and is the �rst isotopic-enabled multi-model study of105

the LIG. LIG simulations are run with each of these models according to the recent PMIP4 LIG protocol (Otto-Bliesner et al.,

2017). These simulations are supplemented by a long 3000-year H11 experiment which is run using HadCM3. The Methods

section (2) details these models, experimental set-ups, and ice core� 18O and climate data, alongside analysis methods. Section

3 presents the results, Section 4 discusses the �ndings, and Section 5 concludes the study.

2 Methods110

The Methods section details: the three water-isotope enabled models used; simulations run with these models; how model

output is handled and analysed; and Antarctic and Greenland ice core� 18O and wider set of observations used to evaluate the

model simulations.

2.1 Models

The use of three isotope-enabled models aids in understanding model-dependency of results. The models are: the Max Planck115

Institute for Meteorology Earth System Model here referred to here as MPI-ESM-wiso (Cauquoin et al., 2019); the Goddard

Institute for Space Studies coupled ocean-atmosphere model: GISS-E2.1-G (Kelley et al., 2020); and version 4.5 of the Hadley
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Table 1.Simulation names, models versions, and boundary conditions. Note all simulations are run with a pre-industrial ice sheet con�gura-

tion. The magnitude of the H11 freshwater forcing is 0.25 Sverdrups. See also Sections 2.1 and 2.2.

Simulation

name

Model (and version) Orbital

forcing

GHG forcing Spin-up

(years)

Duration of H11 forcing

ECHAM6PI ECHAM6 (MPI-ESM-wiso)

1850 C.E
(CO2=284 ppm,

CH4=808 ppb

N2O=273 ppb)

3500 -

GISSPI GISS (ModelE2.1-G) 1000 -

HadCM3PI HadCM3 (UM4.5) 2000 -

ECHAM6127k ECHAM6 (MPI-ESM-wiso)

127ka
(CO2=275 ppm,

CH4=685 ppb,

N2O=255 ppb)

2800 -

GISS127k GISS (ModelE2.1-G) 1000 -

HadCM3127k HadCM3 (UM4.5) 2000 -

H11-200 HadCM3 (UM4.5)

128ka
(CO2=275 ppm,

CH4=705 ppb,

N2O=265 ppb)

1000 0.25Sv for 200 years

H11-3000 HadCM3 (UM4.5) 3800 0.25Sv for 3000 years

H11-overshoot HadCM3 (UM4.5) 3900 0.0Sv, 200 years post-H11-3000

Centre Climate model: HadCM3 (Tindall et al., 2009). MPI-ESM (version 1.2 Giorgetta et al., 2013; Mauritsen et al., 2019)

has been used for a wide range of paleoclimate simulations (e.g.Otto-Bliesner et al., 2021). Here we use the low resolution

(LR) version, which has 1.875°×1.875° and 47 hybrid vertical levels in the atmosphere, and 1.5°×1.5° and 40 levels in the120

ocean component. Subsequent to the addition of water isotope module, is usually called MPI-ESM-wiso (Cauquoin et al.,

2019). GISS-E2.1 is the Goddard Institute for Space Studies GISS ModelE2.1-G which has an atmospheric resolution of 2°

latitude by 2.5° longitude, with 40 vertical layers up to 0.1 hPa coupled to the GISS Ocean v1 model with a resolution of 1°

latitude by 1.25° longitude with 40 layers. Its vegetation uses the demographic global vegetation model called Ent Terrestrial

Biosphere Model (Kelley et al., 2020). HadCM3 couples a hydrostatic atmospheric component HadAM3 and a barotropic125

ocean component HadOM3 (Tindall et al., 2009). The HadAM3 atmospheric model has a horizontal resolution of 2.5°×3.75°

and 19 hybrid vertical levels, while the HadOM3 ocean model has a horizontal resolution of 1.25°×1.25° and 20 oceanic levels.

The water isotope module of HadCM3 is described in Tindall et al. (2009).

2.2 Model simulations and output

Our series of simulations focuses on the LIG climate and isotope maximum in Antarctica and the Arctic. For each model, a130

pre-industrial (PI) control simulation is set-up following, or closely approximating the protocol in Eyring et al. (2016). For

each model, the PI experiment is run for a period long enough to reach a pseudo-equilibrium state (i.e., negligible drifts in

the atmosphere, surface, and mid depth ocean). For MPI-ESM-wiso, the simulation has been continued for 2500 model years

from a standard simulation without isotopes, which was run for 1000 years (so 3500 years in total) (Cauquoin et al., 2019).

For GISS the pre-industrial simulation is begun from WOA observed conditions with isotopic composition of the whole ocean135

prescribed, and then spun-up for 1000 years, with the last 100 years used in this study. For HadCM3, the PI spin-up is more

5



than 2000 years in length. Previous evaluation of each model against observations suggests that the simulated distribution of

isotopes in polar precipitation compare well to present-day (e.g.Sime et al., 2008; Cauquoin et al., 2019; Oger et al., 2023).

As well as the PI control, for each model one LIG simulation is run, based on the Otto-Bliesner et al. (2017) Tier 1 lig127k

protocol. The protocol speci�es orbital and greenhouse gas concentrations �xed at 127-ka values (see Table 1). Atmospheric140

greenhouse gas concentrations are derived from ice core records at 127 ka (Otto-Bliesner et al., 2017), and use a CO2 value

of 275ppm. As speci�ed in the protocol, sea level and ice sheet con�gurations are kept same as PI set-up for each model

(Table 1). For MPI-ESM-wiso, the simulation has been continued for 1500 model years from a standard simulation without

isotopes, which was run for 1300 years (so 2800 years in total), starting from PI state for the isotopic spatial distribution in

the ocean. For GISS, the LIG simulation has the same spin-up as for the PI. And for HadCM3, it was spun-up for 1000 years,145

starting from a spun-up PI. These long spin-ups mean that all simulations have reached pseudo-equilibrium states, as achieved

for the PI simulation. As in Table 1, these simulations are referred to using the convention MODELTIMESLICE , for example,

MPI-ESM-wisoPI and GISS127k .

In addition to the primary multi-model 127k simulations, we use HadCM3 to run a Heinrich Stadial 11, or H11, simulation

which directly extends the Holloway et al. (2018) simulation. This enables exploration of the effects of the Heinrich 11 (or150

Termination 2) ice sheet melt event, which preceded 127 ka, and how the associated meltwater entering the North Atlantic

on climate, and associated� 18O changes. The H11 simulation is run on from a 128 ka simulation, spun-up for the orbital

and GHG conditions of 128ka over 800 years. Our Holloway et al. (2018) H11 experiment has orbital and GHG forcing that

are for 128ka rather than 127ka. Gao et al. (2024a) shows that standard 127-ka and 128-ka HadCM3 simulations give very

similar results: orbital changes between 127 and 128ka are slight; whereas the impacts of the meltwater forcing are large. Our155

H11 simulation continues to apply the same 128 ka orbital and GHG conditions, with the addition of meltwater, via standard

hosing-type set-up, to the North Atlantic. In support of this variant, Otto-Bliesner et al. (2017) introduced a Tier 2 sensitivity

experiment, which similarly includes a prescribed meltwater �ux to the North Atlantic. Since Holloway et al. (2018); Guarino

et al. (2023); Gao et al. (2024a) suggest that 3000 years of this meltwater forcing is required to allow the impacts of northern

hemisphere ice sheet melt on LIG climate to fully manifest in the Southern Ocean and Antarctica, 0.25Sv of melt water is160

added uniformly to the surface North Atlantic Ocean between 45°and 70°N for 3100 years.

The meltwater forcing is then stopped, and an additional simulation is branched off at 3000 years, where orbital and GHG

forcing continued to be applied but no further meltwater is added. This extra branch is useful to capture the initial effects

of post H11 recovery, sometimes referred to as the AMOC overshoot. As in Table 1, these simulations are referred to as

H11-TIME/BRANCH.165

The H11 simulation represents a signi�cantly longer meltwater forcing than previous LIG simulations run with the HadCM3

model (Stone et al., 2016; Holloway et al., 2018). Given the actual meltwater isotopic composition from deglaciating Northern

Hemisphere Ice Sheets is highly uncertain, following Holloway et al. (2018) the ocean isotopic composition for the H11

simulation is set to 0 ‰ (equivalent to present day) to ensure no negative drift in whole ocean isotopic composition. This

effectively uses the assumption that by the end of Heinrich Stadial-11 sea level has reached approximately present-day values,170

resulting in a globally integrated ocean isotopic composition of 0 ‰.

6



2.2.1 Model output: calculation of anomalies

All climatologies for LIG simulations are calculated using the �nal 100 years of output and are compared to the PI climatologies

from each individual model. For the H11 simulation, speci�c periods are picked out for analysis at 200 and 3000 years into

H11 forcing, and post H11, or AMOC overshoot; referred to respectively as H11-200, H11-3000, and H11-overshoot (See175

Figure A2, Table 1). For the H11 simulation, climatology for 100 year slices from initial Phase (from years 200-300 after

hosing started), �nal phase (year 3000-3100) and part of the overshoot phase (year 200-300, after hosing is stopped) are

computed. Each simulation is summarised in Table 1. LIG - PI anomalies are generally presented using the� notation. So,

for example, anomalies in Surface Air Temperatures (SATs) would be denoted� SAT and be calculated for MPI-ESM-wiso as

MPI-ESM-wiso127k -MPI-ESM-wisoPI , or for year 3000 of the H11 simulation using [H11-3000] -[HadCM3PI ].180

Bilinear interpolation in latitude–longitude space is used to extract values at the ice core locations from the gridded model

output. The time mean variables [and units], or climate quantities, used for each model are: surface air temperature (SAT in

K), precipitation (Precip in mm/month), sea surface temperature (SST, K), sea ice concentration (SIC in %), and sea ice area

(SIA in mill. km2). To extract model output at each site, nearest neighbour interpolation is used. Summer SST is de�ned as the

average January-February-March SST. SIA is estimated by summing the product of Antarctic SIC and grid cell area.185

All � 18O values are mass-weighted and presented in parts per thousand (‰), and calculated:

� 18O =

 
�

18O
16O

�

sample�
18O
16O

�

standard

- 1

!

� 1000 (1)

2.2.2 Model output: � 18O drivers quantifying seasonality of� 18O and precipitation

To help quantify the impacts of� 18O and precipitation seasonality on the� 18O changes between PI and LIG, we show a simple

breakdown of the drivers of�� 18O following the method used in Holloway et al. (2016), Sime et al. (2019b), and Oger et al.190

(2023):

�� 18Oseasonal =

P
j � 18OLIG

j � PrecipPI
jP

j PrecipPI
j

-

P
J � 18OPI

j � PrecipPI
jP

j PrecipPI
j

(2)

�Precip seasonal =

P
j � 18OPI

j � PrecipLIG
jP

j PrecipLIG
j

-

P
j � 18OPI

j � PrecipPI
jP

j PrecipPI
j

(3)

The summations (j) are over the 12 months of a year, using monthly climatological values.

2.2.3 Model output: uncertainties and� 18O versus SAT relationships195

We use linear regression to investigate the relationship between simulated�� 18O and� SAT. The regression is �tted using

one and two part �ts. In the �rst case, this implies no change in SAT if there is no change in� 18O, andvice versa, whilst in
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the second case changes in SAT and� 18O can be partly independent. This second case would take account of cases where,

for example, there a PI-to-LIG climate change that affects only SAT or only� 18O, but not both. All linear regressions are

performed using the ordinary least squares (OLS) method, utilizing the Python package `statsmodels` (Seabold and Perktold,200

2010), which provides robust tools for linear modeling. To quantify the uncertainties in the predicted dependent variable,

con�dence intervals are calculated at the 95% level. These uncertainties help in understanding the reliability of �t. This is

important given there are only six data points (corresponding to six model simulations) available. This limited number of

simulations (data points) inherently increases the uncertainty of the �t. Uncertainties are calculated using the standard error

of the regression coef�cients, which takes into account the variance of the residuals and the distribution of the independent205

variable.

2.3 Arctic and Antarctic ice core � 18O data

Ice core data for the LIG is available from both Greenland (Arctic) and Antarctica. LIG ice layers have been found in deep

Greenland ice cores. Although dating these layers presents challenges and some may be missing, Domingo et al. (2020) inferred

the "most likely" LIG peak� 18O values along with the associated uncertainty ranges from six deep ice cores (Figure A1). These210

are: NEEM (NEEM community members, 2013); NGRIP (Members, North Greenland Ice Core Project, 2004); GRIP (Landais

et al., 2003); GISP2 (Suwa and Bender, 2008; Yau et al., 2016); Camp Century (Johnsen et al., 2001); and DYE3 (Johnsen

et al., 2001). These data are re-used in this study (Table A1, �rst four columns upper half).

Goursaud et al. (2021) presented data from six published East Antarctic ice core records that provide� 18O measurements

from the PI and LIG (Table A1, �rst four columns lower half). Most of the� 18O values were in practice extracted from Bazin215

et al. (2013) or Masson-Delmotte et al. (2011). The sites and key original references for each site (Figure A1) are: Vostok

(Petit et al., 1999); Dome F (Kawamura et al., 2007); EDC (Jouzel et al., 2007); EDML (EPICA Community Members, 2006);

TALDICE (Stenni et al., 2011); and Taylor (Steig et al., 2000). The observed PI value corresponds to the average over the

period 1850-1900, and the LIG value corresponds to the maximum value during the LIG period (Goursaud et al., 2021). Of

these cores, Taylor is least con�dently dated. It receives less emphasis in the results.220

2.4 Overview of Global, Arctic, and Southern Ocean LIG temperature and sea ice changes

Given sea surface conditions and global climate play a key role in setting SAT and� 18O in polar regions, it is also helpful

to evaluate the model simulations against global-scale observations from the LIG. An overview of these observation-sets are

provided here. Hoffman et al. (2017) estimate a global annual sea surface temperature warming during the LIG of 0.5� 0.3K.

Based largely on this estimate, Fischer et al. (2018) then estimated a global mean maximum surface air temperature LIG225

warming of 0.8� 0.5K above pre-industrial levels. This also seems to be in line with more recent estimates of LIG global mean

ocean temperature warming of 1.1� 0.3K at 129ka, decreasing to� 0K by around 124ka (Shackleton et al., 2020). In the Arctic,

Sime et al. (2023); Guarino et al. (2020) and Vermassen et al. (2023) show together that the Arctic was likely occasionally or

often practically sea ice free at 127ka,i.e. that the total SIA in the Arctic was less than 1 mill. km2, and that the summer� SAT

in the Arctic was +3.7� 1.5K warmer relative to the PI, north of 70N. For the Southern Ocean, sea ice at 127 ka was reduced by230

8



40-60% over winter compared to the preindustrial (Holloway et al., 2016, 2017; Chadwick et al., 2023), and Gao et al. (2024a)

alongside Capron et al. (2017); Hoffman et al. (2017); Chandler and Langebroek (2021); Chadwick et al. (2021) estimate a

Southern Ocean annual SST anomaly of around +1.3°C at 127 ka relative to present.

3 Results

We �rst assess the global and polar sea surface changes, with a focus on summer� SAT and� SIC for the Arctic and Antarctic235

regions to assess whether simulations capture the observed 127ka warming. The next portion of the results considers� SAT,

� Precip, and�� 18O across Greenland and Antarctica, alongside an evaluation of the impact of changes in seasonality on

�� 18O. Then we use simulated�� 18O and� SAT to infer� SAT from�� 18O measured in ice cores, and to obtain estimates of

the climate-related polar warming at Greenland and Antarctic ice core sites.

3.1 Model climatology: Do our simulations capture the polar and global climate of 127ka?240

3.1.1 Global temperature

The 127k simulations show a small global cooling with global-mean� SAT from -0.23 to -0.11 K and� SST from -0.17 to

-0.07K (Table A2). In association with this, HadCM3127k and MPI-ESM-wiso127k show a cooling of -0.016 to -0.045K in

global mean ocean temperature (GMOT). The longer H11 simulations show progressive global warming during the H11 event:

the H11-200, H11-3000, and H11-overshoot simulations show global-mean� SAT of -0.23, 0.35, and 1.09 and� SST of 0.04,245

0.45, and 0.83 K, and� GMOT for the H11-3000 and H11-overshoot simulations are both +0.8K (Table A2). Thus whilst all

127k simulations show a slight global cooling, the H11 simulations (particularly the H11-3000) show warmer global SST, SAT,

and GMOT changes. Towards the end of the 3000 years of H11 forcing, results from these H11 simulations match the Fischer

et al. (2018) and Shackleton et al. (2020) estimates of these global quantities.

3.1.2 Arctic temperature and sea ice250

Kageyama et al. (2021) and Sime et al. (2023) show that all PMIP4 127k simulations have a decrease in summer SIA between

the PI and 127k. However the simulations of present day and pre-industrial Arctic SIA is very variable between models, and

often does not agree with observations. This can strongly affect subsequent assessment of Arctic� SAT, � SST, and� SIA. We

�nd similar results for our three 127k simulations (Figure 1).

The three 127k simulations show in the Arctic a summer� SAT of +1.7 to +2.7 K and a summer� SIA reduction of between255

35-55% (Table A3). Of the three models, MPI-ESM-wiso and HadCM3 have an absolute 127k summer SIA of 1.7-2.7 mill.

km2, which is not too far from the expected LIG 127ka sea ice state (Sime et al., 2023), however, the summer� SAT of +1.7

to +1.8K is roughly half of the observed +3.7� 1.5K warming (Sime et al., 2023; Guarino et al., 2020). Thus these simulations

underestimate both actual 127k summer sea ice loss, and associated Arctic summer warming. The 127k simulation that warms

the most, the GISS model, has a simulation of both PI and 127k Arctic SIA that is much too large, which makes interpretation260
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Figure 1. Anomalies in surface air temperature (� SAT), precipitation (� Precip), sea ice concentration(� SIA) and� 18O over Arctic region

for the 127k simulations from the PI. See Table 1 for simulation details. The shaded symbols in right column shows ice core�� 18O values

as described in Section 2.3 and Table A1. Precipitation differences are expressed as percentage deviation from mean PI values. The contours

in Column 3 indicates the sea ice extent in each PI simulation.
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