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Abstract.

Glacio-hydrological models are widely used for estimating current and future streamflow across spatial scales, utilizing
various data sources, notably observed streamflow and snow/ice accumulation and ablation observations. However, modeling
highly glacierized catchments poses challenges due to data scarcity and complex spatio-temporal meteorological conditions,
leading to input data uncertainty and potential misestimation of the contribution of snow and ice melt prepertionsto streamflow.
Some studies propose using water stable isotopes to estimate water-shares of rain, snow, and ice in streamflow, yet the choice
of the isotopic composition of these water sources significantly impacts results.

This study presents a combined isotopic and glacio-hydrological model to-determine-which provides a catchment-integrated
snow and ice melt isotopic compositions during an entire melting season. These isotopic compositions are then used to estimate
the seasonal shares of snow and ice melt in streamflow for the Otemma catchment in the Swiss Alps. The model leverages
available meteorological station data (air temperature, precipitation, and radiation), ice mass balance data and snow cover
maps to model and automatically calibrate the catchment-scale snow and ice mass balances. The isotopic module, building
on prior work by Ala-aho et al. (2017), estimates seasonal isotopic compositions of precipitation, snow, and ice. The runoff
generation and transfer moedet-module relies on a combined routing and reservoir approach and is calibrated based on measured
streamflow and isotopic data.

Results reveal challenges in distinguishing snow and ice melt isotopic values in summer, rendering a reliable separation
between the two sources difficult. The modelling of catchment-wide snow melt isotopic composition proves challenging due to
uncertainties in precipitation lapse rate, mass exchanges during rain-on-snow events, and snow fractionation. The study delves
into these processes, their impact on model results, and suggests guidelines for future models. It concludes that water stable
isotopes alone cannot reliably separate snow and ice melt shares for temperate alpine glaciers. However, combining isotopes
with glacio-hydrological modeling enhances hydrologic parameter identifiability, in particular those related to runoff transfer

to the stream, and improves mass balance estimations.

Keywords. combined isotopic and glacio-hydrological model, snow hydrology, snow and ice melt, water isotopes, highly

glacierized catchments



25

30

35

40

45

50

55

1 Introduction

Highly glacierized catchments are rapidly changing due to climate change and subsequent glacier retreat (Huss and Hock,
2018; Zekollari et al., 2019). Reduced ice melt contribution, combined with more liquid precipitation and earlier snow melt,
will significantly affect water resource availability (Berghuijs et al., 2014; Beniston et al., 2018). These changes will have a
serious impact on downstream ecosystems (Milner et al., 2017), water usage for irrigation (Viviroli et al., 2020; Shokory et al.,
2023), hydropower (Schaefli et al., 2019), or other domestic water uses (Immerzeel et al., 2020), both in densely populated
lowlands (Pritchard, 2019; Biemans et al., 2019) or in small communities at high elevation (Buytaert et al., 2017). Accurate
estimates of current and future snow and ice melt amounts are, therefore, vital to mitigating climate change effects.

In this context, glacio-hydrological models have been developed to assess current and future streamflow changes (e.g.,
Farinotti et al., 2012; Muelchi et al., 2022). i

e-The main drivers of annual glacier mass balance variability
and glacier evolution are well documented (e.g., Huss et al., 2021). However;-However, complex spatio-temporal processes and
the lack of directebservations-of-proeesses-, spatially distributed observations below the ground or tee-surface-teads-at the ice
surface lead to model simplifications;such-asforinstance-the-effectof debris-transport-and-, Streamflow projection corresponds
to the statistically best possible representation of the calibration or evaluation datasets, but the underlying physical streamflow.

eneration processes remain simplified (Schaefli et al., 2011). Such processes include the effect of supraglacial debris cover
(Jouvet et al., 2011; Ayala et al., 2016), lateral subsurface flow (Carroll et al., 2019), permafrost melt (Rogger et al., 2017) or

superficial and deep groundwater recharge and exfiltration (Hood and Hayashi, 2015; Penna et al., 2017). As a result, models
may (i) wrongly represent the competing amounts of modelled snow and ice accumulation and melt, (ii) compensate runoff
errors in the glacierized and non-glacierized parts of the catchment (van Tiel et al., 2020b) or (iii) overlook or oversimplify
processes which may become more dominant in the future such as for e.g. water storage and delayed water release (Somers

and McKenzie, 2020). fa-+

mmmwmmmwmm@
the shares of snow melt, ice melt i
m{emahafeee%se%ﬂ@aete-hydfe}egealrmedelsand rain. In snow-dominated, non-glacierized catchments, stable isotopes of
water have been used to WMestlmate the shares of %ﬂew—&ﬂd—f&ﬂifaﬂ—ﬂi—%ffeaiﬂﬁ—ﬁf—gfeﬂﬂd’v\fﬂfef
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use Water |sotopes to prowde an estimate of the shares of snow and ice melt at the time of sampling (e.g., Engel et al., 2016
Penna et al., 2017). Despite the emergence of encouraging research, many challenges regarding the use of water isotopes f

may be large and a limited number of samples may lead to biases (Engel et al., 2016; Schmieder et al., 2018; Zuecco et al.
2019). Th i icsi

fractionation{Berta-et-al;-2018yFhetemporal evolution of the isotopic signal of snewpearshereforemeltis dif cult to

characterizeand the choices of the selected "end-member” values lead to a signi cant trade-off between snow and ice melt

contributions (Penna et al.,

addition, a limited number of studies have successfully used water isotopes for glacio-hydrological model evaluation (Hind-
shaw et al., 2011) or calibration (He et al., 2019; Nan et al., 2022). These studies show promisingwébudtseduection

water |sotopes are used for calibration.
In this study, we aim to further explore the use of water isotopes in glacierized catchm&atalf&nwfteryasseshewwater
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2 Study site and experimental methods

2.1 The Otemma glacier

The Otemma glacier is located in the southwestern Swiss AlpSPEB0"N, 7 26'51"E) and is amongst the 15 largest Swiss
glaciers (Linsbauer et al., 2021). The glacier is characterized by a long and at main lobe owangdrtheast-southwest

120 direction;-and several steeper tributary glaciers to the southeast (Fig. 1). Due to its limited area at high elevatlarged
proportion of the remaining ice volume within the ablation area, Otemma glacier has shown rapid retreat (2500 m or about 40 m
per year since the 1970s, GLAMOS (1881-2020)) and comparatively large volume and mass loss (Fischer et al., 2015) in recent
decades. Most of the glacier is projected to completely melt already by 2060 under current climate-eimartgecompletely

4



Figure 1. The Otemma glacierized catchment with the locations of i) the gauging station close to the glacier portal, ii) the weather station,
iii) 10 ablation stakes used for summer surface ice melt measurements and iv) two snow pits for average end-of-winter (28.05.2021) snow

density estimation and isotope sampling as well as 92 end-of-winter snow accumulation measurements (28.05.2021, in snow water equivalen

represents the perimeter and cell size for mass balance and snow isotopic composition modelling. The small inset indicates the location of
the Otemma glacier in Switzerland (red rectangle). Orthoimage provided by swisstopo (2019). Glacier extents adapted from Linsbauer et al.
(2016).

disappear by the end of the century (Gabbi et al., 2012). Two medial moraines deliver supra- and englacial sediments to the
125 glacier terminus, especially in its more shaded southern part, where the terminus gradually becomes heavily debris-covered
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(estimated from Linsbauer et al., 2021).

The catchment boundary was de ned about 100 m below the location of the main glacier portal in 2019, where a gauging
station was installed (Fig. 1). It has an area of 20.8 kiand a mean elevation of 3080 m a.s.l. (2470 to 3730 m a.s.l.) and a
glacier coverage of 56 % in 2019 (adapted from Linsbauer et al., 2021). The underlying bedrock consists of orthogneiss and
metagranodiorites (Burri et al., 1999), overlain by coarse super cial sediment deposits with limited vegetation development.

2.2 Meteorological observations

In September 2019, a weather station was installed 50 m from the glacier ternainas elevation of 2450 m a.s.l. (Fig. 1),

and continuously recorded meteorological data with a resolution of 5 minutes until October 2021 with a 5 minutes resolution.
Liquid precipitation was measured with a Davis tipping rain gauge, air temperature, relative humidity and air pressure with a
Decagon VP-4, and incoming shortwave radiation veitm SP-110-SS from Apogee Instruments. Solid winter precipitation

was extrapolated to the analysed catchment from two nearby MeteoSwiss automatic weather stations: from Obeknma (
downvalley, at 2357 m a.s.l.) for the winter 2019/2020, and from ArollaQ km northeast, at 2005 m a.s.l.) for the winter
2020/2021. Wind speed was only available for the MeteoSwiss weather station of Grand St-Bernard (2472 m a.s.l.) about 20

km west of the Otemma glacier. All meteorological data have already been published (Muller, 2022).
2.3 Stream discharge

In July 2020, a stream gauging station was installed 100 m downstream of the glacier portal {fig bedrock-constrained

a Keller DCX-22AA-CTD datalogger. Discharge was estimated by dilution gauging using Rhodamine WT 20 % dye. The
uorescent dye concentration was measured with a Fluorometer (Albillia GGUN-FL30). Based on 21 gaugings in 2020 and
15 in 2021, the estimated mean discharge uncertainty (95 % con dence) Q&8 n? s ' -but tends to increase for peak
discharge with an uncertainty of2 m® s ! for a river discharge of 13.5%s 1. All stream data have already been published
(Muller and Miesen, 2022).

2.4 Mass balance observations and dye tracing

In-situ monitoring of the seasonal surface mass balan¢eeoOtemma glacier was started in 2020 by M. Fischer using the
direct glaciological method (Kurzb6ck and Huss, 2021). For this study, snow depth measurements were performed manually
at 5 locations on 26 June 2020 and 92 locations on 28 May 2021 across the entire main lobe of the glacier (from 2560 to 3020
m a.s.l., Fig. 1). Snow density was estimated on the same dates by measuring the average density of the whole snowpack witl
a snow sampler in the centre of the main glacier lobe in 2020 and at two locations in 2021 (Fig. 1). Snow water equivalent
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(SWE) values were calculated by multiplying the measured snow depths with the average density value from the closest snow
pit.

End of June 2020, 10 PVC ablation stakes covering the ablation area of the main glacier lobe from an elevation of 2590
to 2890 m a.s.l. (Fig. 1) were installed using a Kovacs ice drill and 8 m drilling rods. Snow and icerasefteasuredvere

Between July and August 2020, dye tracing experiments were carried out by injecting Sulforhodamine WT into 6 moulins
in the lower part of the glacieratata 370 to 1100 m distance from the glacier portal. The transit time of the dye to the glacier

portal was measured to characterize the englacial water drainage velocity.

Theisotopiccompositionof the snowpackalsotendsto evolveovertim

2.6 Water sampling for stable isotope measurements

Snow for stable isotope analyses was mainly sampled in spring during two periods: from the glacier snout to the highest
ablation stake between 24 and 30 June 2020 and across the main lobe of the glacier on 28 May 2021 (Fig. 1). Snow was

sampled systematically at various locations by extracting the rst ve centimeters of the snowpack, which we d8mevas



190

195

200

205

210

215

220

just below the glacier terminus on 10 June 2021. There, we also sampled snow melt that formed a thin saturated layer at the
base of the snowpack. In summer, the snow surface was sampled on the glacier in mid-July at four locations in 2020 and two
locations in 2021. After July, snow only remained on inaccessible parts of the catchment at high elevation.

Ice samples for isotope measurements were collected at various random locations on the glacier surface during two to four
sampling campaigns in each summer from 2019 to 2021. Ice cores were extracted using a manual 20 cm ice screw. On 30 Jun
2021, two ice cores of 5 and 8 m depth were drilled using a Kovacs ice drill at the location of the 2nd and 8th ice ablation
stakes from the glacier terminus (Fig. 1). Ice was sampled by taking a bulk sample of the ice core every meter. Ice melt water
from small supraglacial channels was also sampled on the glacier, at least one kilometer away from the temporal snowline to
avoid potential mixing with snow melt water. All ice and snow samples were completely melted in a sealed plastic bag in-situ
and then transferred into 12 mL glass vials.

Stream water at the glacier portal was sampled automatically two to three times a day during low and high ows from mid-
June to end of September in 2020 and 2021 using an ISCO 6712 full-size portable water sampler with 24 1L bottles, which
were half lled. Water bottles were transferred to 12 mL glass vials every one to two weeks. The sampler was placed in a
protected, shaded location to avoid water evaporation and the average summer air temperature measured at the nearby weath
station was 7 C between July and September 2021.

From 2019 to 2021, we collected 39 liquid precipitation samples near the weather station at the glacier terminus (Fig. 1).
Rain water was sampled using a simple PVC funnel, which diverted rain into a plastic bag through a 2 mm plastic tube. All
samples represent the bulk isotopic composition of single rain events and were usually collected the day after the end of a
rain event. We de ned rain events as days with rain, separated by at least one day without rain. In winter, we also sampled
fresh snow directly after a few snow events. Due to air temperatures bel@ywWe assume that little snow transformation or
fractionation occurred, and that these samples therefore represent the isotopic composition of solid precipitation events.

All liquid samples were stored in 12 mL amber glass vials in the eld, with air-tight screw caps containing a silicone rubber
septa. Glass vials were ushed with the sample water prior to sample storage to avoid contamination. All water vials were
brought to the laboratory and kept in a cold chamber until analysis. Water stable isotopes were measured using a Wavelength
Scanned Cavity Ring Down Spectrometer (Picarro 2140i). The median analytical standard deviation of all samples was 0.04
and 0.25 %o (maximum standard deviation of 0.11 and 0.65 %.) ¥© and 2H, respectively. All values are expressed
relative to the international Vienna Standard Mean Ocean Water (VSMOW) standards (Coplen, 1994). All isotopic data as well

as detailed maps of sampling location have been published in Muller (2023a).

3 Numerical isotopic and glacio-hydrological modelling

We propose here a framework to model the share of snow melt, ice melt and rain of water reaching the portal of the Otemma

The rst module corresponds to the mass balance model which simulates snow and ice melt. The mass balance model is val-



idated with the measured stream ow at the glacier portal over the observed years. The second module estimates the isotopic
composition of each water source based on the mass balance calculations, and the third module implements a hydrologica
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transfer routine that transfers water sources simulated for each model cell of the catchment to the glacier portal. All abbrevia-
tions, parameters and variables of the model are summarized in Table Al, including corresponding units.

The model domain, discretized into 200 x 200 m grid cells (total of 586 grid cells), corresponds to the catchment limits
upstream of the glacier portal, where all water drained in the glacierized catchment converges (Fig. 1). For each cell, the mean
elevation, slope and aspect were estimated using a 2 m resolution DEM of 2019 from swisstopo (2019).

. i istributionst . ~The

 thosepartsfor a

3.1 Mass balance model

Snow water equivalent (SWE) within the entire catchment was estimated at an hourly time step from October 2019 to Oc-

redistribution, snow sublimation or deposition are also accounted for.
3.1.1 Air temperature
For each celj , air temperatureT ) is estimated using measured air temperatlisg ¢lose to the glacier portal (2450 m a.s.l.,

Fig. 1) and corrected with the mean cell elevatign (sing a calibrated temperature lapse rate ) following Eq. (1).

7z, 2450

T, =To T =100 (1)

We allow the temperature lapse rate to change seasonally because in alpine glacierized areas higher lapse rates occur |
summer compared to winter (Rolland, 2003; Marshall et al., 2007). It is set to resemble a gaussian shaped function depending
on the day of the year (DOY) (Egs. 2 & 3):

10
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All four parameters of Egs. (2) & (3) (;, ,f ;rangef 1 .inc) @re calibrated for each year. An illustration of the

calibrated functions is provided in Fig. D1c.
255 3.1.2 Incoming shortwave radiation

For each model cell, the corrected incoming shortwave radialtign) (s estimated based on the measured incoming shortwave

radiation measured at the weather statiky) by taking into account the terrain slopei@ degree) and aspect {n degree)

(Eq. 4). First, the radiation is increased with steeper slope by a certain fagigaidpd until a maximum slope threshold

(' maxrad is reached (Eqg. 5). Then, a factorfy rad iS subtracted to account for aspect. It corresponds to O when aspect is
260 180 (south-facing slopes) and is increased linearly with terrain aspect facing north until it reaches a maximal calibrated factor

( maxrad- This factor is then scaled with slope, so that steep cells are more affected by aspect than atter cells (Eq. 6). An

illustration of the resulting function is provided in Fig. D1d.

|c0rr: |0(f rad,slope,tot frad,aspect,t()t (4)
~ 20
frad,slope,tol— 1+ cos ( max,rat) frad,slope (5)
max,rad
180 .
265 frad,aspect,tol: max rad———=—=—SiN( ) (6)

180

3.1.3 Liquid and solid precipitation estimation

The temperature thresholds to separate liquid from solid precipitation are set to a lower value @felow only snow) and

an upper value of 2C (above only rain), with a linear fraction in between. For liquid precipitation, we use rain measurements

(Po) from the weather station at the glacier portal (2450 m a.s.l., Fig. 1). For solid precipitation, snowfall is inferred from the
270 nearest automatic weather statioRg o located in Otemma for 2019/2020 and Arolla for 2020/2021 (cf. Sect. 2.2). A xed

snow correction factoff ¢or,snow for the whole winter is calibrated for each year (Eq. 7). We then correct precipit&jidiof

each celf with elevation g; ) based on a precipitation lapse ratep() calibrated for each year.

8
PA:?PO 1+ paB% if To>1C o
s zj 2450 :
" feomsnolPmeteo 1+ p 100 ifTo 1C

11



3.1.4 Snow redistribution

275 We account for snow redistribution based on terrain slopeby de ning a calibrated slope threshold,dgist thresh @bove
which snow redistribution occurs (Eg. 8). Above this threshold, we decrease the amount of solid preciggtiecdived
by each model cell by a certain factdr J. We then redistribute the corresponding total amount to all other cells by de ning a
redistribution function which uses an increase factqtk) for solid precipitation (Eq. 8).

8
2P f (@  redstesd) i > redistaresn

Pst = S _ (8)
: ijredist if redist,thresh

280 The value off 4t for each cell is calibrated by de ning a calibration objective function where the total monthly amount of
solid precipitation removed from steep slopes ( redist thresh €quals the monthly total amount redistributed to all other cells
based on their elevation. This method conserves the total mass of solid precipitation in a simple way without an estimation of
curvature of connected cells, and compensates for local anomalies between observed and modelled SWE. An illustration of the
resulting functions is provided in Fig. D1a & b.

285 3.1.5 Snow and ice melt

Snow melt is estimated using an enhanced temperature-index melt model (Gabbi et al., 2014) (Eq. 9). Ice melt at the glacier

surface was estimated using the same equation with different parameter values.

8
M = 2 fmelt,TTj + fmelt,rac(:L snow)I corr if Tj > Tmelt (9)
) itT, Toer

290 wherel ¢orr is the corrected incoming shortwave radiation (see also Eq. 4 atide air temperature for the cgll Snow
albedo ( snow) Was estimated following the work of Gabbi et al. (2014). It is assumed to decrease from a value of 0.86 as a
function of the accumulated daily maximum positive air temperatligg. [ since the last snowfall (Eq. 10). The threshold
temperatureTnery) distinguishing between melt and no melt is a calibration parameter. The temperature meltffagiey (
as well as the shortwave radiation factb i rad Were calibrated for snow and ice separately. The albedo of ice is set to 0.25
295 (Gabbietal., 2014).

3.1.6 Sublimation and deposition

An estimation of the snow sublimation rate was required in this work since it may signi cantly impact the snowpack isotopic
signature due to fractionation (Ala-Aho et al., 2017). Sublimation is estimated following Todd Walter et al. (2005) based on the
difference of vapor density between the snow surface and the air divided by the resistance to vapor exchange, which requires

12
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wind speed data and, in particular, an estimation of the snow surface tempeTfgguré/ind speed is roughly estimated using

data from the most nearby automatic weather station (see Sect, 2.2). Since no snow surface temperature data are availabl
we propose to estimafBs, by rst de ning snow surface temperature similar to air temperatirg.(Then, we estimate a

simpli ed snow surface energy balanckE ) based on its two main terms: net shortwa®.{ and net longwavel(ney)

radiation (Stigter et al., 2021). Whéh, is positive, usually due to the atmospheric shortwave radiation during clear-sky days,

we assume that air and snow temperature are similar. \EERgns negative, usually during clear-sky nights when outgoing
longwave radiation from the snow surface is the major energy Tuxcools more than air. This cooling effect is calibrated by

a temperature factof £ ) following Eqgs. (11) to (15). During cloudy nights and dalfse; usually remains close to zero due to

limited incoming shortwave radiation (but increased atmospheric longwave radiatiofi}giscclose toT; . More details on

the snow energy balance and snow surface temperature can be found in the work of Stigter et al. (2021).

Tep= Min(T; + Enefe ;0 C) (11)
Enet= MiN(Snet+ Lnet; 0 M ?) (12)
Snet=(1  snowl corr (13)
Lnet= air T;*  snowT |* (14)
air = (0:72+0:005T; )(1  0:84f cioud) + 0 :84f cioud (15)

where is the Stefan—Boltzmann constant aggh, = 0.97 is the emissivity of the snow surface. The emissivity of g (
is estimated based on the fraction of cloud covVeg (). The fraction of cloud cover was assessed by dividing the measured
shortwave radiation () with the theoretical maximal shortwave radiatibge,q Was set to 1 when less than 50 % of theoretical
maximal shortwave radiation was measured at the weather station and was set to 0 otherwise (Todd Walter et al., 2005).

3.1.7 Calibration

Prior to calibration of the mass balance model, we initialised the model values for SWEHuby rst running the model for
one year with initial SWE = 0 for all cells (and uncalibrated model parameter values).

Mass balance model parameters calibration was then performed using PEST-HP. This model-independent algorithm itera-
tively minimizes the variance of the error between model outputs and corresponding eld observations via inverse estimation
(Doherty, 2015). We de ned three data sets of eld observations. The rst corresponds to the measured end-of-winter SWE on
the main lobe of the glacier. The second data set corresponds to the annual ice melt measured at the ablation stakes at the el
of each summer (Fig. 1). The third data set of eld observations corresponds to maps of the temporal snow cover during the
entire ablation periods. We used daily 3 m resolution Planet satellite imagery (PlanetScope Scene (Team Planet, 2017)) anc
manually identi ed clear sky days during the summer months of 2020 and 2021. We then automatically identi ed snow cover
using a K-Means unsupervised learning algorithm from Google Earth Engine (Arthur and Vassilvitskii, 2007) and created,
for approximately every second week during the melting seasons, maps of snow presence/absence for our discretised mode

13
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domain. We set PEST-HP to minimize the error between modelled and observed snow presence/absence for each grid cel

determination of the temporal evolution of the snowline and should improve the modelled SWE estimation especially in zones
where no direct SWE observations are possible (Barandun et al., 2018).

October 1st) but the calibration procedure was performed by simulating both years at once and calibrating twice all parameters,
so that SWE and snow cover simulated at the end of the rst year are used as initial values for the second simulation year.

procedure.
3.2 Snow isotopic module

3.2.1 Basic model formulation

Due to the strong correlation betweemterstableisotopessf-oxygen{ 20 yanddedterivmand 2H), we base the rest of
this study on 2H only.

Using SWE values from the mass balance model, we estimate the mean snowpack isotopic comgsitioegch model
cell (Fig. 2). The same approach as proposed by Ala-Aho et al. (2017) is used to estimate the isotopic composition of the
snowpack anafsnow melt over time. An amount-weighted approach based on a precipitation input in the form & yain (
or snowfall Ps), snow sublimation&sp) and snow melti snon) is applied (Eq. 20). A simple fractionation routine is used
for snow melt {sm) and snow sublimationi ) using two calibration parameteriSfc sm f frac,e) @ndNmer, the number of days
since the beginning of snow melt (Egs. 16 & 17).

. . f
ism= |sp frac,sm (16)
Nmelt

ig= isp ffrac,E (17)
ir=a +hTo (18)
irRos= ispf Ros* ir(1  fros) (19)
it = itsplhtSWlE+ i}fROSPrt + itsfPstf itEE;p itsmM énow (20)
* htSWlE+ fROSPrt + Pstf Eép Ménow

The year-round isotopic composition of the precipitation as rig)nof snowfall {) is determined by computing a linear
regression curve between the measured air temperature at the weather $tgtamd(the isotopic composition of sampled
precipitation events (Eq. 18, see also Sect. 3.2.2).

14
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3.2.2 Air temperature and precipitation stable isotopes relationship

To estimate the snowpack isotopic composition, we relate the isotopic composition of each precipitation event to air temper-
ature. For each precipitation sample, the corresponding temperature of the event is estimated by calculating the average ai
temperature weighed by the amount of precipitation measured each 10 minutes during the previous day. No cleaf ktend in
with elevation could be observed from rain samples obtained 8 times during the melt season at both 2450 and 2800 m a.s.|.
For this reason, no isotopic lapse rate is used and the isotopic composition of precipitation events was similar for the entire
catchment. This choice is discussed in Sées.3.

In order to assess the uncertainty in the relationship between air temperature and precigithtiove de ne a normally
distributed error for both parameters. We apply a Gaussian distribution with a standard deviptibh (C for air temperature
and 5 %o for 2H. We then perform 5000 iterations for which we randomly picked values in their distributions and then
calculated a linear t each time. These 5000 realizations are assumed to represent the uncertainty range of this relationship.
This uncertainty margin is used to provide a sensitivity analysis of the impact of the air temperature and precipihtion

relationship on the isotopic snow melt model results.
3.2.3 Rain-on-Snow (ROS)

ROS incorporation in the snowpack and its water release is a complex process, which may have a strong impact on the snowpac|
isotopic composition, depending on whether rain water leaks through the snowpack, is stored or refreezes in the snowpack
(Juras etal., 2017; Beria et al., 2018). The isotopic model from Ala-Aho et al. (2017) assumes a c'ema@iipmﬂatiemﬁhe

et al., 2017; Rucker et al., 2019a). To account for the latter, we introduce a fagtg) (vhich de nes the fraction of rain

(seeEq. 19). We de ned a S|mple calibration function between SWE fagist, wheref ros increases With lower SWE. This
relationship is based on the assumption that, during the meIting season, thicker snowpacks are less ripe (due teibelss melt)

15
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3.2.4 Snow isotopic module calibration

The three isotope parametefgd: g, ffracsm f rRos) Were calibrated manuallpltewing-simplerulesFirsttheresultingsnew

21 valuesheuldremainbelowthe measuredtream-2H-durina the earvmeing SeasemincesRowme otopieally

rules.At the onset of snow meltwhen snow still covers the glacier (in June in this work), snow et should be close to
stream 2H since snow melt is the major contributor at that timeedf snowpackdataareavailable, the modelled snowpack

(Fig. 1).Fi

3.3 Hydrological transfer module

A simple hydrological transfer scheme is used to transfer water with its isotopic composition from its input grid cell to the
catchment outlet. In this module, we do not consider any interactions between hydrologically connected cells but only use the
hydrological path length from each cell to the catchment outlet. We divided the hydrological paths in four different categories:
(1) ow through the snowpack; (2) ow through the hillslope sediments (if outside of the glacier); (3) ow through the en-
/subglacial distributed system, and (4) ow through the en-/subglacial channelized system. The total ow path from each grid
cell to the glacier portal was calculated using the Flow Distance tool (ArcGIS Pro v2.3) and a 2 m DEM of 2019 (swisstopo,
2019). For each category, we apply a convolution between the water input atdintea time-dependent gamma distribution
probability density functiond(t; g; g)) as described in Egs. 21 & 22. Here, the gamma function is used to reproduce a
realistic transit time distribution (TTD) of the water input (McGuire and McDonnell, 2006). The convolution of the TTD at
each time step provides the total TTD of the water from each grid cell to the glacier portal (Fig. 2).
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where (in (1)) is any given input of water at timeand ( oy (1)) is the output water ux.

To estimate the TTD, the parameters of the gamma distribution need to be de ned. For each of the four hydrological ow
categories, we estimate the mean transit titRg+() of the water based on physical properties of each category and use this
travel time to de ne the mode of the gamma distributiog{ = g—gl). The dispersion of the ow for the gamma distribution
is de ned by a dispersion factoD(= -1).

3.3.1 Hillslope routing

actasa rapid groundwatereservoirthatin Itrates all rain

bedrock is apparent and therefore the estimated transit time may be somewhat slower than in reality as water ows faster on the
bedrock. However, this simpli cation should not lead to a large bias as sediments still dominate the hillslopes (Mdiller et al.,
2022). For the latter, the average transit timgr{) from each grid cell to the glacier surface was calculated using an estimated
groundwater pore velocity (Eqg. 23). Pore velocity is de ned for kinematic subsurface saturated ow (MacDonald et al., 2012)
as a function of slope {, aquifer distancel(;), aquifer porosity () and hydraulic conductivity s). We selected a porosity

of 0.3 and a hydraulic conductivity for talus slopes of 5x4@n s * based on previous research (Miiller et al., 2022).

La La
t = = — - 23
MTT Vp KSSIH( ) ( )

3.3.2 Snowpack routing

For snow melt or ROS events, a TTD through the snowpack is used. Here, we calibrated an average pore velocity in the
snowpack with an initial velocity of 1200 mm A following Juras et al. (2017). As for hillslope, the average transit time
(tmrT) through the snowpack is used to de ne the mode of the gamma distribution. Since SWE evolves with time, the TTD

through the snowpack changes with time and was recalculated for each day.
3.3.3 Glacier routing

Once the owpath reaches the glacier ice surface, we de ned two different water ow categories. The en-/subglacial drainage
system was considered to be either distributed or channelized. During the winter, less melt and creep closure occurs due to ice
dynamics (Flowers, 2015). Subglacial channels tend to close, leading to an inef cient distributed drainage system characterized
by slow water ow. During summer, larger conduit-like subglacial channels tend to develop and extend up-glacier with the
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recession of the temporal snowline (Nienow et al., 1998). Therefore, based on the temporal snow cover estimated with the
mass balance model, we calculated the mean distance between the glacier portal and the rst 5 grid cells on the glacier with
snow cover to de ne the length of the channelized ow. We neglect supraglacial meltwater runoff here. However, the calibration
of the glacier routing may compensate for this simpli cation by arti cially increasing the subglacial velocity. The length of the
channelized ow and the corresponding TTD for each grid cell changes through time since it is based on the temporal snow
cover evolution. The length of the distributed ow is computed as the difference between the total ow length on the glacier
and the channelized ow length.

For the snow-covered distributed en-/subglacial system, the mean velocity could not be measured directly. Here, an initial
value of 0.1 m s! was used following Nienow et al. (1998). For the summer channelized system, the velocity was de ned
based on 25 dye tracing injections. Measured velocity ranged between 0.29 and 0.8%nus velocity of 0.8 m s' was

selected to represent a fully channelized system.
3.3.4 Total runoff transfer to the outlet

The convolution of the combined gamma distributions (snow, hillslope, distributed subglacial drainage, channelized subglacial
drainage) with the different water sources time series (rairfajl X, ROS, Pros; ), sSnow melt M snow;j ), or ice melt Mice;j ))

obtained from the mass balance model for each gridjceith an area4;) provides the estimated discharge contribution at

the catchment outlet per water source and per cell. The sum over all grid cells corresponds to the total discharge from each

water source. The case for snow melt is illustrated in Egs. 24 & 25.

cg(: n
Qsm,tot= 0] (t; g g) (M snowj A\j ) (24)

cell =1
whereQsm t0tiS the total discharge from snow melt at the catchment outlet. The same approach can be applied to estimate the
mean isotopic composition of the other water sources by applying the same convolution to the multiplication of the precipitation
or melt time series and the isotopic signal{ iros andi;). This assumes that the isotopic composition of a water input is
transported and redistributed to the catchment outlet following the same TTDs. The sum of each grid cell divided by the total
discharge corresponds to the amount-weighted average isotopic composition of the corresponding water source (Eq. 25 for the

case of snow melt).

Pz G (t g o) (ismjMsnowj Aj)

. j=1 j\H» g g sm;) snow;j M\j

fsmiot= Qumro (25)
sSm,to

3.3.5 Fast and slow glacier storage

It is likely that part of the water is temporally stored in some areas of the en-/subglacial drainage network. To account for this,
we ultimately de ne two reservoirs which represent a fast and slow linear storage. The integrated discharge of all water sources
after the convolution with the gamma distributions is then separated between both reservoirs based on a calibrated fraction
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(f reservoid, Which assigns how much goes into the slow reservoir. The out ow discharge of each reservoir nally depends on a
calibrated response time constak). (For the fast reservoir, this results in (Eq. 26).

Stast .

L
kfast

Qfast=

(26)

whereSi,qtis the lling of the reservoir. The slow reservoir response is computed in analogy to the equation above. The isotopic
composition of each reservoir is separated between all water sources and is assumed to be fully mixed at each time step.

3.3.6 Hydrological transfer calibration

The calibration of the entire hydrological transfer module (including hillslope routing, snow routing, routing of distributed
subglacial drainage and of channelized subglacial drainage and transfer via two linear reservoirs) was also performed using the
optimisation algorithm PEST-HP, as already proposed in other glacio-hydrological studies (e.g., Immerzeel et al., 2012). We
set three objective functions. The rst function minimizes the error between observed and simulated discharge at the catchment
outlet at an hourly time step. The second function optimizes the amplitude of daily stream discharge variations, which is
a typical feature of glacier streams and which tends to increase during the summer season (Nienow et al., 1998; Lane anc
Nienow, 2019). Finally, the last objective function aims to minimize the difference between the observed and médesled

the stream.

performed by only including data for the summer 2020 (26 June to 15 September) and 2021 (8 June to 20 June). The rst two
weeks of June 2021 were included as they were not recorded in 2020 and represent the initial signi cant increase in stream ow
after winter (when discharge becomes larger thar®lsnt). The period from 20 June 2021 to 15 September 2021 was then
used to evaluate the model performance.

3.4 Mixing model for water sources using water stable isotopes

In order to estimate the contribution from rain, snow and ice melt, a three components mixing model needs to rely on two
independent tracers. Here, since we only rely on water stable isotopes, we propose estimating the shares @j & (
rain-on-snow (ros) Using the output discharge of the hydrological transfer module divided by the total modelled discharge at
the glacier portal. Then, we only use isotopes to estimate the share of sggy) &nd of ice melt (ice) following Eq. 27. The
isotopic composition of raini{) and snow i) is estimated using the isotopic model. The isotopic composition of ice melt
(iice) is de ned as constant through the year based on our measurements.
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510 4 Results

4.1 Isotopic measurements in the eld

Between July 2019 and October 2021, we measured the wadess well as the water electrical conductivity (EC) at different

locations within the catchment. We summarize all results in Fig. 3. The rain water EC has a median value of 26'.uS cm

Figure 3. Boxplots of all water sources collected between July 2019 and October 2021 including water ex ltrations from the bedrock

sidewalls.(a) Measured water electrical conductivifls) 2H of water stable isotopes arfd) corresponding d-excess. The total number of
samples (n) is indicated on the right.
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Figure 5. Isotopiccompositionof ice samplegwith elevationcollectedbetween2020and2021 on the mainglacierlobe (Fig. 1). The scale

of they-axesis similarto Fig. 4 for comparison(a) Solid ice samplegollectedat the glaciersurfaceandice mel
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Snow and ice samples have lower EC values, usually below 10 uS.dikely-dueto-the preferentialelution-of-solutes

inthe shewpaek{Costa-et-al;-2020)nterestingly, the glacial meltwater stream shows systematically higher EC values than
the snow and ice samples, even during the peak snow and ice melt period. Regarding water stable isotopes, only rain ha:

a signi cantly different composition (Fig. 3). The surface snow and ice samples have sifilaranges and show a large

scatter, which completely overlap with the stre&ignakAssugges&ednﬂhe%sﬂ*dies(&g—Beﬁ&e%&—%%%}h&u?H

appear lower than the other water sources (Fig. 3).

Close to the date of maximum end-of-winter snow accumulation on 28 May 2021, snow surface samples showfH large

10 cm have different values with no clear trend. The snowpébkpro les appear strati ed with a tendency towards more
isotopically depleted snow with depth, re ecting the colder air temperature of the snowfall in the early winter season, which
was conserved in the snowpack.

D-excess at the snow surface shows no particular trend with elevation but appears lower than for samples at 10 cm depth

(Fig. 4c). $h+s454+ke+yuéue{esﬂewsubhmaneﬂatihesu#aeeThe d-excess of the snow pro les shows a more 5|gn| cant

trend with elevationt

with depth, while their average value is close to the ice melt samples. There seems to be a more signi cant trend in d-excess

for the ice cores with elevation but this trend relies only on two sampling locations.
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4.2 Mass balance model calibration results

The mass balance model parameters were calibrated for both years against measured SWE, measured ice melt and mapp
seasonal snow cover (Table Al). The calibrated temperature lapse rate shows a maximum around late May to early June
a mean value of 0.42 and 0.4& per 100 m for 2020 and 2021, and a maximal seasonal variation of C.X&r 100 m

(Fig. D1c). Regarding snow redistribution, both calibration years show a similar slope correction factor, with a slope threshold

fimited—Fheradiation correction factor varies between 1 for at slopes and 2.5 for south-facing slopes aroukage®1d).

Finally, a precipitation lapse rate of 2.2 and 2.6 % per 100 m for 2020 and 2021 was found (Table Al).
Overall, the model shows good performance for SWE, although the model results shewrlassnwith-elevationlocal

errors (RMSE) for SWE are 97.9 and 100.3 mm over the hydrological years (starting October 1st) 2019/2020 and 2020/2021
respectivelyThoseresultsaresimilar to otheradvancegnowmodelswhereRMSE valuesarein the rangeof 75t0 150 mm

hereafter w.e.) for 2019/2020 and 263.8 mm w.e. for 2020/2021. The mean error of the snow and ice mass balance calculation:
is close to 0 mm w.e, except for the snow mass balance in 2020, for which the model seems to overestimate SWE with a
mean error of 45.7 mm. The mapped temporal snow cover evolution is well represented by the model during the entire melting
season, showing similar patterns of melt, with earlier snow disappearance on steep south-facing slopes (Fig. E2 to E5). In 2020
one summer snow event seems underestimated by the model, leading to a constant bias in the modelled snow cover fractiol
after July 2020 (Fig. E6). In 2021, the modelled snow cover evolution ts well with the mapped extents during the whole
melting season, with a somewhat earlier snow disappearance at high elevation, potentially due to precipitation underestimation
in this zone.

Catchment-wide average snow melt over the hydrological years is 1860 and 1527 mm w.e. for 2019/2020 and 2020/2021,
and 1265 and 958 mm w.e. for ice melt. Catchment-wide liquid precipitation amounts to 227 and 320 mm, snow sublimation
to 84 and 82 mm w.e., and snow deposition to 34 and 14 mm w.e. for 2019/2020 and 2020/#821ghsublimationlosses
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