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Abstract 14 
The temporary enhancement of the stratospheric aerosol layer after major explosive volcanic eruptions can 15 
trigger climate anomalies beyond the duration of the radiative forcing. Whereas the mechanisms responsible 16 
for long-lasting response to volcanic forcing have been extensively investigated for tropical eruptions, less 17 
is known about the dynamical response to high-latitude (HL) eruptions. Here we use global climate model 18 
simulations of an idealized 6 month long northern hemisphere (NH) high-latitude eruption to investigate 19 
the stratospheric circulation response during the first three post-eruption winters. Our results reveal that 20 
two competing mechanisms contribute to determining the post-eruption evolution of the NH stratospheric 21 
polar vortex: 1) A local stratospheric top-down mechanism whereby increased absorption of thermal 22 
radiation by the enhanced aerosol layer yields a polar vortex strengthening via thermal wind response; 2) a 23 
bottom-up mechanism whereby anomalous spatio-temporal surface temperature and land-sea thermal 24 
contrast yields an increase in atmospheric wave activity that propagates into the winter stratosphere, leading 25 
to an increased occurrence of sudden stratospheric warming events (SSWs) and a weakening of the polar 26 
vortex. The top-down mechanism dominates over the bottom-up mechanism in winter 1, while the bottom-27 
up mechanism dominates in the follow-up winters. The identification of a deterministic response such as 28 
increased SSWs following HL volcanic eruptions calls for increased attention given the widespread surface 29 
cooling SSWs can initiate, influence societies throughout the continental NH. Also, the sensitivity of such 30 
events to eruption magnitude needs to be evaluated in terms of a possible source of increased seasonal 31 
predictability of NH regional climates. 32 

 33 
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1 Introduction 34 

 35 

The enhancement of the stratospheric aerosol layer, which typically occurs following strong sulfur-36 

rich explosive volcanic eruptions, is an important driver of natural climate variability by imposing 37 

short-lived yet possibly very strong radiative anomalies within the atmospheric column (Robock, 38 

2000; Timmreck, 2012; Zanchettin, 2017). This direct radiative effect can alter both meridional 39 

surface and stratospheric temperature gradients that can, in turn, initiate further dynamical climate 40 

responses on seasonal to decadal time scales (Church et al., 2005; Gleckler et al., 2006; Stenchikov 41 

et al., 2009; Shindell et al., 2009; Otterå et al., 2010; Zanchettin et al., 2012; Swingedouw et al., 42 

2015). Radiative forcing and dynamical responses critically depend on the spatiotemporal 43 

characteristics of the enhanced stratospheric aerosol layer, which ultimately depends on the 44 

characteristics of the eruption, such as magnitude, timing and location (refs like above).   45 

Spatiotemporal characteristics of volcanic aerosol from high-latitude (HL), Northern Hemisphere 46 

(NH) eruptions are typically very different when compared to tropical eruptions. Accordingly, 47 

several studies have shown that high-latitude NH eruptions typically initiate different climate 48 

responses compared to tropical eruptions (Meronen et al., 2012; Pausata et al., 2015; 49 

Guðlaugsdóttir et al., 2018; Zambri et al., 2019; Sjolte et al., 2021). Therefore, tropical eruptions 50 

cannot be considered close analogs of high-latitude NH eruptions, underlining the need for more 51 

studies on the latter to further quantify their potential climate impacts (Zanchettin et al., 2016).  52 

A major potential distinguishing character between tropical and high latitude NH eruptions 53 

concerns the winter stratospheric polar vortex response. When the stratospheric sulfate aerosol 54 

layer is enhanced at low latitudes following tropical volcanic eruptions, local warming by infrared 55 

absorption increases the meridional stratospheric temperature gradient that can lead to a 56 

stratospheric polar vortex strengthening due to a thermal wind response (e.g., Zanchettin et al., 57 

2012, or many others…). Conversely, the local warming from aerosols constrained at higher 58 

latitudes decreases the meridional temperature gradient, enabling a weakening of the polar vortex 59 

(Kodera, 1994; Perlwitz & Graf, 1995; Stenchikov et al., 2002; Oman et al., 2005; Bittner et al., 60 

2016; Sjolte et al., 2021).  61 

 62 

A strengthened polar vortex can affect the troposphere as the positive phase of the Northern 63 

Annular Mode), while a weaker polar vortex is linked to increased likelihood of sudden 64 
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stratospheric warming events (SSWs) in the stratosphere and a negative Northern Annular Mode 65 

in the lower troposphere (Haynes, 2005; Domeisen et al., 2020; Huang et al., 2021; Kolstad et al., 66 

2022, and references therein), demonstrating an example of a top-down mechanism.  67 

With its origin in the noisy stratosphere, this top-down mechanism can result in tropospheric 68 

signatures following volcanic eruptions. However, the signature tends to be weak in both 69 

observations and numerical simulations due to the different realizations and advanced statistical 70 

methods needed to extract the signal from the noise (Weierbach et al., 2023; DallaSanta and 71 

Polvani, 2023; Kolstad et al., 2022; Azoulay et al., 2021; Polvani et al., 2019; Zanchettin et al., 72 

2022; Toohey et al., 2014). The radiative surface cooling following large volcanic eruptions has 73 

been shown to affect the stratospheric polar vortex via a bottom-up mechanism (e.g., Graf et al., 74 

2014; Peings and Magnusdottir, 2015; Omrani et al., 2022). An example of this bottom-up 75 

mechanism following HL eruptions is demonstrated in Sjolte et al. (2021) where they linked a 76 

weak polar vortex to an increase in wave energy flux from the troposphere to the stratosphere 77 

without the meridional stratospheric temperature gradient playing a role. 78 

With this in mind, the importance of transient atmospheric eddies (waves) and eddy-mean flow 79 

interferences is becoming increasingly clear in explaining vertical and horizontal mediations of 80 

atmospheric perturbations of various origins (e.g. Smith et al., 2022; Nakamura, 2023). DallaSanta 81 

et al. (2019) used a hierarchy of simplified atmospheric models to show that eddy feedbacks are 82 

crucial in explaining stratospheric-troposphere coupling as well as the stratospheric response alone 83 

following a tropical Pinatubo-like eruption. They also identified the extra-tropics as a dominant 84 

pathway in which the stratospheric response leads the troposphere following the eruption, a 85 

pathway similar to the response to SSWs. This demonstrates that the anomalous atmospheric 86 

circulation response following volcanic eruptions does not solely depend on simplified physics via 87 

meridional temperature gradients where eddy-mean flow interactions and eddy feedback appear to 88 

be essential. Since both mechanisms, i.e., the top-down mechanism triggered by stratospheric 89 

heating and the bottom-up mechanism triggered by surface cooling, act together in the real world 90 

and, in simulations, under realistic volcanic forcing, idealized model experiments are required to 91 

assess their relative contribution to uncertainty in post-eruption regional climate variability 92 

(Zanchettin et al., 2016).  93 

Icelandic volcanism has played a role in shaping past NH climate variability and will continue 94 

doing so. Two Icelandic eruptions during the past 2000 years, namely Eldgjá in ~939 CE and Laki 95 
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in 1783 CE, are considered to have had a significant impact on climate variability even on the 96 

global scale (Brugnatelli and Tibaldi, 2020; Zambri et al., 2019; Oppenheimer et al., 2018; 97 

Thordarson and Self, 2003; Stothers, 1998). These types of effusive eruptions are common in 98 

Iceland where their duration can extend over years. During part of the eruption time such eruptions 99 

can become explosive (referred to as mixed-phase eruptions) when ascending magma in a conduit 100 

comes in contact with water as was considered the case with both Eldgjá and Laki, explaining their 101 

widespread impacts. Eruption history as well as dense monitoring network of Icelandic volcanic 102 

systems tell us that many of these systems are currently on the verge of an eruption, having already 103 

produced some of the largest volcanic eruptions over the past millennia (e.g., Öræfajökull, 104 

Bárðabunga and Hekla, Larsen & Guðmundsson, 2014; Barsotti et al., 2018; Einarsson, 2019).  105 

Therefore history and current activity makes these types of eruptions an ideal reference case to 106 

explore the potential climatic impacts following NH eruptions and to test hypotheses about the 107 

underlying mechanisms driving the climate response. This is the focal point of this study where 108 

we investigate for the first time the role of wave/eddy activity perturbations and SSWs in the 109 

atmospheric circulation response following HL volcanic eruptions. For this we perform idealized, 110 

long-lasting HL volcanic perturbation experiments using the Community Earth System Model 111 

version 1 (CESM1), both in its coupled and atmosphere-standalone modes. We begin our 112 

investigation in the NH stratosphere followed by troposphere to evaluate the response during the 113 

first three winters following the eruption, referred to as post-eruption winters in the text, and assess 114 

the dominating mechanism in each winter. This paper is organized as follows: Section 2 describes 115 

the model, experimental design and diagnostics, results are presented in section 3 and we end with 116 

summarizing discussions in section 4. 117 

 118 

2 Methods 119 

2.1. Numerical Model  120 

We use the Community Earth System Model (CESM) version 1, developed by the National Center 121 

for Atmospheric Research (NCAR). In our configuration of CESM1, the atmospheric component 122 

is the Whole Atmosphere Community Climate Model, version 4 (WACCM4, Marsh et al. 2013). 123 

WACCM4 includes 66 vertical levels (up to 5.1×10−6 hPa, ∼140 km) and uses CAM4 physics. 124 

We use the specified chemistry version of WACCM4 (SC-WACCM4), which is computationally 125 

less expensive to run, but simulates dynamical stratosphere-troposphere coupling and stratospheric 126 
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variability like SSWs and the polar vortex with skills comparable to the interactive chemistry 127 

model version (Smith et al., 2014). CESM1/WACCM4 uses the Community Atmospheric Model 128 

Radiative Transfer (CAMRT) to parameterize the radiative forcing where it has been shown to 129 

accurately represent stratospheric aerosols by f. ex. simulating the temperature response following 130 

Mt. Pinatubo in 1991 (Neely et al., 2016). The SC-WACCM4 experiments are run with a horizontal 131 

resolution of 1.9° latitude by 2.5° longitude and include present-day (year 2000) radiative forcing. 132 

A repeating 28-month full cycle of the Quasi-biennial Oscillation (QBO) is included in the SC-133 

WACCM4 experiments through nudging of the equatorial stratospheric winds to observed 134 

radiosonde data. In the coupled ocean-atmosphere configuration, the ocean component of CESM1 135 

is the Parallel Ocean Program version 2 (POP2). CESM1 also includes the Los Alamos sea-ice 136 

model (CICE), the Community Land Model version 4 (CLM4) and the River Transport Model 137 

(RTM). CLM is run at a horizontal resolution of 1.9°x2.5°, POP2 and CICE are run at nominal 1° 138 

resolution with higher resolution near the equator than at the poles. Further details about CESM1 139 

are given in Hurrell et al. (2013).  140 

 141 

 2.2. Volcanic Forcing File 142 

We use the Easy Volcanic Aerosol (EVA) forcing generator (Toohey et al., 2016). EVA provides 143 

zonally symmetric stratospheric aerosol optical properties as a function of time, latitude, height, 144 

and wavelength (see detailed information on the tool in Toohey et al., 2016). EVA has been used 145 

to generate volcanic forcing in both idealized volcanic experiments (e.g., Zanchettin et al., 2016) 146 

and realistic paleoclimate simulations (Jungclaus et al., 2017) contributing to the sixth phase of 147 

the coupled model intercomparison project. 148 

We use EVA to prescribe the volcanic aerosol loading corresponding to that of the 1991 Mt. 149 

Pinatubo eruption (14.04 Tg SO2), but at 45° N. Since the model reads the volcanic forcing as 150 

aerosol mass (kg/kg), we scale our forcing file by using the standard aerosol mass input file for 151 

CAM4 and 5 (see Neely et al., 2016, Table 1) for the same eruption. A monthly scaling factor was 152 

derived from this linear relationship between the aerosol extinction (1/m2) and the aerosol mass 153 

(kg/kg) that was used to scale the raw EVA forcing data (Fig. 1). From these scaled forcing data, 154 

the aerosol optical properties for our experiments are obtained with a two-step approach. First, we 155 

move the injection location northwards so that the center of the aerosol mass is at 65° N latitude 156 

and spans 10-28 km in altitude. Then, we define the start of the eruption to be May 1st and prolong 157 
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the peak of the forcing by extending in time the highest monthly value in the so-obtained forcing 158 

data, so that the decline in aerosol mass begins 6 months after the start of the eruption or on October 159 

1 (see Fig. 1). We thus obtain aerosol optical properties for an idealized, long-lasting high-latitude 160 

NH eruption. In this experiment we assume stratospheric injection only, although similar eruptions 161 

in the natural world would likely inject part of the total aerosol mass within the troposphere during 162 

the eruption. Past NH eruptions like Laki and Eldgjá had an atmospheric loading of 210Tg and 163 

120Tg respectively, much larger than our 14Tg eruption, that was carried aloft with the eruptive 164 

column up into the upper troposphere with portions of the aerosols reaching the lower stratosphere 165 

during the eruptions (Thordarson et al., 2001). Hence our experiment can also be considered as a 166 

6-month stratospheric aerosol injection that is analogous to similar although smaller eruptions (as 167 

compared to Laki) without the tropospheric aerosols. 168 

 169 

 170 
Figure 1: The time series of the original EVA aerosol extinction output (1/km, black curve) and the 171 

aerosol mass of the volcanic forcing file of Neely et al. (2016) (kg/kg, blue dashed curve) used for 172 

deriving the linear scaling coefficient for the conversion of EVA output into WACCM4 input 173 

(kg/kg, red curve). The time series are normalized (mean=0, standard deviation=1) to allow 174 

comparison of time series with different units. The horizontal axis is time (months) from the start 175 

of the eruption. Here we assume that the aerosol lifetime at 65° N is the same as at 45° N. Dashed 176 

vertical lines show the three winters that we focus on in this study. 177 

 178 

 179 



 7 

2.3. Experimental design 180 

We ran two volcanic perturbation experiments with CESM1. The first experiment is conducted 181 

with the atmosphere-only version of the model , where boundaries to SC-WACCM4 are provided 182 

by prescribed fields of sea-surface temperature (SST) and sea-ice concentration (SIC) 183 

corresponding to the 1979-2008 monthly climatology of HadISST observations (Rayner et al., 184 

2003). We refer to this experiment as atm-only. The second experiment is conducted with the 185 

coupled version of the model, henceforth referred to as cpl. For each experiment we run 20 186 

ensemble members including the volcanic forcing and 20 paired ensemble members without the 187 

volcanic forcing and otherwise identical to the volcanic simulations, which we refer to as the 188 

control.  189 

The atmosphere-only experiments were run over three full years, which provides two full winters 190 

after the onset of the eruption. We found that there was no need to extend the simulations further 191 

given the duration of the forcing and short memory of the atmosphere. The coupled experiments 192 

follow a similar protocol but they were integrated over 15 years to assess the response influenced 193 

by oceanic dynamical adjustment. However, in this study we only focus on the first three winters 194 

following the eruption. We define the first post-volcanic winter as December of the starting year 195 

(year 0) and the following January and February (year 1), the second post-volcanic winter is then 196 

December of year 1 and the following January and February of year 2 etc.  197 

Because the QBO is prescribed, and given its importance for the atmospheric circulation and the 198 

distribution of volcanic aerosols within the stratosphere (Thomas et al., 2009; DallaSanta et al., 199 

2021; Brown et al., 2023), we have been careful to homogeneously sampling the QBO phasing 200 

that is imposed on the 20 ensemble members. For this, we shift the 28-month QBO cycle by one 201 

month for every ensemble member, so that the phasing of the QBO differs from one ensemble 202 

member to the next (Elsbury et al., 2021). This avoids potential biases in the climatic response that 203 

may be induced by any dominating QBO phase.  204 

 205 

2.4. Diagnostics  206 

Model output is analyzed by computing paired anomalies, defined as deviations of each volcanic 207 

simulation from the corresponding control simulation (Zanchettin et al., 2022) (volcanic minus 208 

control). The statistical significance of the ensemble mean of paired anomalies is assessed at the 209 
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95% confidence interval, calculated from all 20 ensemble members, using a two-sided student's t-210 

test in addition to a Kolmogorov-Smirnov test. 211 

To evaluate the effects of planetary waves on the zonally-averaged stratospheric response, we use 212 

the Eliassen Palm (EP) flux  and its divergence (Edmon et al., 1980) in addition to the 3D 213 

generalization of the EP flux, the Plumb flux (Plumb, 1985), for a longitudinal representation in 214 

the lower troposphere and stratosphere. We identify SSW events by using an algorithm following 215 

the procedures described in Charlton and Polvani (2007), where mid-winter sudden warming 216 

events are determined to take place if the 10 hPa zonal-mean zonal wind at 60°N becomes easterly. 217 

Once a warming is identified, no day within 20 days of a central date, defined as the first day in 218 

which the daily mean zonal mean wind at 60N and 10hPa is easterly, can be defined as an SSW. 219 

For the eddy feedback calculations we compute the square of the local correlation across the 220 

ensemble members between DJF zonal mean zonal wind and the divergence of the northward EP 221 

flux (delta phi F phi) averaged over 600-200 hPa (Smith et al. 2022). In addition, we compute the 222 

rate of temperature changes in the 2m temperature (T2m) gradient using spherical harmonics to 223 

yield a T2m gradient in the meridional (dZ/dlat) and zonal (dZ/dlon) directions. 224 

 225 

3 Results 226 

In the following sections we will investigate the cpl experiment to characterize the forced response 227 

and identify the mechanism by utilizing the information provided by the atm-only experiment. We 228 

begin our investigation in the upper atmosphere before making our way towards the surface. 229 

 230 

3.1. Volcanic radiative forcing  231 

The net shortwave (SW) and longwave (LW) downward flux at the top of the atmosphere show an 232 

expected behavior following a stratospheric sulfate injection where we see a decrease in the SW 233 

due to scattering and a decrease in the LW due to absorption around the injection location (Fig. 2c-234 

f). The perturbation of SW fluxes for both cpl and atm-only is influenced by the obvious strong 235 

seasonal evolution in solar insolation, where we see strong anomalies during the first summer north 236 

of 30° N than then becomes more confined to the mid latitudes as winter progresses with a slow 237 

decrease towards the end of the third year (Fig. 2c-d). 238 

LW anomalies also show seasonal evolution with stronger LW flux at mid latitudes compared to 239 

at high latitudes during summer that continues into the winter season and remains significant 240 
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throughout most of these three years. During winter, the LW anomalies are present at high latitudes 241 

where the SW anomalies are absent. The latitudinal bands of radiative flux anomalies correspond 242 

to the maximum values of the aerosol mass between 60 and 70° N, and the aerosol mass being 243 

largely confined north of 45° N (Fig. 2a-b). Overall, the radiative forcing thus remains largely 244 

confined to NH extratropical summers with the exception of a slight significant increase around 245 

30-60° S in the second and third summer (Fig. 2c-d) that is visible at around 14-15 km a.s. (Fig. 246 

2b). This occurs due to spatial features in the Neely et al. (2016) aerosol forcing that we use for 247 

scaling, where a slight aerosol increase occurs at lower latitudes, although this is not detectable 248 

when the aerosol mass is averaged through the atmospheric column with respect to time (Fig. 2a).  249 

 250 

251 
 Figure 2: Left panels: a) Average aerosol column mass time evolution in kg/m2 and b) pressure 252 

vs. latitude slice of the aerosol mass in kg/kg (3-year average). Aerosol mass is the same in cpl and 253 

atm-only. c) and d) show the time evolution of the net SW flux (downward) anomaly at the top of 254 

the atmosphere, and e) and f) the same but for net LW flux anomaly, resulting from the volcanic 255 
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aerosol mass, in c) atm-only and d) cpl where coloured areas indicate 99% significance compared 256 

to the control experiment. 257 

 258 

3.2. Stratospheric response 259 

The strong seasonality in the LW perturbations described above also characterizes stratospheric 260 

temperatures, where a strong increase in the zonally averaged temperature at 50 hPa (T50) is 261 

detected north of 30° N during post-eruption summers in both experiments (Fig. 3a and 3b). This 262 

summer warming is followed by a net cooling of the polar stratosphere in the first winter seen for 263 

both cpl and atm-only. A clear difference in the T50 response in the two experiments is seen in 264 

winter 2, where cpl yields warming over polar latitudes while atm-only yields cooling (Fig. 3a,b), 265 

revealing the intra-seasonal dynamical effects in the cpl experiment beyond the direct radiative 266 

response as we will see later on. The contrasting temperature response is accompanied by an 267 

opposite response in the zonal-mean zonal winds at 10hPa (U10) between 70 and 80° N, indicating 268 

the state of the polar vortex, where a polar vortex weakening is detected in winter 2 for cpl but a 269 

strengthening atm-only (Fig. 3c-d). Figures 3c-d do show a large ensemble spread in the zonal 270 

mean U10 winter response that is evident of a low signal to noise ratio. While the first winter in 271 

cpl and the first two in atm-only show little statistical significance, according to a Kolmogorov-272 

Smirnov test, this significance does increases for winter 2 in the cpl experiment. We also see this 273 

weakening in the zonal mean U50, also showing stronger significance during winter, 274 

(Supplementary Fig. S3) but not as clearly as in the zonal mean U10. However, for consistency we 275 

will mainly be focusing on the U50 response in the following section where this response is clear 276 

over the NH polar cap. The difference between cpl and atm-only will be in the focus in the 277 

following sections.  278 

 279 
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 280 

 281 
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 282 
Figure 3. a,b) Latitude versus time response of T50 anomalies in a) cpl and b) atm-only. Contours 283 

are significant in 95% confidence intervals according to a student's t-test. c,d) Stratospheric polar 284 

vortex response shown as the zonal mean U10 anomalies between 70 and 80° N for c) cpl and d) 285 

atm-only. Black lines show the ensemble mean anomalies and blue shadings show the ensemble 286 

+/- 2 standard deviation anomaly range. Orange markers indicate when the difference between 287 

perturbed and unperturbed experiments becomes significant (p<0.05) according to a Kolmogorov-288 

Smirnov test. 289 

 290 

3.2.1 - First post-eruption winter  291 

In the cpl experiment, the polar vortex strengthening in winter 1 is associated with extensive 292 

anomalies in temperature and zonal wind at 50 hPa (Fig. 4a). The anomalous temperature pattern 293 

consists of cooling at high latitudes and into the midlatitudes over the Atlantic, and warming over 294 

large swaths of the subtropics (to 20° N) and into the midlatitudes over the Pacific, also identified 295 

in the zonal mean T50 (Fig. 3b). Similarly, the zonal wind weakens into the midlatitudes over the 296 

Pacific while it is stronger in mid to high latitudes over the Atlantic. The strong upward EP flux 297 

(black arrows) is an indicator of the direction of propagated waves originating at the surface around 298 

the midlatitudes, where the horizontal and vertical EP flux components can be considered 299 

proportional to both eddy heat and momentum flux (Fig. 4d). A convergence (negative divergence, 300 

dashed red contours) in the wave flux is detected  in the upper troposphere that acts towards 301 

weakening the tropospheric westerlies (Fig. 4d and Supplementary Fig. S2) while the EP flux and 302 

its convergence within the stratosphere does not appear to impact the stratospheric mean flow and 303 

the polar vortex. Therefore, the local heating due to the volcanic aerosols and the associated 304 

increase in the meridional temperature gradient in the stratosphere appear to dominate the eruption 305 

dynamics of the polar vortex via thermal wind response, also depicted by the LW anomalies (Fig. 306 
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2f).  Winter 1 in atm-only shows a similar thermal wind mechanism at play in the stratosphere as 307 

for the cpl experiment (Fig. 5a and 4a, respectively), in this case with the obvious less tropospheric 308 

influences - due to lack of forced surface cooling - as seen in  the limited anomalous upward wave 309 

activity detected by the EP flux diagnostics (Fig. 5c).  310 

   311 

 312 
Figure 4: Winter stratospheric response in the cpl experiment. a-c) U50 (contours) and T50 313 

(shading: red = warming, blue = cooling) response for winters 1-3, respectively. d-f) EP flux 314 

(arrows) and divergence (red contours) response, along with zonal-mean zonal wind response 315 

(black contours and shading: red = strengthening, blue = weakening) and climatology (green 316 

contours) in winters 1-3, respectively. Contours and color-shaded areas indicate 95% significance 317 

according to a student's t-test. Only vectors that are significant at the 95% confidence interval are 318 

shown. 319 

 320 
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 321 
Figure 5: The same as Fig. 4 but for the atm-only experiment. a-b) Zonal wind (contours) and 322 

temperature (shading) response at 50 hPa for winter 1 and winter 2, respectively. c-d) EP flux 323 

(arrows) and divergence (red contours) response along with zonal-mean zonal wind (black 324 

contours) and climatology (green contours, 2m) in winters 1-2, respectively.  Contours and colored 325 

area indicate 95% significance according to a student's t-test.  326 

 327 

3.2.2. Second post-eruption winter  328 

A stark difference in the polar vortex response is detected between cpl and atm-only in winter 2. 329 

While atm-only exhibits a response similar to winter 1 (Fig. 5b), a significant warming over North 330 

America and the North Pacific emerges in cpl along with a weakening of U50 at high latitudes 331 

(Fig. 4b) indicating a shift of the polar vortex towards Eurasia. This warming at high latitudes then 332 

coincides with a slight LW absorption at high latitudes (Fig. 2f). The U50 weakening is not uniform 333 

throughout the longitudes explaining the lack of response detected in the zonal mean U50 334 
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(Supplementary Fig. S3), where one needs to go above 50hPa, to U10, to get a clear response in 335 

the zonal mean zonal wind (Fig. 3c). An anomalously strong upward propagation of planetary 336 

waves persists in the cpl (Fig. 4e), with a stronger upward EP flux now protruding into the 337 

stratosphere above 20hPa in contrast to winter 1. The upward EP flux and its convergence in the 338 

polar stratosphere are evident of their contribution towards the weakening of the U50 and a general 339 

dominance over the effects of thermal forcing by aerosols that have been, at this stage, substantially 340 

reduced (Fig. 1).  341 

Similar wave reflection pattern as identified in the cpl experiment is known to be associated with 342 

SSWs, where we suspect that the decrease in the T50 difference between mid latitudes and the 343 

pole can act as a trigger for a weaker polar vortex in addition to the stratosphere absorbing the 344 

upward propagating waves that is known to cause warming over the polar cap (Kodera et al., 2016; 345 

Kretschmer et al., 2018). We will see further evidence of this in the next section. 346 

 347 

3.2.3. Third post-eruption winter  348 

The results in this section only refer to the cpl experiment since winter 3 is lacking in atm-only. 349 

The SSW-like pattern of winter 2 clearly continues into winter 3, where most of the volcanic 350 

aerosols have decreased to the extent that their radiative impacts no longer dominate, except that 351 

the T50 warming is now confined over the polar stratosphere (Fig. 4c). Anomalous upward 352 

propagation of planetary waves continues to persist (Fig. 4f). This upward wave flux in addition 353 

to the T50 warming resembles a pattern that behaves much like absorbing SSWs defined by Kodera 354 

et al. (2016). To examine this response further we define SSWs based on the reversal of the zonal 355 

mean zonal winds at 60° N and at 10hPa between November and March according to the method 356 

of Charlton and Polvani (2007) . 357 

  358 

Results from the SSW analysis are presented in Fig. 6. No significant increase in SSWs is found 359 

in winter 2, despite the SSW-like pattern detected. This changes in winter 3 when the difference 360 

between perturbed and unperturbed experiment becomes statistically significant, with 27 SSWs 361 

occurring in our forced experiment compared to only 6 in the control experiment (p-value = 2.6e-362 

4). This increase in SSWs agrees well with the U50 and T50 anomalies of winter 3 (Fig. 4c). 363 

During winter 2, the warming of the polar stratosphere is as strong as in winter 3 but more spread 364 

out into midlatitudes. Although the response in winter 2 does not lead to as many SSWs despite 365 
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the weaker zonal winds, it does appear to act as an important precursor to the significant increase 366 

in SSWs detected in winter 3. These results are also in agreement with the stratospheric Plumb 367 

flux in winter 3 (Supplementary Fig. S1c) where the upward flux is mostly circumpolar between 368 

40° and 60° N and evident of SSWs.  369 

 370 

 371 
Figure 6: a-c) The number of SSWs during winters 1-3 for each ensemble member in the cpl 372 

experiment and d) The sum of all SSWs in each experiment for all 20 ensemble members of winters 373 

1-3 both for cpl (light-blue bars) and control (gray bars). The color red indicates 95% significance 374 

according to a two-sided student’s t test. 375 

 376 

When comparing the ensemble sum of SSWs in the perturbed and unperturbed experiment using 377 

a Kolmogorov-Smirnov test (Fig. 5d), a significant increase in the number of SSWs occurs in 378 

winter 3 (p=0.0135). This underlines the generally strong SSW response occurring in winter 3, 379 

when the fraction of ensemble members having more than 1 SSW per winter increases to 50% (10 380 
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ensemble members) in winter 3 compared to only 10% in winters 1-2. Of these 10 ensemble 381 

members, two members show three SSWs per winter that can be considered highly unlikely based 382 

on historical records: Despite winters with more than 1 SSWs are considered unusual, examples 383 

do exist in the observational record of multiple SSWs in one winter, like the winter of 1998/1999 384 

and 2009/2010  (Kodera et al., 2016 and Ineson et al., 2023 respectively). However, when 385 

considering the different number of SSWs between winters in the unperturbed experiment we 386 

cannot rule out the possibility that large ensembles are needed to confirm this link. 387 

 388 

According to the above, the evolution in cpl from winter 1 to winter 3 can be summarized as 389 

follows: In the first winter, the thermal forcing appears to be stronger than the upward wave flux 390 

because of the large amount of aerosols present, thereby dominating the response that causes the 391 

polar vortex strengthening and the inclusion of cold polar air within. In the second winter, the 392 

thermal forcing from the volcanic aerosols at midlatitudes has decreased where it is now mostly 393 

confined to higher latitudes as seen both in the LW flux and T50 (Fig. 2f and Fig. 3b). We suspect 394 

that in addition to the aerosol decrease, this slight decrease in the temperature difference between 395 

high and midlatitudes allows the strong upward wave flux to dominate and enter the upper 396 

stratosphere. There the waves are absorbed that causes further warming over the polar cap in 397 

addition to weakening the zonal stratospheric winds (Fig. 5b and Fig. 4b). This upward wave flux 398 

and weaker winds continue into the third winter, where winter 2 likely acts as a precursor, allowing 399 

for SSWs to develop more frequently as detected in the T50 warming that is now confined over 400 

the polar cap (Fig. 4c and Fig. 5c, respectively). The expected absence of a surface response is 401 

obvious in our atm-only experiment where basic physical mechanism, via the thermal wind balance 402 

due to radiative heating, dominates the atmospheric circulation response in the first two post-403 

eruptive winters, with a strong stratospheric polar vortex isolating the cold air over the polar 404 

regions in the second winter as in the cpl experiment (Fig. 5a-b).  405 

 406 

3.3. Tropospheric response 407 

What is it then that drives this polar vortex weakening and the SSW response in the cpl experiment? 408 

To understand better, we now turn our attention towards the troposphere to evaluate the role of 409 

eddies and surface cooling in the forced cpl response. 410 

 411 
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3.3.1. The role of eddy feedback 412 

As detailed in the introduction, the mechanism behind a stratospheric polar vortex response 413 

following large volcanic eruptions has long been considered to be rooted in anomalous changes 414 

within the stratospheric temperature gradient, whereas in recent years number of studies have been 415 

emerging with evidences depicting tropospheric eddies as the main force in mediating atmospheric 416 

circulation responses towards the stratosphere and vice versa. We want to examine further if eddies 417 

play a role in the cpl polar vortex response and the upward EP flux detected (Fig. 4a-f) as well as 418 

the SSW detected in the 3rd winter, where we follow Smith et al. (2022) to calculate the eddy 419 

feedback as the squared of the correlation between the zonal mean zonal winds (U) and the 420 

divergence of the EP flux averaged over 200-600hPa. This is done for both perturbed (red) and 421 

unperturbed (blue) experiments (Fig.6). 422 

 423 

 424 
Figure 6: The cpl eddy feedback evolution in the lower atmosphere (200-600hPa) in winters 1-3 425 

where the eddy feedback is calculated as the squared correlation of zonal mean zonal winds and 426 

the divergence.  427 

 428 

An increase in perturbed eddy feedback at 45-60° N in winter 1 occurs during the strong thermal 429 

forcing and the polar vortex strengthening and implies eddy mean-flow interactions and increased 430 

eddy generation (Fig. 6a). Interestingly, a similar trend is also detected in atm-only for both winters 431 

(Supplementary Fig. S4) where the aerosol thermal forcing dominates within the stratosphere. This 432 

is especially clear in winter 2 of atm-only where a more robust increase in eddy feedback occurs 433 

at 35-70° N. Since the thermal wind balance is strongest during boreal summer, as seen in the 434 

increase in LW flux at mid-latitudes for both cpl and atm-only, but close to normal during winter 435 

in atm-only, where LW flux is absent at mid-latitudes, it suggests that although thermal forcing 436 

triggers the polar vortex strengthening the eddy feedback maintains it. However, we cannot 437 

exclude the possibility that the DJF polar vortex strengthening mainly depends on the thermal wind 438 
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balance during summer that continues into early winter (e.g. July-November) without eddies 439 

playing a role. DallaSanta et al. (2019) reported on the role of eddy feedback in the polar vortex 440 

strengthening following a Pinatubo-like volcanic eruption. One of their conclusions were that the 441 

thermal-wind balance is too simplified in explaining the simulated stratospheric polar vortex 442 

response where eddies are needed to mediate atmospheric perturbation, both to couple the 443 

stratosphere to the troposphere as well as achieving the forced stratospheric response alone. 444 

Although our eddy feedback results suggest a similar response as in DallaSanta et al. the signal 445 

appears to be quite low compared to the noise as is depicted by the variability between winters in 446 

the unperturbed experiment.  447 

The role of eddies in the polar vortex weakening in winters 2-3 is even less clear, especially 448 

considering the eddy feedback increase of the control run in winter 2 suggesting in general that 449 

more ensemble members are needed to evaluate the role of eddies in the forced response with any 450 

certainty. However, we do see evidence of eddy-mean flow interactions of opposite signs in winter 451 

2, suggesting that reduction of eddy feedback (eddy growth) is occurring due to wave breaking in 452 

the upper stratosphere at high latitudes as is identified in the EP-flux and the weakening the zonal 453 

winds (Fig. 6b and Fig. 4e respectively). Finally, the feedback pattern emerging in the third winter 454 

does not seem to be related to the upward wave activity (Fig. 4f) and thus possibly demonstrating 455 

a top-down mechanism via the extratropics, a pathway that is known to be similar to the response 456 

to SSWs (DallaSanta et al., 2019). In addition to the relatively low signal to noise identified in the 457 

eddy feedback, it is also important to consider that Smith et al. (2022) identified CESM1 WACCM-458 

SC as having one of the weakest eddy feedback of the sixteen models they investigated. 459 

Nonetheless they do underline the need for further studies on this subject. 460 

To examine in more detail the origin of the upward wave fluxes in winters 2 and 3 of the cpl 461 

experiment that causes the detected polar vortex weakening and the SSWs, we look towards the 462 

surface. 463 

 464 

3.3.2. The role of surface cooling 465 

As a response to the decrease in SW flux following the eruption, extensive and heterogeneous 466 

cooling is identified in the T2m anomalies in winters 1-3 over latitude bands that contain the most 467 

significant SW flux decrease (Fig. 2d and Fig. 7). At hemispheric scale we see the strongest cooling 468 

over northeastern North America and along the Asian midlatitudes in winter 1 that protrudes over 469 
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the northwestern North Pacific (Fig. 7a) where it progresses from an initial preferential surface 470 

cooling over the midlatitudes in winter 1 to a later cooling of polar regions in winter 3.  471 

 472 

473 
Figure 7: a-c) Sea level pressure (contours) and temperature (T2m, colored area) anomalies in cpl, 474 

for winter 1-3, respectively. d-f) Vertical component of the Plumb flux response at 850 hPa for 475 

winters 1-3, respectively. Contours and shaded areas indicate significance at the 95% confidence 476 

interval according to a student's t-test. 477 

 478 

 479 
 480 
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 481 
Figure 8: Same as Figure 7 but for winters 1-2 in atm-only.  482 
 483 

This T2m cooling in winter 3 (Fig. 7c) occurs during the significant increase in SSWs also detected 484 

in winter 3 (Fig. 5), an expected cooling pattern during such events. In general the large-scale 485 

circulation is rather consistent in winters 1 and 2, where it is largely constrained by the imposed 486 

SSTs and hence land-sea contrast dynamics. In atm-only, the surface response is hampered over 487 

the ocean by construction, and T2m anomalies are therefore confined to landmasses, yielding an 488 

overall much weaker temperature response compared to cpl (Fig. 8a-b). 489 

 490 

Apart from the magnitude of the cooling, the main difference between the surface temperature 491 

responses in cpl and atm-only is the presence of anomalous warming-cooling dipoles, hence 492 

regions of enhanced temperature contrast like the Aleutian/Alaska region. The vertical component 493 

of the 3D wave activity flux (the Plumb flux) at 850 hPa (Fig. 7d-f) allows us to locate the origins 494 

of the upward cpl EP flux (Fig. 4d-f) as being strongest over the north eastern part of the Pacific 495 
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Ocean (off the west coast of North America) in winter 1, where it continues up into the stratosphere 496 

at 150 hPa (see Supplementary Fig. S1a). In winter 2, the vertical Plumb flux has decreases in the 497 

North Pacific and increases over the North Atlantic and Siberia, pointing to a possible influence of 498 

the change in land-sea temperature contrast (Fig. 7e). In addition to this upward flux, we also detect 499 

downward propagating wave flux over both the Aleutian and Greenland regions at 850 hPa and 500 

over a large area south of 45° N at 150 hPa. This downward Plumb flux is evidence of changes in 501 

the planetary wave structure where wave reflection occurs due to the sudden weakening of the 502 

zonal winds identified in the U10 (Fig. 3a).  503 

An upward wave-activity flux now dominating both at 850 (seen in Fig. 7f) and 150 hPa (Fig. 504 

S1c), where it encircles the polar stratosphere north of 60° N. 505 

Only minor activity is occurring in the Plumb flux of atm-only in winter 1 as expected, where 506 

downward flux dominates the mid-latitudes, with the exception of the upward flux over Greenland 507 

and the Himalayas that is most likely of orographic nature (Fig. 8c-d). 508 

 509 

When the cooling is no longer confined to the NH mid-latitudes in cpl and has reduced towards 510 

the polar regions as in winter 3, also evident in the SST (Supplementary Fig. 5S), the upward 511 

Plumb flux also decreases compared to previous winters (Fig. 7f). This suggests that the mid-512 

latitude spatiotemporal cooling pattern plays a part in the strong wave activity detected. This can 513 

be revealed by computing the T2m gradient (Tgrad) where strong land-sea temperature gradients 514 

are known for their ability to influence atmospheric wave activity (Hoskins and Valdes, 1990; 515 

Brayshaw et al., 2009; He et al., 2014; Wake et al., 2014; Portal et al., 2022). In winter 1 the 516 

meridional gradient shows sharp significant changes encircling 45° N (Fig. 9a), with positive 517 

(negative) gradient anomalies occurring south (north) of 45° N. In winter 2 we still see the gradient 518 

present at 45° N but now located over North America and the North Pacific while winter 3 mostly 519 

reveals regional anomalies in the Barents-Kara, Greenland-Iceland and the North Pacific regions 520 

(Figure 9b-c), occurring over  areas of significant sea ice increase (not shown). The sharp Tgrad 521 

changes throughout the NH at 45° N identified in winter 1 (Fig. 9a), followed by a reduction of 522 

land-sea temperature contrast over eastern Canada and the U.S. in winter 2 (Fig. 7b), a known 523 

cause of planetary wave enhancement (Portal et al., 2022), could provide an explanation for the 524 

strong upward wave flux detected in the second and third post-volcanic winters (Figure 7e-f). Both 525 

the zonal and meridional Tgrad components show an increase in the northern part of Alaska that 526 
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coincides with the region of T2m warming over the Aleutian/Alaska region (Fig. 7a) and the strong 527 

upward Plumb flux (Fig. 7d). This warming, in addition to the strong continental cooling over 528 

North East America and the general decrease in Tgrad spanning from mid to northern part of North 529 

America, might also trigger this strong Plumb flux in the Northern Pacific. At least it is unlikely 530 

that the Tgrad alone could explain such a strong increase in the upward Plumb flux where the 531 

source is likely to be rooted in anomalous spatial temperature patterns. Although not shown, an 532 

increase in sea ice extent in East Siberia extending into the Chukchi Sea, in addition to the 533 

temperature dipole over Alaska and North East America, might further support the role of 534 

anomalous spatial temperature pattern occurring in the vicinity of this strong upward Plumb flux 535 

detected. 536 

Plotting the average Tgrad for various regions against the average number of SSWs for winters 1-537 

3 (Supplementaru Fig. S6), we do see that the strongest Tgrad reduction occurs over the North 538 

East US in the second winter, agreeing with the upward Plumb flux over the same region and 539 

serving as further evidence for its contribution to the upward EP flux in winter 2. This Tgrad 540 

reduction continues into the third winter where we also detected a reduction in the upward Plumb 541 

flux over the same area (Fig. 7f). Looking towards the Barents sea, a clear spatial difference 542 

emerges compared to the North East US, where a clear Tgrad increase occurs in winter 3 related 543 

to the SSWs. In general less changes are detected between winters in the North West NA and the 544 

North Pacific, reflecting the confined cooling over higher latitudes in winter 3 associated with the 545 

SSWs.  546 

 547 
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           548 
Figure 9: a-c) The zonal (degrees north) and meridional (degrees east) T2m gradient anomalies 549 

(perturbed minus unperturbed) for winters 1-3. Colored areas indicate 95% significance according 550 

to a student’s t-test.  551 

 552 

4 Discussions       553 

Our two sets of coupled ocean-atmosphere and atmosphere-only experiments examine the large-554 

scale climate response to an idealized long-lasting NH eruption, where their differences give us 555 

valuable insight into the volcanically forced mechanisms at play within the coupled climate system 556 

in CESM1. We assessed the first three winters of the cpl experiment and used the first two winters 557 

of atm-only as a comparison to investigate the dynamics that govern the stratospheric polar vortex 558 

and the associated surface response.  559 

Results from our cpl experiment show a similar response in the first winter as in the two winters 560 

of atm-only, with a strengthening of the zonal winds resulting from an aerosol-induced sharp 561 

temperature gradient between the mid-latitudes and the pole (Fig. 4a and Fig. 5a). We show that 562 

this zonal wind strengthening is not affected by the strong upward EP flux detected, where the LW 563 

flux (Fig. e-f) supports our conclusions that the polar vortex strengthening is induced by the 564 
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thermal wind balance. A distinct change to this pattern emerges in cpl winter 2 where we detect an 565 

SSW-like pattern, with strong negative anomalies emerging in the polar U50 winds and a warming 566 

in the T50 field (Fig. 4b). We also detect an absorption in the LW flux at high latitudes, that is 567 

absent at midlatitudes, where this T50 warming is evident of the potential role of a decreased 568 

temperature gradient in the polar vortex weakening identified. Furthermore, the upward wave flux 569 

from the troposphere into the stratosphere and the T50 warming indicate absorption of upward 570 

propagating waves into the stratosphere that causes this warming and weakening of U10 winds 571 

over the polar cap. This pattern is known to be related to SSWs (Kretschmer et al., 2018; Kodera 572 

et al., 2016) that we further confirm in winter 3.  573 

Although the above coincides with a positive (negative) eddy feedback in the first (second) winter 574 

that could in theory play a role in sustaining the strengthening (weakening) of the polar vortex, our 575 

eddy feedback results indicate low signal to noise where further studies with additional ensemble 576 

members would be required to confirm their role in the forced response. Similarly as the eddy 577 

feedback, low signal to noise is also evident in the SSW analysis, both of which suggest the need 578 

for more ensemble members in order to get a more robust response. However, the response we do 579 

detect in the U50 and T50 fields is strong compared to the unperturbed run where the eddy 580 

feedback, and especially the SSW, provides an explanation in agreement with the patterns detected 581 

although noisy.  582 

 583 

Bittner et al. (2016b) identified a similar but opposite response, when compared to our cpl response 584 

in winters 2-3 (Fig. 4), following a Tambora-like eruption where a strengthening of the polar vortex 585 

due to less wave breaking at high latitudes was considered to be an indirect effect associated with 586 

a changes in planetary wave propagation. Since the volcanic aerosols in our experiments have 587 

declined extensively in the third winter, making the aerosol thermal forcing a limited factor, we 588 

cannot rule out similar indirect effects where changes in wave propagation leads to an increase in 589 

wave breaking at high latitudes and hence the increase in SSWs.  590 

While not directly comparable to our study but still providing an important analog, Muthers et al. 591 

(2016) identified an average increase in the number of SSWs during a 30-year (constant) decrease 592 

in solar radiation in line with our significant increase in SSWs in winter 3. Our results do support 593 

the findings of Sjolte et al. (2019), where the stratospheric temperature gradient does not appear 594 

to play a major role in the polar vortex weakening we identify but rather the upward wave flux.  595 
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The strong surface cooling detected in Fig. 7 is a well-known caveat in the CMIP5 models 596 

(including CESM1) (Driscoll et al., 2012; Chylek et al., 2020) and is clearly detected in our 597 

coupled simulation. Since our results indicate the dominant role of the volcanically induced 598 

stratospheric thermal wind balance that causes the polar vortex strengthening, the cooling does not 599 

appear to impact the response identified in winter 1 as also revealed by the EP flux in addition to 600 

the eddy feedback although weakly. The same cannot be said about winters 2-3, where our results 601 

indicate that the exaggerated spatiotemporal T2m pattern might explain the strong upward wave 602 

flux and the associated stratospheric response.  603 

As mentioned in the methods, we assume a similar lifetime of volcanic aerosols at 65° N as at 45° 604 

N. When considering the e-folding time in Toohey et al. (2019), a substantial aerosol decrease of 605 

about 43% occurs at 17km (a.b.s.) for an eruption at 60° compared to at 0°. However, since our 606 

experiment assumes a constant stratospheric injection over 5 months with the aim to simulate a 607 

long-lasting HL eruption compared to a single injection at low latitudes, the difference in the e-608 

folding time between low and high-latitudes would be expected to decrease. Using CESM2-609 

WACCM6 with interactive chemistry Zhuo et al., (2023) identified that although an eruption at 610 

64° N did have a shorter aerosol lifetime compared to at 15° N, they lead to stronger volcanic 611 

forcing over the NH extratropics although the resulting climate impacts did not last as long. In 612 

addition, one of their conclusions was that different duration and intensity of both tropical and NH 613 

extratropical eruptions can lead to different results, stressing that our 6 month long sulfate injection 614 

is not directly comparable with volcanic eruptions of shorter duration. Although the aerosol 615 

lifetime in our experiment might be exaggerated into the third year, our results do indicate that the 616 

polar vortex weakening in winter 2 appears to act as a trigger for further weakening that eventually 617 

leads to SSWs in winter 3. In order to confidently confirm such a delayed link, additional 618 

sensitivity simulations are required and thus we leave that for future studies.  619 

 620 

Unlike our simulated eruption using a version of WACCM4 where the chemistry is prescribed, 621 

natural volcanic eruptions can contain various chemical compounds that impact the formation and 622 

the lifetime of sulfate aerosols as well as affecting the atmospheric circulation via e.g. ozone 623 

depletion like halogens are known to do. More advanced versions as well as models that include 624 

interactive chemistry are thus important to reveal in more detail the chemistry-climate interactions 625 

that occur in the natural world (Clyne et al., 2021; Case et al., 2023; Fuglestvedt et al., 2024). Thus 626 
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our idealized experiment can be considered primitive in the sense that it only considers sulfate 627 

aerosols but sufficient when focusing on answering questions on the basic mechanism that such 628 

eruptions can initiate. Another important aspect that we do not focus on in our study is the role of 629 

different initial conditions on the forced climate response, where initial atmospheric and climate 630 

conditions, including e.g. the stability of the polar vortex, control the lifetime and distribution of 631 

the volcanic aerosols as well as the forced dynamic climate response (Weierbach et al., 2023; Zhuo 632 

et al., 2023; Fuglestvedt et al., 2024). An exception is our assessment on how the easterly and 633 

westerly phase of the Quasi-Biennial-Oscillation affect our results where we compared ensemble 634 

members showing easterly phase with the westerly ones to test if the U50 and T50 response 635 

patterns would be different. They were not, both phases showed a weakening of the U50 although 636 

the zonal winds were more confined and consistent over the higher latitudes of the NH during the 637 

easterly phase (not shown). The difference in the number of ensemble members used for these 638 

calculations could of course impact the statistics of this test of ours but not the overall pattern 639 

detected.  640 

CESM2-WACCM6 has obvious improvements when compared to CESM1-WACCM4 (see e.g. 641 

Gettleman et al., 2019, Danabasoglu et al., 2020), among them being an interactive QBO as well 642 

as having a slightly higher frequency of occurring SSWs (Holland et al., 2024). Nonetheless, 643 

CESM1-WACCM4 has comparable transient climate response to CESM2 as well as the ability to 644 

capture the general physical mechanism occurring within the climate system as identified in 645 

various recent studies (Danabasoglu et al., 2020; Zang et al., 2018; Elsbury et al., 2021b; Peings 646 

et al., 2023; Ding et al., 2023; Yu et al., 2024). 647 

 648 

5 Conclusions 649 

Results from our study suggest that two mechanisms are competing in the first three winters: 650 

i) Winter 1: The stratospheric polar vortex strengthening is triggered by stratospheric aerosol 651 

thermal forcing via thermal wind balance. Since this response is not influenced by the strong 652 

upward wave flux identified, this is evident of two mechanisms that are competing simultaneously: 653 

A Top-down and a Bottom-up mechanism, where the Top-down dominates the response. 654 

ii) Winter 2: The upward wave flux, originating in the strong volcanically induced surface cooling, 655 

gets absorbed in the stratosphere that causes a warming over the polar cap in addition to polar 656 
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vortex weakening. This pattern is similar to SSWs although its occurrence is not significant. Here 657 

the Bottom-up mechanism dominates.  658 

iii) Winter 3: The persistence of the upward wave flux continuing into the third winter leads to a 659 

significant increase in SSWs with warming now confined over the polar cap, again demonstrating 660 

the dominating Bottom-up mechanism as in winter 2.  661 

Although we do find similarities in the eddy feedback when compared to the general climate signal 662 

that we identify, such as the decrease in eddy feedback in winter 1 potentially sustaining the polar 663 

vortex strengthening, we underline its weak signal. This also applies to the SSW results although 664 

they are more clearly in support of our results. 665 

At the same time we encourage further studies on this subject, especially concerning the lack of 666 

published comparison studies regarding both high and low latitude volcanic eruptions and SSWs. 667 

Ideally such studies would include the latest model generations in addition to observational 668 

datasets as well as consider the impact of different climate realizations and the eruption magnitude 669 

on the forced response. Furthermore, these results highlight the importance of including high-670 

latitude volcanic forcing simulations of various lengths and/or magnitudes in projects such as 671 

VolMIP, especially considering the current volcanic unrest and increased activity in some of the 672 

major volcanic systems in Iceland. 673 

Currently, work is ongoing to test the sensitivity of the polar vortex and the emerging SSWs to NH 674 

eruptions that are smaller in magnitude as well as the long-term climate impacts.  675 
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