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Abstract. Clouds play a vital role in regulating Earth’s energy balance, and are impacted by anthropogenic aerosol concen-
tration (N, ) and sea surface temperature (SST) alterations. Traditionally, these factors, aerosols and SST, are investigated
independently. This study employs cloud-resolving, radiative-convective-equilibrium (RCE) simulations to explore aerosol-
cloud interactions (ACIs) under varying SSTs. ACIs are found to be SST-dependent even under RCE conditions. Notably,
changes in cloud radiative effects for both the longwave and shortwave radiations lead to a decrease in top-of-atmosphere
(TOA) energy gain with increasing N,. The changes in TOA shortwave flux exhibit greater sensitivity to underlying
SST conditions compared to longwave radiation, due to changes in the cloud fraction. To comprehend these trends,
we perform a linear decomposition, analyzing the responses of different cloud regimes and contributions from changes
in cloud’s opacity and occurrence. This breakdown reveals that ice and shallow clouds predominantly contribute to
the radiative effect, mostly due to changes in cloud’s opacity, due to the Twomey effect. Moreover, with an increase in
N,, we observe an increase in latent heat release at the upper troposphere associated with heightened production of snow and
graupel. We show that this trend, consistently across all SSTs, affects the anvil cloud cover by affecting the static—stability at
the upper troposphere via a similar mechanism to the iris—stability effect, resulting in a decline in TOA longwave energy gain.
In conclusion, under the ongoing climate change, studying the sensitivity of clouds to aerosols and SST should be conducted

concomitantly as mutual effects are expected.

1 Introduction

The response of clouds to anthropogenic perturbations is highly uncertain, posing a significant challenge in predicting future
climate. This uncertainty stems mainly from two aspects: 1) uncertainty regarding the change in top-of-atmosphere (TOA)
radiative flux resulting from the cloud response to warming, referred to as cloud feedback (Ceppi et al., 2017), and 2) uncer-
tainty regarding the response of clouds to anthropogenic aerosols (Bellouin et al., 2020). In the latter case, aerosols, which can
serve as cloud condensation nuclei (CCN) and ice nuclei, could affect the microphysical properties and processes in clouds
(Bellouin et al., 2020). Specifically, clouds forming under higher aerosol concentrations (polluted clouds) usually have initially
smaller and more numerous droplets, with a narrower size distribution compared to clean clouds (Squires, 1958; Squires and

Twomey, 1960). The initial droplet size distribution affects the cloud’s albedo (Twomey, 1974, 1977; Bellouin et al., 2020) and
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can affect key cloud processes such as condensation—evaporation, collision—coalescence and sedimentation (Albrecht, 198
Seinfeld et al., 2016; Dagan et al., 2017; Heikenfeld et al., 2019; Christensen et al., 2022). These effects are known to be
dependent on the environmental conditions (Gryspeerdt and Stier, 2012; Christensen et al., 2016; Dagan and Stier, 2020b)
hence are expected to be state/time-dependent under ongoing climate change (Dagan et al., 2017; Igel and van den Heeve
2021; Dagan, 2022).

Ultimately, the microphysical effects mentioned above could modify the precipitation production (Albrecht, 1989). Speci -
cally, the initiation of warm rain has been shown to be delayed and to start at higher elevations under more polluted conditions
(Rosenfeld, 2000; Freud and Rosenfeld, 2012; Dagan et al., 2015; Heikenfeld et al., 2019). However, in deep convective clouds,
the precipitation production could be compensated — or even over-compensated — for at higher levels of the clouds to which
more water is advected under more polluted conditions (Rosenfeld et al., 2008; Koren et al., 2014; Altaratz et al., 2014). As the
freezing level elevation increases with sea surface temperature (SST), at lower SSTs the warm layer (containing liquid only)
of a deep convective cloud is narrower in comparison to higher SSTs. Thus, an aerosol perturbation is hypothesized to more
likely suppress warm rain completely at lower SSTs than at higher SSTs, where the relatively deep warm layer of the clouds
enables longer diffusional growth of the droplets to the critical size which initiates precipitation (Freud and Rosenfeld, 2012;
Heikenfeld et al., 2019). Warm rain suppression and, as a consequence, enhanced freezing of this water in the cold (containing
ice) sections of the cloud, will result in more latent heat release at the upper parts of the troposphere (Rosenfeld et al., 2008;
Igel and van den Heever, 2021) and thus in changes in the atmospheric stability.

In addition to the effect on precipitation, it has been previously suggested that the aerosol's effect on deep convective clouds
can increase the anvil cloud mass and extent by increasing the upward advection of water (Fan et al., 2010, 2013; Grabowsk
and Morrison, 2016; Chen et al., 2017). This trend could be explained by the convective invigoration hypothesis (Williams
et al., 2002; Koren et al., 2005; Seifert and Beheng, 2006; Rosenfeld et al., 2008; Yuan et al., 2011; Koren et al., 2014).
Under this hypothesis, which remains highly questionable, increasing aerosol concentrations have been suggested to drive
stronger latent heat release and hence stronger vertical velocities. In addition, under high aerosol concentration conditions,
the smaller hydrometeors are transported higher into the atmosphere for a given vertical velocity (Koren et al., 2015; Dagan
et al., 2018, 2020), and their lifetime at the upper troposphere is longer, due to a weaker sedimentation rate (Fan et al., 2013;
Grabowski and Morrison, 2016). However, it is important to note that these proposed aerosol effects are still highly uncertain
(Stevens and Feingold, 2009; Varble, 2018; Romps et al., 2023).

Cloud feedback, or the response of the cloud radiative effect (CRE) to surface warming, was recently shown to depend on
the assumed aerosol concentration (Dagan, 2022). In the tropics, the radiative effect of both shallow (Gettelman and Sherwood
2016) and deep (Ceppi et al., 2017) clouds is expected to further warm the surface. Shallow tropical and sub-tropical clouds
— which have a general radiative cooling effect — are expected to become less prevalent and less radiatively opaque, thus
producing apositive (but still highly uncertain) feedback (Gettelman and Sherwood, 2016; Nuijens and Siebesma, 2019).

At the same time, deep tropical clouds are also expected to react to surface warming in a way that modi es their CRE (Ceppi
etal., 2017). Speci cally, it has been suggested that the tropical anvil cloud temperature and coverage react to surface warming

(Hartmann and Larson, 2002; Zelinka and Hartmann, 2010; Bony et al., 2016; Ceppi et al., 2017). Tropical anvil clouds
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strongly modulate théongwaveemissions of Earth as these clouds are much colder than the surface (by about 70-90K) and
are generally opaque in thengwave thus emitting a signi cantly lower amount of energy to space than otherwise would be
emitted without them. In addition, anvil clouds could also strongly modulatslibetwave radiation budget, depending on

their optical thickness (Hartmann and Berry, 2017; Li et al., 2019; Sokol, 2024). Hence, any anthropogenic-driven changes
to the anvil cloud properties, such as amount and temperature, could signi cantly affect Earth's energy budget (Zelinka and
Hartmann, 2010; Ceppi et al., 2017).

A central feature of the anvil cloud response to SST changes is the xed anvil temperature (FAT) hypothesis (Hartmann
and Larson, 2002), which states that the temperature of anvil clouds is anticipated to remain roughly xed with warming.
According to the FAT hypothesis, anvil top heights are determined by clear-sky radiative cooling, which in turn is primarily
determined by water vapor concentration. The water vapor concentration, following the Clausius-Clapeyron relation, sharply
drops to negligible values near the temperatures of the upper-troposphere, making the radiative cooling inef cient above this
level and still ef cient below this level. In a clear-sky free troposphere, radiative cooling is balanced by adiabatic warming due
to subsiding motions, thus the energy budget can be formulated as follows:

Q= S! 1)

whereQ; is the radiative cooling rate, is the clear sky vertical pressure velocity, &t the static-stability de ned as:
T@

S= ——— 2

&P ©)

whereT is the air temperature, is the potential temperature aRds the pressure.

The subsidence motion below the sharp drop in radiative cooling and the lack of subsidence above this level generates vertica
divergence in the clear sky, which, due to conservation of mass, is balanced by horizontal divergence from the convective
regions. This convective divergence controls anvil clouds (Hartmann and Larson, 2002; Zelinka and Hartmann, 2011, 2010;
Bony et al., 2016) (Below, in Fig. 7, vertical pro les &, Q;,! and its vertical divergence are presented).

While observations, global climate models and high-resolution, convective-permitting models predict an increase
in altitude of anvil clouds while maintaining nearly xed temperatures, they also anticipate a decrease in anvil cloud
coveragewith rising surfacetemperatures(Lindzen et al., 2001; Zelinka and Hartmann, 2011; Mauritsen and Stevens, 2015;
Bony et al., 2016; Williams and Pierrehumbert, 2017; Wing et al., 2020; Saint-Lu et al., 2020; Beydoun et al., 2021). The
mechanisms behind this decrease in anvil cloud coverage rely on the same physics as do the mechanisms of the FAT hypothesi
Namely, it has been suggested that as the climate warms, the clouds rise, but nd themselves in a more stable atmosphere (whils
remaining at nearly the same temperature). This enhanced stability under warmer conditions reduces the convective out ow in
the upper troposphere and hence decreases the anvil cloud fraction (Bony et al., 2016; Beydoun et al., 2021). Speci cally, it
was shown that the maximum of the radiative-driven mass divergence in convective ré&yipndg ned as:

_ @
= ap ®)

can accurately predict the anvil cloud fraction, and decreases with the increase in stability occurring with an increase in SST

Dy

(Bony et al., 2016; Beydoun et al., 2021). In addition to the radiative-driven divergence, slow evaporation (Seeley et al., 2019)
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and sedimentation (Beydoun et al., 2021) of the ice crystals at the upper troposphere contribute to anvil cloud formation.
However, changes in the lifetime of anvil clouds — determined by changes in sedimentation and evaporation — were shown
to play a secondary role in the response of anvil clouds to warming (Beydoun et al., 2021).

In this study, we focus on the synergistic SST and aerosol effects on tropical convective clouds, and speci cally on the
CRE, under equilibrium conditions using idealized cloud-resolving, radiative-convective-equilibrium (RCE) simulgtiisns.
is done following previous studies that uses RCE to examine different aspects of ACI (van den Heever et al., 2011; Storer
and van den Heever, 2013; Beydoun and Hoose, 2019; Dagan, 2022).

2 Methods
2.1 Model description

The model used in this study is the System for Atmospheric Modeling (Khairoutdinov and Randall, 2003, SAM) version 6.11.7.
The microphysics scheme used is the two-moment bulk microphysics of Morrison et al. (2005). The aerosols available for
activation are represented by a power law function of the super-satur@®nGCN =N, SSK, whereN, is the concentration

of CCN available at 1% super-saturation d&nig a constant, here equal to 0.4, representing typical maritime conditions. CCN
activation at the cloud base is parameterized using the vertical velocity and CCN spectrum parameters (Twomey, 1959). In
this case, we use differeit, concentrations for representing changes in aerosol concentrdéoe, ice nucleation is not

directly coupled to N, (i.e., changes ifN, do not change the concentration of ice nucleating particles- INP), but rather
depends on the temperature and the supersaturation with respect to ice (Rasmussen et al., 2002). We note that, in
realistic conditions, changes inN, might cause changes in INP, an effect that should be addressed in future research.

In our simulations, heterogeneous nucleation dominates for temperatures higher than approximately 238 K, while ice
formation is dominated by homogeneous freezing for temperatures lower than approximately 233 K (Rasmussen et al.,
2002). Ice nucleation directly from vapor is not considered hereDirect interactions between aerosols and radiatiorake

not considered here, however, aerosols could affect the radiation via modifying the clouds' properties. In order to represent
the Twomey effect (Twomey, 1977), the model is con gured to pass cloud water and ice-crystal effective radii from the

microphysics scheme to the radiation scheme.
2.2 Experimental design

The simulations used here generally follow the Radiative-Convective-Equilibrium Model Intercomparison Project (Wing et al.,
2018, RCEMIP) small domain protocol but with changes in aerosol concentration. The simulations are run in a small domain,
of 96 96 kn?, in order to avoid the effects of convective self-aggregation (Muller and Held, 2012; Lutsko and Cronin, 2018).
The simulations are conducted with a horizontal grid spacing of 1 km, 68 vertical levels between 25 m and 31 km, and a
vertical grid spacing increasing from 50 m at the surface to around 1 km at the domain top. To get solar insolation close to the
tropical-mean value, the solar radiation is xed at 551.58 W2pwith a zenith angle of 42.05°(Wing et al., 2018)diurnal
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cycle is not considered here, and we note that it might affect the convective development to some extent even over the
ocean (Nesbhitt and Zipser, 2003; Gasparini et al., 2022)n order to initialize convection, a small thermal noise is added
near the surface at the beginning of each simulation.

The concentration of CQis xed at the pre-industrial level (280 ppm), while there are 25 diffeiégtand SSTs combina-
tions, 5 different values for eacN.; ranges from 20 to 2000 cnd (20, 100, 200, 1000, and 20@én 3), following a recent
observational data set (Choudhury and Tesche, 2023), which showed the feasibility of tHig, range. The SST ranges
from 290 to 310 K in 5 K intervals. This wide range of aerosol and SST conditions are used to maximize the effects and for
establishing a better physical understandifg<ed ozone pro le, representing a typical tropical atmosphere, is used here
(Wing et al., 2018). We note that using a xed ozone pro le under different SSTs is not entirely realistic and may have
some effect on the clouds development (Harrop and Hartmann, 2012; Seidel and Yang, 2022pr simplicity, the effect
of other trace gases (such as £&hd N, O) is neglected. The temporal resolution of the simulations is 10 seconds, and of the
interactive radiative scheme is 5 minutes (using the CAM radiation scheme (Collins et al., 2006)). All elds have an output
resolution of 1 hour; 3-D elds are saved as snapshots, while domain statistics are saved as hourly averages. Each simulatior
was run for 150 days (Wing et al., 2018), and the last 30 days of each simulation were used for statistical analysis.

3 Results and discussion
3.1 Response of the domain mean properties to aerosol perturbation under different SSTs

We start by examining the effect of changesNip on the TOA energy gain under different SSTsK; Fig. 1a). This gure
illustrates that for all SSTs, an increaseNR decreases R, an effect which becomes stronger with a decrease in the SST.
Both thelongwave (LW) and shortwave (SW) components of R are negatively affected by, (each declining up to 4-5

W m 2 for the entireN, range considered here, depending on the SST; Fig. 1b and c), &Y being more susceptible

to SST changes (Fig. 1c), andR"W decreases in a roughly similar manner across all SSTs (Fig. 1b). Moreover, the CRE
(calculated as all sky radiative ux minus clear sky radiative ux) is identi ed as the main driver Bf variations, while
changes in clear sky radiation has a minimal impact, as indicated by Fig.Thikfis true in our simulations as changes in

Na do not directly affect radiation by aerosol-radiation interactions.

In order to understand the radiative effect of an increase inN; under the different SSTs, we rst examine the domain-
and time-mean cloud liquid water path, ice water path and cloud fraction L, | and CF respectively; Fig. 2). This Figure
illustrates a monotonic increase inL with N, which is generally stronger under lower SSTs, and a monotonic decrease
in both | and CF, consistently across SSTs.

Next, we examine vertical pro les of the different hydrometeors (Fig. 3). We note that with an increase in SST, the
freezing level increasesSince an increase iN, acts to push warm rain formation to higher levels (Rosenfeld, 2000; Freud
and Rosenfeld, 2012; Heikenfeld et al., 2019), under lower SSTs, for whidted®ng levelis relatively shallow (about 1250
m above cloud basén the coldest case considered here), an increalSg icaninhibit warm rain (Fig. 3g). In contrast, under
higher SSTs, for which thireezing levelis relatively deep (about 6000 above cloud basen the warmest case considered



Figure 1. Changes in the domain and time mean radiative uxes at the top of the atmosphere due to changes in aerosol conclnfyations (
(a) presents the total change in radiation, whid¢ 4nd €) present changes iongwave(LW) and shortwave (SW) radiation, respectively.
(d-f) present the changes in the total cloud radiative effect (CRE) and its LW and SW components, respectively. The values are presented

relative to the cleanest ruiNg = 20 cm 3) for each SST, as indicated by thesign.

Figure 2. The response of domain and time mean liquid water patla), ice water pathl(; b) and cloud fraction (CFg) to an increase in

Na. The values are presented relative to the cleanestNur=(20 cm ) for each SST, as indicated by thesign.

here), an increase M, drives warm rairinhibition at the lower levels, which is compensated for at higher levels of the warm
155 section (Fig. 3g)That is to say that under low SSTsthe delay in warm rain is ndieing offset at higher levels within the
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warmsection, while under high SSTs we do see such an offset. This explains the strongee in water content within the
warm section(L) with an increasén N, (Albrecht, 1989)under low SST conditions compared to high SST condit{iig.
2a).

Beside resulting in an increase irL, the warm rain inhibition under higher N, results in more super-cooled water
(Carri6 et al., 2011; Chen et al., 2017, Fig. 3f), leading to higher production of snow (Chen et al., 2017, Fig. 3j), and
drives higher riming rates, thus producing more graupel (Chen et al., 2017, Fig. 3i). We will get back to this observed
trend for the explanation of the results presented in Fig. 10 below. In addition, cloud ice declines witN 5, consistently
across SSTs (Fig. 3h). This trend is consistent with the decline Inand CF (2b and c, respectively) and will be discussed
further below (Fig. 6d).

3.2 Response by cloud regimes

Figs. 1, 2 and 3 examine the bulk cloud and radiative properties in the domain. However, as previously demonstrated,
the impact of aerosols on clouds is cloud regime dependent (Gryspeerdt and Stier, 2012; Christensen et al., 2016; Dagan
and Stier, 2020b). Therefore, itis crucial to analyze the distribution of cloud regimes in our simulations and discern how
each speci ¢ cloud regime responds to the increase iN,. In this paper we de ne the cloud regimes based on different
bins of L and | . For that purpose, Fig. 4 presents 2D histograms of the cloud fraction (CF), or cloud occurrence, at the
different bins of L and | and the average total, shortwave and longwave CRE at these different bins, all for the coldest
case considered here (SST = 290 K) as an example. This gure illustrates that the CF in these RCE simulations is mostly
dominated by anvil clouds (e.g. Wing et al. (2020)), i.e., clouds with negligible and high (thick anvil clouds; denoted
by marker 1 in Fig. 4a) or low (thin anvil clouds; denoted by marker 2 in Fig. 4a)l . We note that the average CRE of
thin anvil cloud is small but not positive as in previous assessments (Sokol, 2024), probably due to the use of a relatively
coarse resolution ofL and | bins. However, Fig. 4a also illustrates the existence of two other types of clouds in these
RCE simulations - shallow clouds (highL and low | ; denoted by marker 3 in Fig. 4a) and deep convective cores (high
L and high| ; denoted by marker 4 in Fig. 4a). In addition, Fig. 4 i-l illustrates the difference between simulations with
the highest (2000 cm?) and the lowest (20 cm ®) N, conditions. Speci cally, Fig. 4i illustrates that an increase inN
drives thinning of the anvil clouds, i.e., an increase in the frequency of thin anvil clouds and a decrease in the frequency
of thick anvil clouds. Furthermore, Fig. 4 j-l illustrate that with an increase in N, the CRE decreases for alL and |
bins (and especially for medium-highL and low | ; Fig. 4j), driven mostly by changes in the SW (Fig. 4k), with only
minor changes in the LW (Fig. 4l). This SW difference withN, can be explained by the Twomey effect (Twomey, 1974).
Following the method outlined in Sokol (2024), we calculate the total ice cloud fractionqFic ) as the integral over
thick ice plus thin ice regimes as de ned in Table S1, Sl. Fig. 5a illustrates a (mostly) monotonic decrease across SSTs in
CFice with increasing N, consistent with the domain mean CF reduction (Fig. 2c). We note that not just the integrated
CFice decreases withN,, but the entire distribution of | is shifted to lower values (i.e., thinning of the anvil clouds; Figs.
4i, 2b and 3h). A decrease irCFic. leads to more outgoing LW radiation out of the atmosphere and reduces R*W

as can be seen in Fig. 1b. In addition, Fig. 5b presents the relative change in the shallow cloud fractioB Kspajiow ;



190

195

Figure 3. Domain and time mean vertical pro les of the different hydrometeors for the cleanesiNurss20 cm 3): (a) cloud liquid water,
(b) rain, () ice, () graupel, andd) snow, and their response to increashiig to 2000 cm 3, relative to the cleanest run for each S$F(
j). Here we only present thedeanestand the response of the most polluted runs for clarity. The full rand&,a presented ifrigs. S1-S5,
Sl.

calculated as the integral over the shallow regime as de ned in Table S1, Sl). We note that this de nition of shallow
clouds might also include two-layer cloud conditions with cirrus clouds with relatively lowl above shallow clouds.
Figure 5b illustrates a rise in CFgpaqiow With N4 for low SST, while for high SST it illustrates a decrease inCFspajiow

with N, (the change in the shallow cloud fraction is not observed in Fig. 4i due to the dominance of ice clouds, which
in ates the color-bar range). We note that although the relative changes itC Fice and CFspaiow  has similar magnitudes,
the baseline (i.e., referring to the simulated value, and not the difference between the most polluted and cleanest runs)
CFice is two orders of magnitude larger thanCFghaiow  (Fig. S6, Sl).



Figure 4. Domain and time mean two-dimensional histograms of cloud fraction (CF; a and e), at different bins of liquid water path
(L) and ice water path ( ) and the average total (b and f), shortwave (c and g) and longwave (d and h) cloud radiative effect (CRE)
at these different bins. These quantities are presented for two simulations using the lowest{ = 20 cm 3; a-d), and the highest Na

=2000 cm 3; e-h) Na, under SST = 290 K. In addition, the difference between the highest and lowebt, conditions is presented in

panels i-l.

Fig. 4 illustrates that the response of the CRE to an increase iN, is driven both by changes in CF (Fig. 4i) and by
changes in CRE for a given bin ofL and | (Fig. 4j). Next, we aim to quantitatively separate these two effects. Thus, we
write the total CRE as the integral over the different bins ofL and | of the CF times the CRE in each bin:

22
CRE = CRE (L;1)CF (L:1)dLdl (4)



Figure 5. The relative response of domain and time mean ice cloud fractiorQFice ; @) and shallow cloud fraction (CFshaiow ; b) to
an increase inN,. The values are shown as a difference, relative to the cleanest run (as denoted by thesign), for each SST. The

baselineCFice and CFshalow are presented in Fig. S6, Sl.

200 In the simulations presented here CRE u R (Fig. 1). Thus, following a somewhat similar method to that presented
in Bony (2004) and Sokol (2024), we decompose the meaiR into three contributions: a) changesin R due to changes
in the cloud's opacity per L and | bin (the opacity term or the Twomey term), (b) a shift in the occurrence or CF in
eachL and| bin (the shiftterm or the L/I term), and (c) the combined effect of changes in the cloud's opacity and shift
(the nonlinear term). Mathematically, this decomposition can be written as:

CREu R
A2
= CRE(L;I)CF(L;l)dLdl
P2 {z }
Opacity
A2
+ CRE(L;l) CF(L;l)dLdl
P2 {z }
Shift
A A
205 + CRE(L;l) CF(L;l)dLdl (5)
P2 {z }

nonlinear
The opacity term represents changes in the CRE while the CF and/I distribution are held xed, i.e., multiplying
Fig. 4a with Fig. 4j, while the shift term represents changes in the CF while the CRE pek and | binis held xed, i.e.,
multiplying Fig. 4b with Fig. 4i. Lastly, the nonlinear term is acquired, for example, by multiplying Fig. 4i with Fig. 4j.

10
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Figure 6. The response of time mean R, and R"W toanincrease inN, for the domain mean (a-c), and per cloud regime

(d-f). The values shown are decomposed to the three terms shown in eq. 5 (Opacity, Shift and Nonlin), and the increaséNin is

represented by the difference between the most polluted rurNa = 2000 cm 2) and the cleanest run Na = 20 cm ®), for each SST.

Fig. 6a-c illustrates the decomposition presented in eq. 5 for the domain mean (i.e., integrating over &lland | bins,
excluding the no clouds regime as de ned in Table S1, Sl) for all the different SSTs. Fig. 6a-c also present the simulated
response as presented in Fig. 1 (referred to as "Model") and the sum over the three terms presented in eq. 5 (referred
to as "Total"). These panels illustrate that the opacity term is the main driver for the decline in R with N, (Fig.
6a), occurring mostly through the SW (Fig. 6b). In addition, this gure illustrates that the opacity term is the main
driver for the SST-sensitivity, demonstrating a generally weaker response as the SST increases, consistent with Fig. 1.
The shift term, on the other hand, demonstrates similar magnitudes but opposite sign in the SW and LW (Figs. 6b and
c, respectively), with a weak SST-dependence, thus making this term negligible in the total (Fig. 6a). The nonlinear
term shows close to zero contributions to R and its SW and LW components, thus justifying focusing on the linear
decomposition in eq. 5. We note that the decomposition results in a similar magnitude and SST-trend as the model
(comparing Total to Model in Fig. 6a-c), thus justifying its use. However, we also note a slight over-estimation ofR
using the decomposition at the lower SSTs (Fig. 6a).

In addition to the domain mean, R is decomposed per cloud regime by integrating over the relevant part of the
and | phase-space (Fig. 6d-f and Table S1, Sl). These panels illustrate that deep convective cores have negligible contri-
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butionsto R, RSW and RYW , mostly due to their small coverage (Fig. 4a). Therefore, most of the contribution to

R comes from anvil and shallow clouds changes.

The thick and thin ice clouds' response drives a negative net total R, which is stronger under lower SSTs (Fig.
6d). This trend is dominated by the opacity term, which is driven almost entirely by the SW part of the spectrum
(Fig. 6e). This term represents an increase in the re ectivity of the ice clouds for a giveh and | distribution, and can
be explained by a similar mechanism to the Twomey effect but for ice particles. This term becomes stronger (more
negative) with a reduction in SST due to an increase in the baseline CF of these clouds (Fig. S6, Sl). The shift term in
thick ice clouds is strongly positive in the SW (Fig. 6e) and negative in the LW (Fig. 6f) due to the thinning of the ice
clouds and the general reduction of the occurrence of these thick clouds (4i). However, the net effect of the shift term is
low, for both thick and thin ice clouds, due to cancellation between the SW and the LW (Fig. 6d).

Similarly to the ice clouds' response, the shallow clouds' response also drives a negative net totaR, which becomes
stronger under lower SSTs (Fig. 6d). As expected, changes in shallow clouds have a small impact in the LW (Fig. 6f),
but a signi cant effect in the SW (Fig. 6e). As in ice clouds, the negative net total R in the shallow clouds case is
driven mostly by the opacity term, which in this case can be explained by the classical Twomey effect. Here again, the
opacity term demonstrates a sensitivity to the underlying SST, and becomes stronger for lower SST due to an increase
in the baseline CF (Fig. S6, SlI). However, we note that the opacity term's SST-sensitivity cannot solely explain the
SST-sensitivity in the total effect of shallow clouds (Fig. 6d). The shallow clouds' shift term also contributes to the total
SST-sensitivity. This term, while having a relatively small magnitude, is negative under low SSTs and positive under
high SSTs, consistent with the relative change i€ Fspaiow , Which is positive under low SSTs and negative under high
SSTs (Fig. 5b). The contrasting response & Fshai0w  t0 N4 under the different SSTs can be explained by warm rain
inhibition at varying depths of warm layers. As was noted above, with an increase in SST, the freezing level increases,
while an increase inN, acts to push warm rain formation to higher levels (Rosenfeld, 2000; Freud and Rosenfeld, 2012;
Heikenfeld et al., 2019). Thus, under lower SSTs, for which the freezing level is relatively shallow, an increaseNp can
inhibit warm rain (see Fig. 3g) and hence lead to an increase i@ Fshaiow - In contrast, under higher SSTs, for which the
freezing level is relatively deep, an increase il , drives warm rain inhibition at the lower levels, which is compensated
for at higher levels of the warm section (Fig. 3g), thus eliminating the positive effect 08 Fgnaliow -

The combined response of ice and shallow clouds to an increaselity, as explained in this section, can explain the
reduction in  R"W with N, the reduction in RSW with N, and its SST-sensitivity, and hence the reduction in R
with N, and its SST-sensitivity (Fig. 1).

3.3 Mechanism behind theCF .. response toN ,

As was noted above, a decrease @Fice with N, (Fig. 5a) leads to more outgoing LW radiation out of the atmosphere
(Fig. 1b). In order to understand the reduction in CFjce and the ice cloud thinning with N5, next we examine the
sensitivity of the maximum (in the vertical dimension — see Fig. 7d) of the radiative-driven mass divergence (Bony et al., 2016,
D) to N4 under the different SSTs (Fig. &)ig. 8a illustrates that th€ Fic. is strongly correlated witD, (Pearson correlation
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